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Prologue

(I think these citations show how winding and many-faceted science and scientific work
is in practice.... and it describes me and my work best!)

Our whole universe was in a hot dense state,

Then nearly fourteen billion years ago expansion started. Wait...
The Earth began to cool,

The autotrophs began to drool,

Neanderthals developed tools,

We built a wall (we built the pyramids),

Math, science, history, unraveling the mysteries,

That all started with the big bang!

"Since the dawn of man" is really not that long,

As every galaxy was formed in less time than it takes to sing this song,
A fraction of a second and the elements were made.

The bipeds stood up straight,

The dinosaurs all met their fate,

They tried to leap but they were late

And they all died (they froze their asses off),

The oceans and Pangea,

See ya, wouldn't wanna be ya,

Set in motion by the same big bang!

It all started with the big BANG!

It's expanding ever outward but one day,

It will cause the stars to go the other way,

Collapsing ever inward, we won't be here, it won’t be hurt,

Our best and brightest figure that it'll make an even bigger bang!

Australopithecus would really have been sick of us,

Debating out while here they're catching deer (we're catching viruses),
Religion or astronomy, Encarta, Deuteronomy,

It all started with the big bang!

Music and mythology, Einstein and astrology,
It all started with the big bang!
It all started with the big BANG!

(The Big Bang Theory; 2007 until now)

“Gold is for the mistress, Silver for the maid,
Copper for the craftsman, cunning at his trade,
"Good’ said the Baron, sitting in his hall,
But iron, cold iron, is the master of them all

(Rudyard Kipling; 1835-1936)
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Summary

Hydrous phyllosilicates are the most abundant mineral phases found in the various environ-
ments of the Earth's surface. The spatiotemporal distribution and abundance of (Fell+III)-
bearing clay minerals in modern marine sediments and ancient sedimentary rocks is closely
coupled with the evolution of life forms, climate, and the (biogeo)chemical composition of the
past and present global ocean. Most ferruginous clay minerals that form in marine and early
diagenetic environments at low-temperatures are only poorly reactive and less bioavailable
compared to (nano)particulate Fe-(oxy)hydroxides. Thus, clay minerals are currently believed
to play a minor role in the biogeochemical cycle of iron. Moreover, present biogeochemically-
coupled ocean circulation models that attempt to quantify mass balance relationships in the
marine iron cycle ignore the contribution of ferruginous clay mineral reactions on regulating
the benthic Fe fluxes, in particular in the “critical zones” — namely mid-oceanic ridge sites,
shallow-shelf sediments, and deep-sea settings. In such settings, the ultimate Fe sequestration
associated with the neo-formation of ferrous saponite (~1000 pmol Fe-cm™kyr™), nontronite,
and glauconite minerals (~80 pmol Fe-cm™-kyr™), so-called green-clay authigenesis, can by
far exceed the global burial rate of Fe related to pyrite (~30 pmol Fe-cm’2~kyr'l).

In this doctoral thesis, the ambient (paleo)environmental controls and the underlying reaction
mechanisms linked to green-clay authigenesis at the sediment-seawater interface in the critical
zones are discussed with recognition of their importance in the past and present marine iron
cycle. On the basis of results from combined hydrothermal synthesis experiments and field
observations it is shown that green-clay authigenesis can sequester quantitatively important
amounts of dissolved Fe’" from the pore water inventory of marine sediments that would
otherwise be applicable to be supplied back to the overlying oceanic waters. Ultimate Fe
uptake during ferruginous clay mineral reactions is therefore suggested to significantly limit
the benthic fluxes of dissolved Fe*" in suboxic sediments and subsequently control a variety
of biogeochemical processes on the ocean floor as well as in the deep biosphere.

I suggest that the early diagenetic precipitation of (Fell+III)-bearing clay minerals is a key
process that strongly contributes to the biogeochemical, mineralogical, and petrological cha-
racteristics of modern and ancient (marine) sediments. The role of ferruginous clay minerals
should be considered as a central parameter controlling the global Fe fluxes in the (sedimen-

tary) low-temperature biogeochemical cycle of iron.




Zusammenfassung

Hydrierte Phyllosilikate sind die am Héufigsten vorkommenden Mineralphasen in erdober-
flichennahen Bildungsbereichen. Die rdumliche und zeitliche Verteilung und die Héufigkeit
von (Fell+III)-haltigen Tonmineralen in rezenten marinen Sedimenten, sowie in Sedimentge-
steinen, sind unmittelbar an die Entwicklung von Lebensformen, dem Klima und an die (bio-
geo)chemische Zusammensetzung der vergangenen und modernen Weltozeane gekoppelt. Die
meisten Fe-schiissigen Tonminerale bilden sich in marinen und friihdiagenetischen Umfeldern
im Niedrigtemperaturbereich; Tone sind aber im Allgemeinen weniger reaktiv and bioverfiig-
bar als (nano)partikulidre Fe-(oxy)hydroxide. Gegenwirtig wird die Rolle der Tonminerale im
biogeochemischen Stoffkreislauf von Fe als eher gering angesehen. Als Folge dessen wird der
Beitrag von Tonmineralreaktionen am marin-sedimentdren Fe-Kreislauf in aktuellen biogeo-
chemisch-gekoppelten Ozeanzirkulationsmodellen nicht beriicksichtigt, welcher jedoch in den
»Kritischen Zonen* wie beispielsweise an Mittelozeanischen Riicken, in Schelfsedimenten
und in der Tiefsee bedeutsam sein kann. In diesen Systemen kann die Deponierung von Fe
durch Tonmineralneubildungen von Saponit (~1000 pmol Fe-cm™-kyr"), Nontronit und Glau-
konit-Mineralen (~80 pmol Fe-cm™kyr™), besser bekannt als ,,Griine Tone*, die globale Fe-
Sequestrierungsrate von Pyrit (~30 pmol Fe-cm™-kyr ") bei weiten iiberschreiten.

In dieser Doktorarbeit werden die umweltbedingten Kontrollfaktoren und die zu Grunde lie-
genden Reaktionsmechanismen diskutiert, welche die Genese von Griinen Tonen in den kriti-
schen Zonen an der Meerwasser-Sediment Grenzschicht, sowie deren Bedeutung fiir den ver-
gangenen und rezenten marinen Fe-Kreislauf, umfassen. Auf der Grundlage der Ergebnisse
von hydrothermalen Syntheseexperimenten und Feldbeobachtungen wird gezeigt, dass neuge-
bildete griine Tone einen quantitativ bedeutsamen Anteil von gelostem Fe®™ aus dem Poren-
wasserreservoir von marinen Sedimenten sequestrieren konnen, welcher ansonsten zuriick in
das iiberlagernde Meerwasser gespeist werden wiirde. Die ultimative Deponierung von Fe in-
folge von Tonmineralreaktionen ist ein wichtiger, limitierender Faktor fiir den Stofftransport
von geldstem Fe* in suboxischen Sedimenten und beeinflusst deshalb mafBigeblich eine Reihe
von biogeochemischen Prozessen auf dem Meeresboden und in der Tiefen Biosphére.

Die frithdiagenetische Prazipitation von (Fell+III)-haltigen Tonmineralen besitzt eine Schliis-
selfunktion in der Regulierung der biogeochemischen, mineralogischen und petrologischen
Charakteristika von rezenten (marinen) Sedimenten und Sedimentgesteinen. Die Rolle von
Fe-schiissigen Tonmineralen als entscheidender Kontrollfaktor im globalen (sedimentéren)
Umsatz von Fe sollte deshalb bei der Bewertung des biogeochemischen Stoffkreislaufs von

Fe im Niedrigtemperaturbereich besser beriicksichtigt werden.
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Preface

This doctoral thesis is divided into five main chapters. Here, a summary of the content of the
individual chapters is provided, and the most important conclusions from chapters 1 to 7 are
presented and briefly discussed in relation to their significance in the low-temperature biogeo-
chemical cycle of iron. Special emphasis lies, in each of the chapters, on the currently under-
estimated role of ultimate iron sequestration by authigenic clay minerals that form close to the
sediment-seawater interface during the early stages of diagenesis. On the basis of experiment-
tal work and field observations it is shown that the (neo)formation of ferruginous clays can
strongly influence the Fe fluxes in marine, low-temperature settings, covering mid-oceanic
ridge sites, deep-water environments, and shallow-shelf regions. All chapters are presented in

a way that they can be read separately or are in part subject of published manuscripts.

Chapter 1 provides an overview of the key processes that operate in the past and present
biogeochemical iron cycle. The physicochemical conditions and controls on Fe reactivity are
highlighted, its transport in aqueous media and multiple mineral sources and sinks for Fe are
introduced, and the background provided to understand the biogeochemistry and mineralogy

of mineral phases bearing Fe(I[+I1I), i.e. Fe-(oxy)hydroxides and Fe-silicates.

Chapter 2 has been published in Clay Minerals by Baldermann and co-workers (2014; DOI:
10.1180/claymin.2014.049.3.04) and reports the links between the chemical composition of a
synthetic reactive fluid and the mineralogy, composition, structure and stability of precipitated
ferruginous clay minerals. A set of hydrothermal experiments was performed at 60°C, 120°C
and 180°C and alkaline pH, using reducing experimental solutions with an initial molar
Si:Fe:Mg ratio of 4:0:2, 4:1:1, 4:1.5:0.5, 4:1.75:0.25, and 4:1.82:0.18, and reaction times from
three to seven days. These conditions were used to simulate weathering of basalt at mid-ocea-
nic ridge sites and to trace the subsequent formation of expandable 2:1 clay minerals bearing
Fe(II+III), such as saponite and nontronite. Trioctahedral ferrous saponite and subordinate
brucite, opal-CT, ferrihydrite, and dioctahedral nontronite were the experimental products.
The chemical composition of synthetic saponite was highly variable and depended mainly on
the molar Fe:Mg ratio of the reactive fluid and to some degree on the formation temperature
and time of synthesis. Based on the evolution of the solid-phase compositions and experi-
mental solutions, a conceptual reaction sequence for saponite formation is developed. The
extent of Fe(II) incorporation in co-precipitating ferrous saponite might be used to trace the

chemical composition of hydrothermal fluids generated at mid-oceanic ridge sites.




Chapter 3 has been published in Clay Minerals by Baldermann and co-workers (2012; DOI:
10.1180/claymin.2012.047.4.09). This chapter provides an introduction to the environmental
conditions leading to glauconite formation (a dioctahedral Fe(Ill)-rich illite) in fecal pellets,
as seen in the ~150 m thick shallow-marine to lagoonal sedimentary rocks from Oker (Central
Germany). Using electron microscopy methods, X-ray diffraction, and kinetic modeling as
well as trace elemental and §'*0 and 8'°C signatures of carbonates, the micromilieu, precursor
phases, temperature range, thermodynamics, and kinetics of the glauconitization reaction are
discussed, and a new model for glauconite formation in fecal pellets is presented. It is sugges-
ted that the concentration and availability of Fe and K in the modern and ancient ocean play a
key role in the entire Fe-smectite to glauconite reaction at low temperature, by fostering the

rate of glauconitization compared to that of smectite illitization related to burial diagenesis.

Chapter 4 has been published in Clays and Clay Minerals by Baldermann and co-workers
(2013; DOI: 10.1346/CCMN.2013.0610307) and provides a detailed overview of the reaction
mechanisms and physicochemical controls linked to glauconitization in the modern deep-sea
environment of the Ivory Coast—-Ghana Marginal Ridge (ODP Site 959). The interplay of the
micro-environment, such as foraminifera tests, where glauconite forms, bacterial activity and
the chemical composition of the surrounding interstitial solutions being modified during early
diagenetic oxidation of organic matter, microbial sulfate reduction, silicate mineral alteration,
carbonate dissolution, and Fe redox reactions is discussed, and a revised model for the deep-
water glauconitization is presented. It is shown that the net Fe uptake during the burial-driven
glauconitization reaction controls the rate of deep-water glauconite formation, which is about
five times less than that in shallow-shelf regions but notably higher compared with that of

smectite illitization, suggesting that Fe is the rate-limiting factor for glauconitization.

Chapter 5 has been published in Nature Geoscience by Baldermann and co-workers (2015;
DOI: 10-1038/NGEO2542). In this study, a revised model for the sedimentary cycle of iron at
the Ivory Coast—-Ghana Marginal Ridge (ODP Site 959) is presented. Using high-resolution
transmission electron microscopic methods and sequential sediment extraction techniques,
multiple Fe mineral-phase reservoirs in marine sediments are quantified, and for the first time
the rates of Fe sequestration attributed to green-clay authigenesis (also known as glauconitiza-
tion) versus pyrite precipitation are reported. Ultimate Fe uptake by green-clay strongly redu-
ces the pore water inventory of dissolved Fe in modern and ancient pelagic sediments, which
calls for a revision of the long-standing view that clay mineral reactions involving Fe(II+III)

are of little importance in current biogeochemical models of the marine iron cycle.
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Chapter 1

Introduction

1.1 Background on the low-temperature biogeochemical cycle of iron

Iron is the fourth most abundant element in the Earth’s present-day crust and due to the high
reactivity of most Fe(II+III) minerals that form in Earth’s surface environments it also plays a
key role in many biogeochemical processes (Raiswell & Canfield, 2012). Although dissolved
Fe*" occurs only in trace-level concentrations in modern aqueous systems (Turekian, 1968), it
is an essential micro-nutrient for metabolic processes, and Fe redox reactions provide a cru-
cial energy source for microbial activity and growth and related biomineralization processes
(Taylor & Konhauser, 2011; Kohler et al., 2013; Posth et al., 2014). Due to the overlapping of
the iron cycle with other element cycles, such as the global C, N, P and S cycle, Fe-mineral
phase dissolution-precipitation reactions and transformation processes contribute to the bio-
geochemical, mineralogical, and petrological character of modern and ancient (marine) sedi-
ments (Poulton & Raiswell, 2002; Boyd & Ellwood, 2010; Taylor & Macquaker, 2011).

Over the past five decades, advances in the study of Fe biogeochemistry have significantly
improved our mechanistic understanding of processes and reaction paths in the marine iron
cycle. Today, the complexity of biogeochemical processes linked to the modern cycle of iron
are generally considered to be well understood, and global fluxes between multiple sources
and sinks of both dissolved and particulate Fe to the oceans are routinely quantified using
biogeochemically-coupled ocean circulation models (Parekh et al., 2004; Dale et al., 2015).
These models predict that the majority of continental solid-phase Fe(Il) input into the oceans
is attributed to Fe-(oxy)hydroxides, whereas the formation of pyrite in anoxic pore waters is
the most important sink for Fe in modern marine sediments (Canfield et al., 1993; Raiswell &
Canfield, 1998; Raiswell & Canfield, 2012). The role of Fe uptake (versus release of Fe) by
ferruginous clay minerals, however, has been overlooked as a central factor in the marine iron
cycle. In the following sections, the biogeochemistry and mineralogy of relevant Fe(II+III)
mineral phases are reviewed, with special recognition of the currently underestimated role of

clay mineral authigenesis in the low-temperature biogeochemical cycle of iron.
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1.2 Biogeochemistry and mineralogy of native iron and Fe(II+I1I) minerals

The redox chemistry and bioavailability of dissolved and particulate Fe play an important role
in most Earth's surface processes, affecting a variety of biogeochemical processes and hence
the rate of primary biomass production, with highly complex links between ocean chemistry
and climate response. At the low temperature of Earth's surface environments, Fe-minerals
possess various oxidation states, from -2 to +6, but the most common forms are ferrous,
Fe(Il), and ferric, Fe(IlI), iron. A summary of the most relevant Fe(II+III) minerals in the past
and present low-temperature cycle of iron, including their reactivity towards sulfide ions, is
reported in Table 1.1. Importantly, metabolic cycling between reduced and oxidized chemical
forms of Fe and other redox-sensitive elements, such as Mn, As, and Cr, ultimately affects the
mineralogy and biogeochemistry of modern and ancient aquatic environments and associated

sediments (Taylor & Konhauser, 2011).

Table 1.1: Common Fe(II+III)-bearing mineral phases present in Earth's surface environments including their

reactivity towards sulfide (modified from Taylor & Konhauser, 2011, and Raiswell & Canfield, 2012).

Mineral Class Mineral Name Structural Formula Reactivity towards sulfide
Native or metal form Native iron Fe -
Oxides/(Oxy)hydroxides Ferrihydrite Fe3+4,5(OH,O)1Z <3hours
Goethite a-Fe*'0(0H) <12 days
Lepidocrocite v—Fe3+O(OH) <3days
Hematite a-Fe*',0; <1month
Maghemite v-Fe3+2A6704 <10’ years
Magnetite Fe2+Fe3+204 >10° years
Green rust [Fe™ 1.gFe> (OH),1*" [(x/n)A™-(m/n)H,0], <10’ years
where x is the ratio of Fe*'/Fe
Carbonates Ankerite Ca(Fe*,Mg,Mn)(COs), <10’ years
Siderite Fe?CO, <10’ years
Sulfides Pyrrhotite Fe“l_xS, withx=0t0 0.2 -
Mackinawite  (Fe'*,Ni);.,S, withx =0t0 0.1 -
Pyrite Fe’'s, -
Marcasite Fe’'s, -
Greigite Fe”Fe™,S, -
Phosphates Vivianite Fe”*3(PO,),-8H,0 10°-10" years
Strengite Fe3+PO4 - 2H,0 10>-10" years
Hydrous Sulphates Melanterite  Fe?'S0,-7H,0 <10’ years
Jarosite KFe'3(S04),(OH)s <10’ years
Silicates Berthierine  (Fe”,Fe®",Al)g[(Si,Al)4010](OH)s 10™-10° years
Nontronite  (Ca,Na)os(Fe®",Mg,Al)y(Si,Al)4010(OH),nH,0 10710 years
Saponite (Ca,Na)o s(Fe*,Mg,Al)s((Si,Al)4010) (OH),n(H,0) 10°-10° years
"Glauconite”  (K,Na)os(Fe>",Fe’*Mg,Al)[(Si,Al),015](OH), 10"-10° years
Chamosite  (Fe®",Fe™ Mg, Al)e[(Si,Al)4010](OH,0)s 10°-10° years
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Due to the oxidizing conditions of modern surface-near (aquatic and terrestrial) environments,
native Fe, Fe(Il)-minerals, and dissolved F e are rare, as these components or related short-
range ordered transitional phases are rapidly oxidized to highly labile and often bioavailable
Fe-(oxy)hydroxides. In mostly euxinic (deep-sea) and diagenetic settings, microbially-media-
ted reductive dissolution of unstable Fe-(oxy)hydroxides is an important process in sediments,
which can promote the subsequent precipitation of phosphates, carbonates, Fe-silicates (“sub-
oxic pathway” in Fig. 1.1), and, most importantly, Fe-sulfides (“anoxic pathway” in Fig. 1.1).
The latter phases, i.e. pyrite (FeS,) and iron monosulfide (FeS), typically form in the presence
of sulfide-dominated pore waters. Quantitative removal of dissolved Fe*" by pyrite precipita-
tion causes Fe-limited pore water conditions and finally marks the end of Fe-mineral diagene-
sis (e.g. Berner, 1969; Canfield, 1989; Raiswell & Canfield, 1998; Poulton & Raiswell, 2002;
Raiswell et al., 2011). In many suboxic and initially sulfide-depleted systems, however, ben-
thic transport of aqueous Fe*" and subsequent enrichment of Fe*" ions in pore waters can be
significant. Such conditions usually result in the quantitative recycling of Fe and enhanced Fe
bioavailability prior to the ultimate burial of Fe below the redoxcline (Severmann et al., 2010;
Homoky et al., 2011; John et al., 2012; Raiswell & Canfield, 2012; Homoky et al., 2013).
This environment is prone to the (neo)formation of ferruginous clay minerals (see Table 1.1),
such as glauconite and berthierine minerals in low-temperature settings (< 25°C and < 500 m
water depth) or nontronite, saponite, and chlorite minerals at elevated temperatures (> 50°C
up to 250°C and > 2000 m water depth). In the modern oceans, Fe(II+III) bound to hydrous

sulfates, phosphates, and carbonates is considered insignificant for the global Fe budget.
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Fe-silicates I<——| Fe-(oxy)hydroxides |

Fig. 1.1: Reaction pathways and chemical controls on Fe-mineral formation (adapted from Raiswell et al., 2011).
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1.2.1 Biotic and abiotic controls on iron biogeochemistry

The occurrence of a variety of geologically, environmentally, and economically important
Fe(II+III) minerals that form at ambient temperatures and under surface-near conditions is
reflected by the complexity of multiple, partly microbially-catalyzed, Fe oxidation-reduction
(redox) processes (Fig. 1.2). Iron valence state transformations, mainly from Fe(II) to Fe (III)
and vice versa, provide an important energy source for biological activity and global element
cycling in general, and thus they have been of major significance for the evolution of life

forms and sediment deposition throughout the geological record.
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Fig. 1.2: Biotic and abiotic processes operating in the iron cycle (modified from Taylor & Konhauser, 2011).

Under the low temperatures of, for example, marine-diagenetic and deep-sea environments,
and in the absence of dissolved sulfide (e.g. during the onset of the sulfate reduction zone),
the reduction of Fe-(oxy)hydroxides to aqueous Fe*" is driven mainly by dissimilatory Fe-re-
ducing bacteria such as Shewanella sp. and Geobacter sp. (Taylor & Konhauser, 2011; Rais-
well & Canfield, 2012; Kohler et al., 2013; Posth et al., 2014). These microbes gain energy
during the Fe(III) to Fe*" reduction, which is triggered by the coincident oxidation of biode-
gradable organic matter. The aqueous Fe*™ produced is typically released to the surrounding
(pore) waters, where it reacts with sulfide ions and/or silica gels to form either Fe-sulfides or
Fe-rich clay minerals (Schulz & Zabel, 2006). In contrast, the oxidation of Fe*" to Fe(Ill) usu-
ally follows an abiotic reaction pathway because this process is rapid and microbes cannot

compete with the abiotic reaction (Fig. 1.2). At the low pH of acid-mine drainage systems and
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under the oxygen-limited conditions of e.g. Fe-rich hot springs, Fe*" oxidation by acidophilic
and neutrophilic bacteria can be significant (Templeton, 2011). In strong acid environments,
however, both Fe*" and Fe*" jons occur and can be mobilized in aqueous media.

The interplay of (predominantly abiotic) Fe** oxidation and (mostly microbially-catalyzed)
Fe(IIT) reduction is therefore considered to be one of the most important chemical controls in
the low-temperature cycle of iron. Fe redox reactions operate on much shorter timescales than
silicate and phosphate mineral formation processes (see Table 1.1 for mineral reactivity) and
thus they provide the first-order controls for the Fe fluxes measured in the modern oceans and
associated sediments (Raiswell & Canfield, 2012; Baldermann et al., 2015; Dale et al., 2015).
Due to the close coupling of the marine iron cycle with the other (major and trace) elements,
the redox state of Fe in aquatic environments largely controls the mineralogy (and reactivity)
of co-precipitating Fe(II+III) minerals (Fig. 1.2), which can further act as long-term sources
or sinks for contaminant metals incorporated via isomorphic substitution (Morse & Luther,
1999; Taylor et al., 2008; Taylor & Konhauser, 2011). The latter feature is of great impor-
tance for many applications in environmental technology, i.e. removal of (potentially toxic

and/or cancerogenic) trace elements such as As, Al, Cr, Ni, and U from waste water.

1.2.2 Bioavailability and reactivity of iron in aquatic environments

Due to prevailing oxidizing conditions and near-neutral pH in most aquatic Earth's surface
environments, aqueous Fe*" occurs mainly in trace-level concentrations (~0.1-0.5 nM-L™"' Fe)
in the modern ocean, while elevated concentrations of Fez+, from 1-10 nM-L"', are recogni-
zable only in the spatially restricted environments of hydrothermal vents (Turekian, 1968;
Chester, 2000). The vast majority of the aqueous Fe (< 0.45 um by definition) in the ocean is
present as Fe(Ill) organic aquo-complexes, among minor amounts of uncomplexed ferric and
ferrous Fe (Raiswell & Canfield, 2012). These Fe species are highly bioavailable and thus
they can be directly taken up by eukaryotic phytoplankton and prokaryotes by photochemical
reduction, reduction of colloidal Fe particles that are adsorbed to the cell surface, and produc-
tion of siderophores (Hudson & Morel, 1990; Maldonado & Price, 2001; Sunda, 2001).

In accordance, about 99.9% of the so-called filterable Fe(II+III) fraction (< 0.45 pum) is pri-
marily bound to organic ligands, Fe colloids, or comprises of inorganic, (nano)particulate Fe-
(oxy)hydroxides, such as highly labile ferrihydrite (Fig. 1.3-A). The spatiotemporal variability
of Fe in modern aquatic settings, i.e. the (surface) ocean, is therefore controlled mainly by (i)
the equilibrium partitioning of Fe between soluble and colloidal ligands, (i1) Fe uptake in the

photic zone by phytoplankton growth, and (ii) loss of colloidal and particulate Fe by scaven-
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ging (Wu et al., 2001; Cullen et al., 2006; Bergquist et al., 2007; Raiswell & Canfield, 2012).
Complexation of Fe colloids and Fe-(nano)particles with organic matter, organic ligands,
and/or adsorption onto clay mineral surface sites are key processes that control the reactivity
and thus the distribution of dissolved vs. particulate Fe in aquatic systems. In particular, the
physical, chemical, and surface properties (i.e. surface charge and surface area; amphoteric
behavior) of Fe-(oxy)hydroxide-clay mineral-organic matter aggregates are modified, compa-
red with that of “free” Fe ligands (Boye et al., 2010), and this results in a decreasing reactivity
of the aggregates with increasing ageing (Fig. 1.3-B). The latter feature is of great importance
for primary biomass production, i.e. in high-nutrient, low-chlorophyll (HNLC) regions of the
Southern Ocean (e.g. Martin, 1990; Martin et al., 1994; Coale et al., 1996; Blain et al., 2007,
Cessar et al., 2007; Taylor & Konhauser, 2011), because the mineralogical transformation
from labile ferrihydrite precursors into thermodynamically more stable goethite and hematite
reduces the bioavailability of Fe in aquatic surface environments (Raiswell & Canfield, 2012).
Some uncertainties still persist regarding the reaction pathways and mechanisms involved in
the change from reactive to less reactive forms of Fe-(oxy)hydroxides, but temperature and
pH are considered to be the most important variables that control the transformation rate and

subsequently the reactivity of recrystallized Fe(II+III) minerals (see Table 1.1 and Fig. 1.3-B).
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Fig. 1.3: A) Size ranges of Fe-(nano)particles, colloids, and aqueous Fe”" in relation to the extractable (filterable)
Fe fraction (modified from Raiswell & Canfield, 2012). B) Idealized ageing and reaction pathway from highly

labile ferrihydrite to thermodynamically more stable goethite and hematite (modified from Raiswell, 2011).
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The iron hypothesis. Because bioavailable Fe — that is supplied either in the particulate or
dissolved form — is an important limiting micro-nutrient for marine biomass production (e.g.
plankton) in the surface oceans, the biogeochemical cycle of iron is closely coupled with the
marine carbon cycle. This observation has led to a reevaluation of the global carbon fluxes
measured in the modern oceans; for example, large-scale Fe fertilization experiments have
been carried out in HNLC areas of the Southern Ocean in order to re-estimate the effect of
enhanced plankton growth on the net uptake of atmospheric CO, and its subsequent transport,
in the form of primary biomass, to oceanic sediments (€.g. Martin, 1990; Martin et al., 1994).
It has been compellingly demonstrated that these Fe-fertilized and thus “geo-engineered”
systems can foster the carbon sequestration rate on a local scale (e.g. Coale et al., 1996; Blain
et al., 2007), but it is considered unlikely that Fe fertilization of biologically poor regions can
create a quantitatively significant sink for carbon over the long-term (Lampitt et al., 2008;

Taylor & Konhauser, 2011).

1.2.3 Iron mineralogy and iron supply to the oceans

Advances in our knowledge of the biogeochemistry and mineralogy of Fe over the past three
decades have significantly improved our understanding of the importance of Fe-mineral phase
transformations on controlling the global fluxes in the marine iron cycle, with recognition of
multiple Fe sources and sinks (Canfield, 1989; Raiswell & Canfield, 1998; Poulton & Rais-
well, 2002; Elrod et al., 2004; Jickells et al., 2005; Raiswell et al., 2006; Cassar et al., 2007;
Poulton & Canfield, 2011; Raiswell, 2011; Homoky et al., 2013; Baldermann et al., 2015).
On the basis of previous work, five fundamental processes have been identified, which supply
the majority of dissolved and particulate Fe to the oceans: (i) wet and dry deposition of atmos-
pheric dust, (ii) riverine transport, (iii) deposition and recycling of ocean floor sediments (the
so-called benthic shuttle), (iv) hydrothermal emissions, and (v) supply from glaciers and sea
ice (e.9. Taylor & Konhauser, 2011; Raiswell & Canfield, 2012). In the following sections,
the sources of dissolved Fe*” and of relevant Fe(II+III) minerals as well as their qualitative
contribution to the iron biogeochemical cycle are briefly explained. Quantitative information
on global fluxes of Fe between continental Fe sources and (deep-sea) sediment sinks for Fe is
provided in the section 1.3.2.

Dissolved Fe. Only emissions from spatially restricted (deep-sea) hydrothermal systems, such
as black and white smokers, as well as riverine input provide Fe in the dissolved form to the
modern oceans (Fig. 1.4). These sources of dissolved Fe**, however, are of minor importance,

compared to the (nano)particulate input of Fe(IIl) from, for example, shelf and slope sedi-
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ments (Dale et al., 2015). Dissolved Fe*" is almost instantaneously transformed — following
either an abiotic or a biotic reaction pathway — into more stable (nano)particulate Fe-(oxy)-
hydroxides under oxidizing conditions or Fe-sulfides under reducing conditions (see sections

1.2.1 and 1.2.2 for details).

Fe_D [nmol/kg]

25

0.5

Fig. 1.4: Distribution of dissolved Fe*" in the Atlantic Ocean measured along transects during the GEOTRACES
program (http://www.egeotraces.org/scenes/Atlantic Fe D CONC_BOTTLE.html; 15" September 2015).

Particulate Fe. The total load of (nano)particulate Fe(III) to the oceans that is delivered from

rivers, glaciers, atmospheric dust (Fig. 1.5), and recycled sediments is about three orders of
magnitude higher than the global dissolved Fe** load supplied from the rivers and hydrother-
mal vents (e.g. Taylor & Konhauser, 2011; Raiswell & Canfield, 2012; Dale et al., 2015). The
quantitatively most important continental Fe sources mentioned above supply the particulate
Fe(IIT) mainly in the form of either labile and bioavailable Fe-(oxy)hydroxides or poorly reac-
tive Fe bound to detrital clay minerals such as illite, smectite, and chlorite (Baldermann et al.,
2014). In contrast to the Fe*" sources, the Fe(IIl) pool is almost insoluble in seawater. An
overview of the biogeochemistry, mineralogy, and properties of the major Fe(II+II1) minerals
is provided in Cornell & Schwertmann (2003). Here, only a short summary of the relevant Fe

sources bound in (oxy)hydroxides, carbonates, sulfides, and silicates is given (Fig. 1.6).
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Fig. 1.5: Rates of atmospheric dust deposition worldwide (from Jickells et al., 2005). The total dust input to the
oceans is 450 Tg-year ', which is equivalent to a total Fe(III) input of 30 Tg-year ' (Poulton & Raiswell, 2002).
Percentage inputs of dust to ocean basins are as follows: North Atlantic, 43%; South Atlantic, 4%; North Pacific,

15%; South Pacific, 6%; Indian, 25%; and Southern Ocean, 6%.

Fe-(oxy)hydroxides. Particulate Fe(IIl) that is supplied in the form of Fe-(oxy)hydroxides,

Feox, is the most important source of highly reactive Fe, Feyy, in the oceans, and it largely
controls the productivity of plankton. This Fe pool includes bioavailable ferrihydrite, lepido-
crocite, goethite, hematite, and subordinate magnetite, and is delivered by wind-blown dust as
well as recycled river, shelf and slope, soil, and iceberg-hosted sediments (e.g. Jickells et al.,
2005; Raiswell et al., 2006; Theng & Yuan, 2008; Raiswell, 2011). However, Fe-(oxy)hydro-
xides may also form in seawater through (i) diffusion of dissolved Fe*" from reducing sedi-
ments into the overlying oxygenated waters, where Fe’ reacts with dissolved O, to form
(nano)particles of Fe-(oxy)hydroxides, (ii) oxidative weathering of Fe(Il) minerals such as
siderite, biotite, amphibole, and pyroxene, and (iii) mineralogical transformation of pre-exis-
ting Fe colloids and unstable ferrihydrite and lepidocrocite precursor phases (Raiswell, 2011).

Fe-carbonates. Since the great oxygenation of the world's oceans in the late Neoproterozoic,
dissolved Fe*" occurs only in trace-level concentrations in aquatic environments, and particu-
late Fe is supplied to the oceanic sediments mainly in the form of Fe(Ill), i.e. Fe-(oxy)hydro-
xides (Canfield et al., 2007; Baldermann et al., 2015). Hence, in the modern biogeochemical
cycle of iron, Fe(Il)-hosting carbonates such as siderite, ankerite, and ferrous dolomite are of

minor importance as Fe** sources, but they are still a significant sink for Fe during sediment
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burial and late diagenesis (see section 1.3.2 for further explanations). Fe-carbonates, Fecym,

are therefore a minor part of the highly reactive Fe pool in near-subsurface sediments.

E: Chlorite* F: (Dark) mica* G: Volcanic ash® H: Amphibole®

Intermediate
Fe-bearing silicates

K: Mackinawite’ |}

Sulfides

I

Clay minerals

Fig. 1.6: Secondary electron (SE) images of Fe(II+III) mineral phases that act as important Fe sources (A-D,
scale bar: 200 um), intermediate (poorly reactive) phases (E-H, scale bar: 50 um), or sedimentary Fe sinks (I-T,
scale bar: 10 pm). Image sources: (1) Raiswell & Canfield (2012); (2) Image reproduced from the Images of
Clay Archive of the Mineralogical Society of Great Britain & Ireland and The Clay Minerals Society; (3) Bal-
dermann (unpublished); (4) Baldermann et al. (2013); (5) Zolla et al. (2009); (6) Hunger & Benning (2007); (7)
Rohrssen (2007); (8) de Souza et al. (1995); (9) Baldermann et al. (2015b).

Fe-sulfides. After sediment deposition, partly microbially-catalyzed, reductive dissolution of
unsulfidized Fe-(oxy)hydroxides occurs immediately, accompanying the oxidation of marine

organic matter and bacterial sulfate reduction. These processes produce anaerobic conditions
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and provide the Fe*" and sulfide ions that are required for the early diagenetic precipitation of
Fe-sulfides such as pyrite (Fepy), mackinawite, and greigite. Fe-sulfides are now considered to
be the quantitatively most important sink for Fe and other heavy metals such as Co, Ni, Cd,
Mo, Cu, Pb, and Zn in marine sediments and black shales (Canfield et al., 1993; Passier et al.,
1997; Raiswell & Canfield, 1998; Raiswell & Canfield, 2012). However, this sedimentary Fe
pool is almost completely decoupled from biogeochemical processes that take place in oxidi-
zing aquatic environments and thus the oxidation of Fe-sulfides is negligible as a secondary
Fe source to the surface oceans.

Silicates bearing Fe(II+III). In contrast to the above mentioned Fe-bearing mineral phases, Fe

bound to silicates is almost unreactive and less bioavailable. The poorly reactive Fe(IlI) frac-
tion, Fepg, is typically associated with detrital silicates, e.g. amphibole, pyroxene, and volca-
nic ash as well as clay minerals such as detrital (dark) mica, chlorite, and smectite, and is sup-
plied to the oceans by deposition of atmospheric dust, riverine load, recycling of sediments,
and, to a minor extent, iceberg-hosted sediments (Raiswell & Canfield, 2012). Due to to the
low reactivity of Fepr (see Table 1.1) this detritally-derived Fe pool plays only a minor role as
an oceanic Fe sink, and is largely decoupled from Fe redox (re)cycling processes. However,
recent work on the early to late diagenetic formation of authigenic Fe(II+III)-bearing clays,
e.g. glauconite minerals, nontronite, ferrous saponite, and Fe-chlorite, has demonstrated that
green-clay authigenesis can sequester quantitatively important amounts of dissolved Fe®" that

could otherwise be supplied to the deep oceans (e.g. Baldermann et al., 2012-2015).

1.3 Iron minerals in marine sediments

As a consequence of the redox chemistry and bioavailability of Fe in modern aquatic systems,
oxidation of dissolved Fe*" takes place rapidly, following aggregate formation, scavenging,
and burial of the neo-formed (nano)particulate Fe-(oxy)hydroxides that are almost immediate-
ly transformed to pyrite in mostly anaerobic surface-near sediments. This Fe shuttle provides
the first-order control for global Fe fluxes measured in the modern ocean. In suboxic sedi-
ments, however, Fe sequestration by green-clay authigenesis can be significant, while burial
of Fe attributed to the formation of carbonate concretions (i.e. siderite and ankerite) or cement
(i.e. ferrous dolomite) is usually associated with the later stages of (marine) diagenesis. The
major Fe(II+1II) minerals, which have an active role either as Fe sources or Fe sinks or both in
the modern and past iron biogeochemical cycle, are shown in Fig. 1.6. In the following sec-

tions, the fate of Fe(II+III) minerals in the low-temperature cycle of iron is addressed by dis-
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cussing implications for Fe sequestration and (re)cycling in ancient versus modern sediments.
Special focus is given on assessing the global Fe fluxes between continental sources of solid-

phase Fe(III) and multiple marine sediment sinks for Fe(II+11I).

1.3.1 Iron diagenesis: Implications from ancient sediments

The Proterozoic to late Neoproterozoic period (~3.8 billion years to ~580 million years
ago). The history of the ancient iron biogeochemical cycle is closely coupled to the evolution
of the marine and atmospheric geochemical cycle of oxygen. Roughly 3.8 to 1.8 billion years
ago and during the so-called Snowball Earth period, ~750 million years ago, the vast majority
of Fe was deposited on the seafloor in the form of banded iron formations (BIF; see 1.7-A).
These Fe(Ill)-rich sedimentary rocks were spatially and temporally linked to extensive erup-
tions of submarine volcanic rocks, and form massive and banded layers of hematite and mag-
netite that range from submillimeter to several meters thickness. BIFs typically comprise of
~20-40 wt.% of Fe, with some laminae being rich in silica (~40-50 wt.% of SiO;). Interesting-
ly, the world's largest BIF deposits have been formed by precipitation from a dominantly
anoxic water column (Taylor & Konhauser, 2011), in which the dissolved Fe®" concentration
exceeded by far that of the modern oceans.

The mechanisms proposed for the transformation of Fe*"-rich oceanic waters to Fe(III)-rich
sediments are (i) ultraviolet photooxidation at the ocean surface, (ii) oxidation of ferrous Fe
by reaction with dissolved O, produced by primitive cyanobacteria, and (iii) anaerobic photo-
synthesis, in which bacteria convert CO, into biomass while using Fe*" as electron donator
(Bekker et al., 2010; Konhauser et al., 2011). Since the rise of the dissolved and atmospheric
O, concentration in the late Neoproterozoic (~600-550 million years ago), BIFs disappeared
from the sedimentary record, which was due to the reaction of Fe*" ions with O,, resulting in a
quantitative removal of dissolved Fe*" from aquatic Earth's surface environments. The conti-
nuous increase in the atmospheric oxygenation likely enhanced the weathering of terrestrial
sulfide minerals at that time, which triggered the delivery of sulfate ions to the oceans (Taylor
& Konhauser, 2011). Ongoing with the development of new bacteria groups that were able to
gain their energy demand through sulfate reduction, dissolved sulfide was generated in quanti-
ties sufficient to remove all of the remaining Fe*” ions via precipitation as Fe-sulfide minerals.
The growing impact of sulfate-reducing bacteria and the rise in the O, level finally resulted in
(1) the fast and abrupt transition from anoxic to oxic conditions in the oceans during the Pre-
Cambrian-Cambrian boundary and subsequently (ii) denoted the change from BIFs to pyrite
being the new major sink for Fe (e.g. Canfield et al., 2007; Raiswell & Canfield, 2012).
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The Phanerozoic period (~545 million years ago to the present). The sedimentary rock
record deposited throughout the Phanerozoic is dominated by Fe-bearing diagenetic mineral
assemblages of (partly intercalated) pyrite (1.7-B), siderite (1.7-C), and green clays such as
glauconite, berthierine (1.7-D), and chamosite (a Fe-rich chlorite), forming the so-called
sedimentary ironstone deposits (Taylor & Macquaker, 2011). In contrast to the ancient marine
iron cycle, where Fe was delivered mainly in its dissolved form by hydrothermal emissions,
Fe-(oxy)hydroxide (nano)particles supplied from continental sources, i.e. recycling of shelf
and slope sediments, riverine input, atmospheric dust deposition, and supply from iceberg-
hosted sediments, are until now the main source of solid-phase Fe(III) to the oceans and sur-
face oceanic sediments (see section 1.2.3). Due to the prevailing oxygenated conditions in the
ocean and associated near-subsurface sediments, bacterially-mediated reductive dissolution of
Fe(Ill) and accompanying oxidation of organic matter, and sulfate reduction, are required to
produce conditions favorable for the precipitation of Fe-carbonates, Fe-sulfides, and/or Fe-
clays during the early to late stages of marine diagenesis (Poulton & Canfield, 2011).

In localized oceanic basins, dissolved O, is consumed rapidely within the water column due to
the oxidative decay of organic matter, allowing hydrogen sulfide (H,S) to accumulate in deep
and stagnating bottom waters. The Black Sea and the Landsort Deep, which is located in the
eastern central Baltic Sea, are modern examples of euxinic basins (Passier et al., 1997). In the
Phanerozoic, several periods have been postulated, where regional and most probably global
oceanic anoxia have been existed — during the so-called oceanic anoxic events; conditions that
generally resulted in the greater formation of pyrite in deep-sea environments (e.g. Poulton &
Canfield, 2011; Taylor & Konhauser, 2011; Raiswell & Canfield, 2012). In contrast to these
deep-water settings, quantitatively important Fe sequestration through Fe(II+III) mineral
deposition also took place, for example, during the Ordovician, in the Early Jurassic, and
throughout the entire Cretaceous in extensive shallow-shelf regions, especially during periods
of major sea-level lowstands and highstands (Taylor & Konhauser, 2011). The economically
significant sedimentary iron ores were deposited mainly in the form of oolitic ironstones,
which typically comprise of Fe-rich silicates with distinctive oolitic textures among variable
proportions of siderite and ankerite. It is worth commenting that modern, natural analogues
for the widespread oolitic ironstone deposits formed during the entire Phanerozoic are scarce,
and restricted to mobile mudbelts found in tropical settings (Aller & Blair, 2006).

Overall, the spatiotemporal evolution of the marine biogeochemical cycle of iron is linked to
the development of the oxygen and sulfur cycle, and bacterial activity, and is reflected by the

nature of Fe(II+III) minerals preserved in the rock record.
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Fig. 1.7: Images of Fe(II+III) minerals forming economically important sedimentary ironstone deposits in the
rock record. A) Banded iron formation (BIF) from the Paleoproterozoic Hamersley Group, Western Australia
(image source: Poulton & Canfield, 2011). B) Framboidal pyrite (strata unknown). C) Spherulitic siderite from
the Lower Cretaceous Walden strata, Southern England (image source: Taylor & Konhauser, 2011). D) Berthie-
rine ooids from the Lower Jurassic Frodingham Ironstone, Eastern England (image source: Taylor & Konhauser,

2011).

1.3.2 Reservoir fluxes in the modern marine iron cycle

The vast majority of particulate Fe(III) and, to a minor extent, dissolved Fe*" are delivered to
the modern (surface) ocean through wet and dry deposition of atmospheric dust, riverine load,
recycling of continental shelf and slope sediments, hydrothermal emissions, and supply from
iceberg-hosted sediments (see section 1.2.3). The relative proportions of mostly particulate Fe
input supplied from glaciers, dust, and rivers have been hard to quantify (e.g. Raiswell, 2011;
Taylor & Konhauser, 2011), but riverine load is undoubtable the most important supplier of
Fe(III) to coastal sediments, whereas dust- and glacially-derived particle input is considered to
be the dominant supplier of particulate Fe(II) to the open ocean (for global estimates see the
boxes in Fig. 1.8; Raiswell & Canfield, 2012). In the last decade, however, the ability to mea-

sure Fe isotopes (5°°Fe in %o) at a high precision has led to the identification of another major

24



process controlling global fluxes in the modern (and past) biogeochemical cycle of iron; the
so-called “benthic iron shuttle”. In this process dissolved Fe*" (enriched in the light Fe isoto-
pomer) from the reducing pore water inventory of shallow-shelf sediments is supplied back
via diffusion and/or during sediment re-suspension events to the overlying oxidizing water
masses, where the aqueous Fe*™ ions immediately precipitate in the form of bioavailable Fe-
(oxy)hydroxides (Severmann et al., 2008; Homoky et al., 2009; Severmann et al., 2010; Ho-
moky et al., 2013). These isotopically light (up to -3%o) and labile Fe-(oxy)hydroxide (nano)-
particles are finally transported into the deeper waters by the benthic iron shuttle, and are to
our current knowledge by far the most important source of solid-phase Fe(IIl) to the deep
ocean (Boyd & Ellwood, 2010). Moreover, the results of the study of Dale et al. (2015) indi-
cate that the benthic iron shuttle is a major variable for controlling the fluxes of unsulfidized,
highly reactive Fe between deep-sea sediments and oceanic bottom waters prior to the ulti-

mate burial of Fe below the redoxcline (global estimates are indicated in brackets in Fig. 1.8).

—) ) Atmospheric dust

a O

Iceberg-hosted 1530-3030
sediments

Seawater

Fig. 1.8: Global fluxes in the modern biogeochemical cycle of iron. Estimates for fluxes of the filterable Fe frac-

tion (< 0.45 um) between continental Fe sources and deep-sea sediment sinks are indicated in boxes (Raiswell &
Canfield, 2012). Numbers in brackets indicate fluxes of dissolved Fe*" between shelf and deep-sea sediment

sources and the overlying water masses via the benthic iron shuttle (Dale et al., 2015).
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Despite the high input of particulate Fe(Ill) from continental sources, the overall deposition
rate of Fe on the modern ocean floor is considered low (< 100 umol Fe-cm™-yr), in particu-
lar in remote areas of the open ocean that are characterized by low clastic sedimentation rates
of about 1-2 cm-kyr™ (Chester, 2000; Raiswell, 2011). Here, sedimentary redox (re)cycling of
unsulfidized Feox and/or enrichment of dissolved Fe*™ in reducing pore water masses can be
significant before this labile Fe pool is finally transformed into pyrite — the quantitatively
most important authigenic sink for Fe in marine sediments — during sediment ageing and dia-
genesis (Canfield et al., 1993; Raiswell & Canfield, 1998; Raiswell & Canfield, 2012). In
contrast, significant Fe burial may occur in restricted (peri-marine and deep) oceanic basins,
such as in the Black Sea and in the Orca basin, where dissolved Fe®" is effectively removed
beneath the euxinic water column by precipitation of pyrite (Passier et al., 1997). The early
diagenetic transformation of Fe-(oxy)hydroxides into pyrite in reducing marine sediments as
well as the synsedimentary precipitation of pyrite from an euxinic water column are currently
believed to denote the end of Fe-mineral diagenesis by ultimate burial of Fe (Fig. 1.1). Thus,
present biogeochemically-coupled ocean circulation models that are used for estimating the
global Fe fluxes typically assume a long-term steady-state between continental Fe sources and
marine, mostly pyritic, sediment sinks (Raiswell & Canfield, 2012), although the dynamics in
the marine (sedimentary) iron cycle are notably more complex. Besides pyrite formation (and
ironstone mineralization, see section 1.3.1) during early diagenesis there is growing evidence
for a significant transformation of Fepg, i.e. the sum of Feox, Fepy, and Fecaw, to Fepr, which
is attributed to the formation of ferruginous clay minerals in the “critical zones” — namely (1)
mid-oceanic ridge sites, (2) reducing shelf sediments, and (3) deep-sea environments (areas

marked in red in Fig. 1.8).

1.3.3 The role of iron sequestration by authigenic clay minerals in the critical zones

Although the ambient (paleo-)environmental controls and physicochemical conditions leading
to the formation of ferruginous green marine clays in diagenetic environments are generally
considered to be well understood, the links between the pore water geochemistry including
Fe, and the timing, mineralogy, and geochemistry of the precipitating clay minerals bearing
Fe(II+1I1T) are not yet well constrained. Thus, the reaction mechanisms and chemical rates of
Fe incorporation and burial related to green-clay authigenesis are still unknown, and hence the
role of ferruginous clay mineral reactions is, at present, not included in both conceptual and
numerical models of the iron biogeochemical cycle. Below, three environments are briefly

summarized, in which green-clay authigenesis acts as an important authigenic sink for Fe.
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(1) Ferrous saponite formation and its potential importance for Fe sequestration at mid-
oceanic ridge sites (chapter 1). Fluxes in the dissolved Fe*" concentrations associated with
hydrothermal emission at mid-oceanic ridge sites are currently believed to be only of minor
importance for the iron biogeochemical cycle (Fig. 1.8), although the rate of Fe sequestration
related to the formation of ferruginous clay minerals, such as ferrous saponite, can locally
exceed 1000 pmol Fe-em™-kyr" (e.g. Chester, 2000). In order to gain a better understanding
of the underlying reaction mechanisms linked to the formation of saponite and the subsequent
rate of Fe incorporation, ferrous saponite was precipitated in the temperature range from 60°C
to 180°C from reducing and alkaline experimental solutions that contained variable molar
Mg:Fe:Si ratios. The relations between the hydrogeochemistry of the reactive fluids and the
mineralogy, stability, structure, and composition of the laboratory grown ferrous saponite is
discussed in chapter 2. It is shown that a positive relationship exists between the proportion of
Fe precipitated in ferrous saponite and the composition of the mineralizing fluids as well as
the synthesis temperature (Baldermann et al., 2014); relations that could be potentially used as
an indicator for reconstructing fluid-solid compositions at mid-oceanic ridge sites, in soil en-

vironments, and in nuclear waste disposal sites.

(2) The role of Fe and K availability during micromilieu-controlled glauconite formation
in shallow-shelf sediments (chapter 3). In organic carbon-bearing shelf sediments, partly
microbially-catalyzed, reductive dissolution of highly labile Fe-(oxy)hydroxides results in the
formation of a secondary pool of dissolved Fe*” immediately after final sediment deposition,
and accompanying sulfate reduction typically leads to the almost instantaneous precipitation
of Fe*" ions in the form of pyrite (Raiswell, 2011). In many shallow-shelf areas, however, the
onset of the zone of sulfate reduction is suppressed (e.g. Taylor & Macquaker, 2011), which
promotes the accumulation of high Fe®" concentrations in reduced pore waters. Such environ-
ments have the potential to supply the dissolved Fe*" back to the overlying oxygenated water
masses (about 20 pg Fe-cm™-yr'; Elrod et al., 2004) via the benthic iron shuttle (see section
1.3.2). In the presence of organic-rich semi-confined micro-environments, however, such as
in fecal pellets and in foraminifera tests, and under sulfide-depleted conditions, Fe(III)-smec-
tites, glauconite-smectite, and subsequently glauconite minerals may form, which can signify-
cantly reduce the pore water inventory of dissolved Fe*". The environmental conditions and
reaction mechanisms involved in the glauconitization versus pyritization of fecal pellets in
shallow-shelf sediments are discussed in chapter 3. The availability and concentration of Fe*"
and K" ions in marine near-subsurface sediments are introduced as important parameters in

the low-temperature Fe-smectite to glauconite reaction — in particular during periods of the
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ancient Earth, where the seawater sulfate concentration was low — which explains both the
spatiotemporal distribution and the variable abundance of green glauconitic grains in the rock

record (e.g. Baldermann et al., 2012).

(3) Fe sequestration during green-clay authigenesis in modern deep-sea environments
(chapters 4 and 5). The bioavailability and (redox) chemistry of Fe significantly influences
biogeochemical processes in Earth's surface and deep-sea ecosystems, and has therefore been
of major significance for the evolution of ocean geochemistry, life forms, and associated sedi-
ments throughout the geological record (e.g. Baldermann et al., 2015). Historically, fluxes in
the marine iron cycle have been calculated considering changes in the (nano)particulate Fe-
(oxy)hydroxide inputs from continental sources, the dissolved (< 0.45 pm) Fe concentration
in seawater, and multiple Fe(II+III) mineral sinks in marine sediments (e.g. Parekh et al.,
2004). Due to the prevailing oxygenated conditions in the global ocean since at least the late
Neoproterozoic (Canfield et al., 2007), current biogeochemically-coupled ocean circulation
models are quantifying mass balance relationships in the marine iron cycle using in-situ mea-
sured rates of dissolved Fe*" reflux from marine sediments (Boyd & Ellwood, 2010; Dale et
al., 2015). Although these models indirectly account for the bulk of all Fe mineral sources and
sinks in the marine iron cycle, at present, only little is known about the individual rate of Fe
sequestration attributed to green-clay formation versus pyrite precipitation. In the chapters 4
and 5, the relations between pore water geochemistry and the development of micromilieus in
foraminifera tests that are suitable for glauconitization are highlighted, and a new model for
glauconite mineral formation in a modern deep-sea environment is presented (Baldermann et
al., 2013). Using sequential extraction and subsequent quantification of multiple Fe-mineral
reservoirs recorded in the near-subsurface sediments, Fe burial rates attributed to green-clay
authigenesis versus pyrite precipitation are presented for the first time (Baldermann et al.,
2015). It is suggested that green-clay authigenesis limits the pore water inventory of dissolved
Fe*" in suboxic pelagic sediments, and hence needs to be considered in current (conceptual

and numerical) models of the marine iron cycle.
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Chapter 2

The Fe-Mg-saponite solid solution series — a

hydrothermal synthesis study

2.1 Abstract

The boundary conditions of saponite formation are generally considered to be well known,
but significant gaps in knowledge persist in respect to the influence of solution chemistry,
temperature, and reaction time on the mineralogy, structure, stability, and chemical composi-
tion of laboratory grown ferrous saponite. In the present study, ferrous saponite and Mg-sapo-
nite were synthesized in Teflon-lined, stainless steel autoclaves at 60°C, 120°C, and 180°C,
alkaline pH, reducing conditions, and initial solutions with molar Si:Fe:Mg ratios of 4:0:2,
4:1:1, 4:1.5:0.5, 4:1.75:0.25, and 4:1.82:0.18. The experimental solutions were prepared by
dissolution of sodium orthosilicate (NasSiOy), iron(Il)sulphate (FeSO4-6H,0) and magnesium
chloride salts (MgCl,-6H,0O with < 0.005 mass% of K and Ca) in 50 mL ultrapure water that
contained 0.05% sodium dithionite as the reducing agent. The precipitates obtained at 2, 5,
and 7 days of reaction time were investigated by X-ray diffraction techniques, transmission
electron microscopy analysis, infra-red spectroscopy, and thermo-analytical methods.

The precipitates were composed mainly of trioctahedral ferrous saponite, with small admix-
tures of co-precipitated brucite, opal-CT, and 2-line ferrihydrite, and nontronite as the proba-
ble alteration product of ferrous saponite. The compositions of the obtained ferrous saponites
were highly variable, (Nao.44-0.59K0.00-0.05C20.00-0.02)(Fe” 037-2.41Mg0.242.44F€> 0.00.0.28)X2.65-2.85
[(Fe3+o,00_0.37Si3,63_4,00)010](OH)2, but show similarities with natural occurring trioctahedral Fe
and Mg end members, except for the Al content. This suggests that a complete solid solution
may exist in the Fe-Mg-saponite series.

A conceptual reaction sequence for the formation of ferrous saponite is developed based on
the experimental solution and solid compositions. Initially, at pH > 10.4, brucite-type octa-
hedral template sheets are formed, where dissolved Si-O tetrahedrons are condensed. Subse-

quent re-organization of the octahedra and tetrahedra via multiple dissolution-precipitation
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processes finally results in the formation of saponite structures, together with brucite and
partly amorphous silica. The extent of Fe*” incorporation in the octahedral template sheets via
isomorphic substitution is suggested to stabilize the saponite structure, explaining (i) the
abundance of saponite enriched in V'Fe*" at elevated Fe supply and (ii) the effect of structural

Fe on controlling the net formation rates of ferrous saponite.

2.2 Introduction

The mineral type saponite, M+X(Mg)3_o[(A1XSi4_X)O10](OH)2, is a Mg-rich trioctahedral 2:1 clay
mineral of the smectite group with ferro-saponite, M+X(Fez+2,oMg1,0)[(A1xSi4_x)Olo](OH)2, as
Fe-rich member (Jasmund & Lagaly, 1993). In mostly oxidizing near-surface environments
ferrous saponite is rarely found (e.g. Koster, 1993) and nontronite dominates as the most
common ferric dioctahedral smectite (Decarreau & Bonnin, 1986), despite there are several
environments that generate saponite. Under natural conditions the formation of saponite is
typically attributed to hydrothermal alteration of (ultra)mafic igneous rocks, tuffs, and more
rarely siliceous dolostone at temperatures usually below 150°C and under strictly reducing
conditions (e.g. Post, 1984, Schiffman & Staudigel, 1995, Dill et al., 2011). Saponite can also
be formed below 50°C such as within soil profiles by the weathering of Mg-rich silicates
under climatic conditions (Wildman et al., 1971). Trioctahedral saponite-type clay minerals
have also been interpreted to form in both marine and lacustrine evaporitic lakes by precipi-
tation from gel precursors under alkaline conditions (Sandler et al., 2001, Akbulut & Kadir,
2003) or by transformation of dioctahedral clay minerals (Deocampo et al., 2009).

The chemical composition of naturally occurring saponite is highly variable due to common
Fe’', Fe**, and AI’" substitutions for Mngr in the octahedral sheet (Decarreau & Bonnin,
1986), which are accompanied by partial AI’" and Fe’* substitutions for Si*" in the tetrahedral
sheet (e.g. Jasmund & Lagaly, 1993). It is well known from both natural and synthesized non-
tronites that the proportion of ferric V'Fe has a significant impact on the physicochemical pro-
perties of smectites such as their thermal stability (Wolters & Emmerich, 2007, Decarreau et
al., 2008). However, the influence of Fe*” incorporation during saponite formation and related
changes in mineralogical, geochemical, and the thermal properties of ferrous saponite are still
poorly investigated (e.g. Velde, 1992). Several deposits of ferrous saponite have been repor-
ted (e.g. Badaut et al., 1985, Brigatti et al., 1999, Porter et al., 2000, Dill et al., 2011), but
there is only one location worldwide, called the Lovoberezhye Iceland spar deposit in Siberia

(Russia), where Fe ions are the major occupants of the octahedral sheet of saponite. This
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mineral type, (Cag31NagosKoo)(Fe®'| ssFe’ 05:Mgos7) y2.05[(Fe* 0.06Al1.03812.01010](OH),, is
referred to as ferro-saponite (Chukanov et al., 2003).

In order to investigate the boundary conditions of (ferrous) saponite formation, Caillére et al.
(1953, 1955) performed synthesis experiments by aging diluted solutions containing aqueous
silica and Mg”", AI’, and Fe*" or Fe’" ions (from dissolution of chlorides) at 100°C and pH
from 8.5 to 9.5. Harder (1976, 1978) claimed to have synthesized ferrous saponites within
only 15 days, under reducing conditions, and at low temperatures of 3°C and 20°C in a similar
way by a sol-gel process. The formation mechanism proposed was that of precipitation of thin
octahedral sheets with a brucite [Mg(OH);] (or a gibbsite [AI(OH);]) structure, which served
as a template for subsequent condensation of dissolved silica. Unfortunately, neither X-ray
diffraction patterns nor chemical data were presented in the experimental studies of Harder to
validate the nature, composition, and crystallinity of the synthesized solids, as recommended
by Kloprogge et al. (1999). Despite the apparent lack of constraints it is generally accepted
that smectite formation is usually enhanced at neutral to alkaline pH, in the presence of Mg, at
silica concentrations typically undersaturated with respect to amorphous silica, and as the geo-
chemical composition of the initial solution is equal to ideal smectite stoichiometry (Harder,
1972, Kloprogge et al., 1999). There remains, however, a significant gap in knowledge con-
cerning the effect of Fe*" incorporation on the properties and structure of trioctahedral ferrous
saponite.

The aim of the present study was to determine the influence of solution chemistry, tempera-
ture, and reaction time of synthesis on the mineralogy, composition, and thermal and chemical
stability of synthetic ferrous saponite. The recognized chemical variability of synthesized and
natural occurring trioctahedral clay minerals in the Fe-Mg-saponite solid solution is discussed

in relation to the boundary conditions of ferrous saponite formation.

2.3 Experimental design and methods

2.3.1 Experimental design and clay mineral synthesis

Ferrous saponite was synthesized in Teflon-lined, stainless steel autoclaves under hydrother-
mal conditions. Freshly prepared solutions with distinct Si:Fe:Mg ratios, which equaled ideal
smectite compositions, were obtained by mixing appropriate volumes of sodium orthosilicate
(Na4SiQy), iron(Il)sulphate (FeSO4-6H,0), and magnesium chloride (MgCl,-6H,O with <
0.005 mass% of K and Ca) of analytical grade. In all experiments (Table 2.1), a total of two

grams of the salts were diluted in 50 mL of ultrapure water, which contained 0.05 mass% of
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sodium dithionite (Na;S,04) to establish reducing conditions. The pH of the initial solutions
was adjusted to 8.5 £ 0.1 by stepwise addition of 1 M NaOH. In order to investigate the
influence of the solution chemistry on the clay mineral composition the solutions containing
initial molar Si:Fe:Mg ratios of 4:1.82:0.18 (N13-15), 4:1.75:0.25 (N1-3), 4:1.5:0.5 (N7-9),
4:1:1 (N4-6), and 4:0:2 (N16-18) were aged at 120°C £ 5°C. The effect of temperature on
clay mineral for-mation was studied by aging solutions with a molar Si:Fe:Mg ratio of 4:1:1 at
60°C (N19-21), 120°C (N4-6), and 180°C (N10-12), each + 5°C. After a reaction time of 2, 5,
and 7 days the respective individual experiment was cooled down to about 40°C within 12
hours and precipitates separated by filtration using 0.45 pm acetate filters. Subsequent to dry-
ing at 40°C, adsorbed electrolytes were removed from precipitates by dialysis (24 hours, three
times). The final experimental solutions were filtered and acidified with 6% nitric acid to pre-

vent Fe oxidation and further precipitation.

Table 2.1: Experimental setup and chemical compositions of the initial experimental solutions. Reducing condi-

tions were achieved in all experiments by addition of the reducing agent sodium dithionite.

Experimental design Initial experimental solution chemistry
T Reactiontime| Si:Fe:Mg Si Fe Mg Initial
Sample [°C] of synthesis [molar] [mg-L"] [mg-L"] [mg-L"] pH
N1 120 2 days 4:1.75025 3537 3152 201 84
N2 120 5 days 4:1.75025 3536 3155 201 84
N3 120 7 days 4:1.75.025 3539 3154 200 84
N4 120 2 days 411 3690 1885 824 84
N5 120 5 days 4:1:1 3692 1885 823 84
N6 120 7 days 411 3692 1885 823 84
N7 120 2 days 41505 3581 2742 399 85
N8 120 5 days 41505 3581 2742 399 85
N9 120 7 days 41505 3581 2742 399 85
N10 180 2 days 4:1:1 3690 1885 825 85
N11 180 5 days 411 3691 1885 825 85
N12 180 7 days 4:1:1 3690 1885 824 85
N13 120 2 days 4:1.82.0.18 3514 3270 138 85
N14 120 5 days 4:1.82.0.18 3514 3270 138 85
N15 120 7 days 4:1.82.0.18 3514 3270 138 8.5
N16 120 2 days 4.0:2 3935 0 1753 85
N17 120 5 days 4.0:2 3935 0 1753 85
N18 120 7 days 4.0:2 3935 0 1753 85
N19 60 2 days 4:1:1 3693 1884 824 85
N20 60 5 days 411 3691 1887 825 85
N21 60 7 days 4:11 3691 1884 837 8.5

2.3.2 Analytical methods

The pH of the initial and final experimental solutions was measured with a WTW Multi 3501
at 25°C. For the calibration of the Multi-parameter probe buffer solutions of pH 4, 7, and 10
were used. The Fe, Mg, and Si concentrations of the acidified final experimental solutions

were analyzed by inductively coupled plasma optical emission spectroscopy (ICP-OES) using

32



a PerkinElmer Optima 4300 DV. A NIST 1640a standard was measured at the beginning and
at the end of the analyses, with an analytical error of < 10% for the above elements.

X-ray diffraction (XRD) patterns of randomly oriented preparations were recorded to identify
the mineralogy of the synthesized precipitates using a PANalytical X'Pert PRO diffractometer
(Co-Ka radiation) operated at 40 kV and 40 mA. For the preparation of the specimens the top
loading technique was used. The diffractometer is equipped with a Scientific X'Celerator de-
tector, 0.5° antiscattering and divergence slits, spinner stage, primary and secondary soller,
and automatic sample changer. The preparations were X-rayed from 4-85° 20 with a step size
of 0.008° 20-s™ and a count time of 40 s-step'. Oriented preparations were made for further
XRD analysis of the clay minerals using a Phillips PW 1830 diffractometer (Cu-Ka radiation,
40 kV and 30 mA) outfitted with automatic slits, a graphite monochromator, and a scintilla-
tion counter. For the preparation of the samples 50 mg of the precipitate was mixed with 5 mL
of deionized water and dispersed for 10 min in an ultrasonic bath. Oriented mounts were then
prepared by suction of the clay-in-suspension through a ceramic tile of about 4 cm?. These
thin clay films were X-rayed from 3-30° 20 with a step size of 0.02° 26-s™ and a count time of
2 s'step”’, each at air dried conditions and subsequent to the solvation of the preparations with
ethylene glycol (EG) and heating of the specimens to 550°C for one hour.

The composition of the synthesized clay matter was analyzed with a Phillips CM 20 transmis-
sion electron microscope (TEM) equipped with a Noran high purity Germanium (HPGe) de-
tector for energy-dispersive X-ray spectroscopy (EDX) analysis. Twelve precipitates from ex-
periments N4-15, the samples which contained ferrous saponite, were prepared on holey C
grids, following standard TEM preparation procedures. An accelerating voltage of 200 kV
and a count time of 30 s were applied to reduce element migration and element loss during the
TEM-EDX measurements. In order to verify the accuracy of the EDX results two clay mineral
standards, the Garfield nontronite and ferroan saponite (Dill et al., 2011), were analyzed
accordingly. The analytical reproducibility was 5-10% for Fe,Os, Al,O3, SiO,, and MgO
analysis and 10-30% for K,O, CaO, and Na,O analysis, which is equivalent to an analytical
error of < 3 mass% for Fe,Os3, AL,O3, Si0,, and MgO, and < 1 mass% for K,O, CaO, and
Na,O, respectively.

TEM images, selected area electron diffraction (SAED) patterns, and electron energy-loss
spectroscopy (EELS) data were obtained using a FEI Tecnai F20 instrument fitted with a
single-crystal LaBg Schottky Field Emitter, a Gatan imaging filter, and an UltraScan CCD
camera. The EELS spectra were acquired in the TEM collection mode of the microscope

using a convergence semi-angle of 6.06 mrad, a semi-angle of 11.9 mrad, 200 kV accelerating
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voltage, and an acquisition time of 100 s. The energy resolution was AEpwym = 0.5 eV, ex-
pressed as the full width at half maximum (FWHM) of the zero-loss peak. Instrumental details
and potential effects on the Fe oxidation state induced by electron beam irradiation as well as
the evaluation of the EELS data are discussed in detail by van Aken et al. (1998) and Garvie
et al. (1994). Background subtraction of the EELS spectra was realized using an inverse
power-law function, which was extrapolated from the O K pre-edge region. The intensity ratio
of the Fe** L;and F et L, lines, I 3/Ir,, was calculated by integration over the 708.5-710.5 eV
and 719.7-721.7 eV ranges (Lanson et al., 2012). The Fe’*/ZFe ratio and the corresponding
ferrous/ferric Fe ratio in minerals was determined using the integral Fe L, ;-edge white-line
intensity ratios, expressed as I;3/I1,, as a function of the ferric iron concentration, as reported
in van Aken et al. (1998). Finally, structural formulae were calculated for the synthesized clay
minerals, on the basis of 22 negative charges (Bailey et al., 1980), using the Fe*'/Fe’" ratios
determined by TEM-EELS and assuming (i) tetrahedral Si*" + AI’" + Fe’" is equal to 4, (ii)
Fe* rest, Al s, Fe*', and Mg”" occupy the octahedral sheet, and (iii) K*, Na™, and Ca®" are
located in the interlayer sites (see discussion for further explanations).

The thermal evolution of synthesized precipitates was studied using combined thermo-gravi-
metry (TG), differential scanning calorimetry (DSC), and mass spectrometry (MS) performed
on a Netzsch 409 PC thermobalance apparatus connected to a Pfeiffer Thermostar quadrupole
mass spectrometer. 100 mg of precipitate was equilibrated at 53% relative humidity and then
heated from 30°C to 1000°C at a constant heating rate of 10 K/min under air flow.
Mid-infrared spectra (MIR) were obtained for saponite identification. Standard KBr pellets
were therefore prepared by mixing 1 mg of sample with 200 mg KBr. Subsequently, Fourier
transform infrared spectroscopy (FTIR) was carried out on a Thermo Nicolet Nexus FTIR
spectrometer fitted with a DTGS TEC detector. The spectra were recorded in the range from

4000 to 450 cm™! with a resolution of 2 cm™.

2.4 Results

2.4.1 Evaluation of synthesized precipitates and final experimental solutions

The bulk mineralogy of the synthesized precipitates and the geochemical compositions of the
final experimental solutions are reported in Table 2.2. The highest proportion of ferrous sapo-
nite was obtained in experiments N4-N15 (T > 120°C). At the lower temperature of 60°C and
in the absence of Fe*" supply only trace amounts of ferrous saponite (N19-21) and minor Mg-

saponite (N16-18) were detected, whereas possibly antigorite was formed in experiments N1-
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3. In addition to the trioctahedral clay minerals, 2-line ferrihydrite, brucite, and opal-CT were
identified by XRD study of the received precipitates. The proportion of individual reaction
products depended mainly on the initial solution chemistry (Table 2.1). Due to abundant 2-
line ferrihydrite most of precipitates had a yellowish orange to reddish brown color. Accor-
dingly, the final experimental solutions were optically clear with only little yellow coloration
attributed to the presence of small amounts of ferric Fe (0.1-2.3 mg-L™). The solubility pro-
duct of ferrihydrite is considerable low at strongly alkaline conditions such as that of the final
experimental solutions, thus, ferric Fe concentrations should reflect occurrences of (nano)par-
ticulate ferrihydrite. The Mg concentrations were found to be always below the detection limit
of the ICP-OES analyses (< 0.1 mg-L™). The final Si concentrations remained at a low to mo-
derate level, with concentrations ranging from 90 up to 2600 mg-L™". In the following section,
the mineralogy and composition as well as the spectroscopic and thermo-analytical results are
presented, in particular of synthesized precipitates from experiments N4-15, the samples that

contained ferrous saponite.

Table 2.2: Chemical compositions of the final experimental solutions. The final Mg concentrations were always
below the detection limit (b.d.l.) of ICP-OES analyses. The mineralogy and color of synthesized precipitates are
indicated on the right.

Experimental design Final experimental solution chemistry Characterization of the synthesized precipitates
T  Reaction time Si Fe Final Mineralogical composition Color
Sample ['C] of synthesis [mgL"] [mg-L™ pH Fe-Sap Sap Atg(?) Fh__ Brc_ CT-Op [Munsell Chart]
N1 120 2 days 119 02 126 - - + +44 + 4 Dusky brown
N2 120 5 days 108 05 126 . - + ‘he + e Dusky brown
N3 120 7 days B89 05 126 + e + ++  Moderate brown
N4 120 2 days 2408 14 123 ++ - - *+ ++ + Yellowish orange
NS 120 5 days 2395 10 124 e . " N Yellowish orange
NE 120 7 days 1968 18 125 vee . o . . +  Yellowish orange
N7 120 2 days 2061 0.7 125 +4 - - s . ++ Reddish brown
N8 120 5 days 1584 13 12.7 o - - .- - Reddish brown
N9 120 T days 2555 05 12.7 et . +  Yellowish orange
N10 180 2 days 1451 23 126 ret . + ” Olirve brown
N11 180 5 days 423 07 129 +44 - + - . Olive brown
N12 180 7 days 569 bdl 12.7 e . . . Olive brown
N13 120 2 days 1705 06 12.7 +ee - - -+ . + Yellowish orange
N14 120 5 days 2222 0.1 126 44 . . + E ++  Yellowish orange
N1§ 120 T days 1678 12 126 rot + " +  Yellowish orange
N16 120 2 days 2365 bdl 12.7 . e e whilte
N17 120 5 days 2578 bdl 126 . . . . e ‘e white
N18 120 7 days 1877 bdl 127 . . . . e e white
N19 60 2 days 2562 06 127 B . . e S o \a Reddish brown
N20 &0 5 days 2184 09 126 . - - ++ e + Reddish brown
N21 60 T days 2460 02 126 = i e re Reddish brown |

2.4.2 Mineralogical composition of synthesized clay minerals

The XRD patterns of randomly oriented precipitates from experiments N4-N15 (see Fig. 2.1)
display broad dgo;-reflections between 12.5 A to 14.0 A, indicative of smectite with one to
two water layers in the interlayer. No 00l-reflections were detected at lower diffraction angles,
suggesting a lack of ordered interstratification. At higher diffraction angles broad, asymmetric

peaks were recognized at 4.58-4.62 A (di1-02), 3.10-3.15 A (doos), 2.61-2.64 A (dy3-20), and

35



1.70-1.72 A (di524.31). The diagnostic doso-value was at 1.534-1.544 A. At an elevated tem-
perature of 180°C and with increasing molar Fe:Mg ratio of the initial solution, the dog-value
shifted to lower diffraction angles (Fig. 1), which documents the incorporation of ferrous Fe
in the saponite structure. Decarreau et al. (2008) also reported a doso-value at 1.54 A for syn-
thetic, strictly ferric nontronite. The existence of nontronite in our samples, as the most likely
alteration product of ferrous saponite, can therefore not be ruled out. However, it is evident
that trioctahedral structural units dominate in our precipitates, as evident by comparison with
XRD pattern of natural Ballarat saponite (Post, 1984), because the position of all hkl-reflec-
tions mentioned are similar, except for the lower intensities and notably higher dys-value for
all types of synthesized clay minerals. The dyeo-value for the Ballarat saponite was reported to
be 1.53 A (Post, 1984). These differences reflect variations in Fe content of the ferrous sapo-
nites synthesized in the present study compared with that of the Ballarat saponite.

The XRD patterns of the oriented, air dried clay preparations show dgo;-values from 12.0 A to
13.5 A, indicating that Na' ions mainly occupy the interlayer sites of the synthesized clay
matter. After EG-solvation of the clay preparations the basal spacing increased to 16.9-17.1 A
(Fig. 2.1), reflecting the smectitic nature of the clay mineral precipitates. Thus, no indication
for ordered interstratification was evident in the XRD patterns. Subsequent to heating the clay
films to 550°C the dgo;-value decreased to ~10.0 A, reflecting the collapse of the interlayer
sites of the ferrous saponites. With increasing temperature of synthesis, from 120°C to 180°C,
the doo1- as well as the hkl-reflections of the synthesized ferrous saponite became sharper, as-
sociated with an increase in diffraction intensity (Figs 2.1-A and 2.1-B). At an elevated molar
Fe:Mg ratio of the initial solution, a similar trend was recognized (Figs 2.1-A and 2.1-D), sug-
gestive of more ordered stacking sequences in ferrous saponite at an elevated structural Fe
content. Only, the ferrous saponite obtained from a molar Fe:Mg ratio of 1.5:0.5 frequently
yielded broader and less intense hkl-reflections (Fig. 2.1-C). However, all diffraction peaks
became more well-defined and sharper with longer reaction time of synthesis. The latter fea-
ture is suggested to reflect changes in the crystallite size of the synthesized ferrous saponite,

as discussed below.

2.4.3 Particle shape, mineralogy and composition of synthesized clay minerals

Representative TEM images of the precipitates (Fig. 2.2) obtained after five days of reaction
time typically show micrometer-sized aggregates of clumped clay mineral particles. The indi-
vidual particles are < 50 nm in size, have a platy shape with curled edges, and are mixed with

fibrous particles ~50-200 nm in length, as seen in precipitate N5 (Fig. 2.2-A).
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Fig. 2.1: XRD patterns of randomly oriented preparations (black curves) of precipitates from experiments N4-
N15. XRD patterns of glycolated clay films (grey curves) show that the synthesized clay matter is purely smec-
titic. The unlabeled peaks correspond to trioctahedral ferrous saponite. Coding: B: brucite; CT: opal-CT; Fh: 2-

line ferrihydrite; d: days reaction time.

37



brucite fibres

g -
A
3|

Fig. 2.2: Low-resolution TEM images and SAED patterns of precipitates obtained after 5 days of reaction time
for (A) Fe:Mg=1:1 (M), T =120°C, (B) Fe:Mg = 1:1 (M), T = 180°C, (C) Fe:Mg = 1.5:0.5 (M), T = 120°C, and
(D) Fe:Mg = 1.82:0.18 (M), T = 120°C. Natural occurring ferroan saponite (E) and Garfield nontronite (F) are
shown for comparison. The SAED patterns of all types of synthesized ferrous saponites (insets 1, 3, 5-6) are

similar to that of the natural trioctahedral analogue (distances in the SAED patterns are labeled in nm).
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The SAED patterns of clay mineral particles show weak diffraction rings, indicative of turbo-
stratically disordered smectite, whereas the SAED patterns of the fibrous particles display dis-
crete Bragg spots, typical for brucite. In the precipitate N8, aggregated particles, ~20-50 nm
in diameter with either a platy or a pseudo-hexagonal shape occurred (Fig. 2.2-C). Both of the
particle types display weak, but diagnostic diffraction rings, indicative of smectite and 2-line
ferrihydrite. The precipitate N14 was composed mainly of aggregated smectite particles that
are commonly < 50 nm in size (Fig. 2.2-D). Larger smectite crystallites ~50-100 nm in their
largest dimension were recognized only in precipitate N11 (Fig. 2.2-B), probably reflecting
the higher synthesis temperature of 180°C. Small admixtures of 2-line ferrihydrite and brucite
were also identified in this sample. The SAED patterns of all types of synthesized smectite are
similar to that of the natural occurring ferroan saponite (Fig. 2.2-E), but differ from that of
Garfield nontronite (Fig. 2.2-F), as seen by the absence of the 0.37 nm diffraction ring. This
structural similarity suggests the nature of the synthesized clay minerals to be mostly triocta-
hedral, as confirmed by the XRD data.

In order to determine the composition and the oxidation state of Fe within the synthesized fer-
rous saponites 59 TEM-EDX and 42 TEM-EELS analyses were made on single clay mineral
particles from experiments N4-N15. The areas of investigation were selected carefully by pre-
vious analysis of the SAED patterns to ensure the absence of brucite and 2-line ferrihydrite in
the EDX spot analyses. The EELS data of ferrous saponite particles revealed Fe*"/ZFe ratios
ranging from 0.16 to 0.20, which is equivalent to Fe*"/Fe’" ratios from 5.3 to 4.0, respectively
(Fig. 2.3). The Fe’"/ZFe ratio of the natural occurring ferroan saponite was slightly higher
(0.38), with a correspondingly lower Fe*"/Fe’" ratio of 1.6, compared to the synthesized sapo-
nites. In contrast, the Fe bound in the Garfield nontronite was mainly ferric, as expressed by
the elevated Fe’"/ZFe ratio of 0.9. Due to the fact that the Fe*/Fe’" ratios for wuestite and he-
matite as well as for the two clay mineral standards were in accordance with the literature,
changes in the valence state of Fe due to electron beam irradiation during the TEM-EELS
analysis are considered unlikely.

By combining the Fe*"/Fe’” ratios derived from the EELS data with the compositions based
on TEM-EDX analysis, structural formulae were calculated for the ferrous saponites (Table
2.3). The octahedral occupancies of the ferrous saponites ranged from 2.65-2.85 and are close
to the trioctahedral end member. It was recognized that the proportion of Fe*” and Fe*” in the
octahedral sheet of the ferrous saponites increased notably with the increasing molar Fe:Mg
ratio of the initial solutions. This was seen in the evolution of Y'Fe*" + Y'Fe** content (based

on O;o(OH),) for the ferrous saponite synthesized at 120°C, with 0.37-0.61 atoms per formula
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unit (a.p.f.u.) at Fe:Mg = 1:1, 1.03-1.52 a.p.f.u. at Fe:Mg = 1.5:0.5, and 2.18-2.69 a.p.f.u. at
Fe:Mg = 1.82:0.18. A higher V'Fe*™+"'Fe*" content of 0.58-1.01 a.p.fu. was found in the
ferrous saponites synthesized at 180°C and at the initial molar Fe:Mg ratio of 1:1. Abundant
Fe*" substitutions for Si*" (0.00-0.37 a.p.f.u.) were evident in the tetrahedral sheets (Table 2.3)
of all types of synthesized ferrous saponites, and Na’ (0.44-0.59 a.p.f.u.), among small

proportions of K and Ca**, was found to be the dominant ion occupying the interlayer sites.

Normalized intensity

Energy-loss AE (eV)

Fig. 2.3: Fe L,3-edge electron energy-loss near-edge structures of single ferrous saponite particles (N4, N8, N11,
and N14) obtained after five days of reaction time. The EELS spectra of ferroan saponite (Fe-Sap), Garfield non-
tronite (G-Non), wuestite (FeO), and hematite (Fe,0) are implemented for comparison. All data have been nor-
malized to the integral L;3-edge intensity of spectra N4. The dashed line represents the background function
used for determination of the Fe**/SFe ratio. The dotted lines indicate the Fe*'- and Fe’'-maxima at the Ls-edge,

which are located at 707.8 and 709.5 eV, respectively.
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Table 2.3: Individual and averaged (@) chemical compositions and calculated structural formulae of ferrous

saponite particles from experiments N4-N15. The Fe*'/Fe’" ratios were derived from TEM-EELS analyses.

[Elemental chemistry of synthetic clay mineral particles (in mass’%) based on TEM-EDX; initial Si:Fe:Mg (M) = 4:1:1; T=120C

N4 N4 N4 N4 N4(O)] NS NS NS NS NS NS(@) N6 N6 N6 N6 N6 N6(O)
SO, 6201 6409 6122 5954 g171| 6180 6427 6167 6138 57.71 6136 5066 6318 6348 €040 6084 6151
FeO 784 703 795 885 792| 864 708 7905 688 938 798 | 957 833 747 691 810 808
Fe,0, 218 195 221 246 220 | 240 197 221 191 261 222 | 266 231 207 192 225 224
MgO 2418 2288 2455 2520 2420 2289 2210 2397 2578 2550 2407 | 23690 2187 2267 2638 2456 2383
Na,O 379 405 407 394 397 | 381 404 407 390 415 399 | 420 393 408 425 387 407
KO bdl bdl bdlL bdl bdl| 046 055 014 016 05 037 | 021 0338 023 013 038 026
Sum 10000 100.00 100.00 100.00 100.00| 100.00 100.00 100.00 100.00 100.00 100.00| 100.00 100.00 100.00 100.00 100.00 100.00

Atoms per formula unit (a.p.L.u.) based on Oy (OH),

N4 N& N4 N4 N4(Z)) NS NS NS NS N5 NS(@)] N6 N6 N6 N6 N6 N6(O)
si* 365 399 391 384 394 | 396 400 394 390 380 393 | 386 400 2399 386 39 363
“Fe*™ 005 001 009 016 006 | 004 000 006 010 020 007 | 014 000 001 014 010 007
TC 005 001 009 016 .005| 004 000 006 010 -020 -007| 014 000 001 D14 010 -007
“Fe©© 042 037 043 048 042 | 046 041 042 037 041 043 | 052 044 040 037 043 043
YFe™ 005 006 002 000 004 | 008 009 004 000 000 003 | 000 008 009 000 001 004
“w" 230 228 234 23 230 | 219 220 228 244 240 230 | 229 218 222 242 235 221
™ 27T 211 279 284 276 | 273 270 274 281 281 276 | 281 270 271 279 279 2714
ocC 041 05 040 032 044 | 046 051 048 038 038 045| 038 052 049 042 041 .048
Na' 047 050 050 049 049 | 047 0S50 050 048 052 050 | 053 049 050 053 048 050
K* 000 000 OO0 OOO OO0 | OO4 O0O4 O0O1 001 005 003 | 002 003 002 001 003 002

ILC. 047 050 050 049 049 | 051 054 051 049 057 053 | 055 052 052 054 051 052

wmd.mwmummmmm on TEM-EDX: initial Si:Fe:Mg (M) = 4:1,5:0.5; T=120C
N7 N7 N7 N7 N7(@)| N8 N8 N8 N8 N8 NS(D)| N9 N9 N9 N9 N9 N9 (D)
SO, 5681 5645 5563 5513 5513 5563 | 5627 5607 5303 5502 5450 5552 | 5544 5705 5684 5500 5500 5608
FeO 2148 1964 1767 1963 2158 2012 | 1980 1831 2261 1970 2161 2041 | 2011 2189 2100 2241 1842 2077
Fe0, 52 486 438 479 528 4N 483 44T 551 480 527 498 491 534 512 547 449 508
MgO 1316 1438 1770 1612 1365 1500 | 1523 1608 1374 1532 1452 1498 | 1500 1154 1348 1281 1715 1401
Na,O 432 397 420 397 409 411 | 354 397 403 423 389 393 | 421 381 3% 420 35 386
KO  badl 034 bdl 037 01 016 | 019 020 007 002 020 014 | 024 026 bdl 001 025 015
Cal bdl 007 011 bdl 019 o007 014 bdlL 010 bdlL OO 005 bdl o1 oo 000 019 008
Sum 10000 10000 10000 10000 10000 1000O0|10000 10000 10000 10000 10000 10000 | 10000 10000 10000 10000 10000 10000

Atoms per formula unit (a.p.f.u.) based on Oy (OH).
NT N7 NT N7 NT NT(@)| N8 N8 N8 NS N8 NS (D) N9 N9 N9 N9 L N9 (©)

si* 385 387 378 379 382 382 | 385 386 377 383 378 382 | 381 393 389 383 I/ 366
“Fe™ 015 013 02 021 018 018 |05 01 023 017 022 018 o1 007 OnN 017 019 014
TC 015 013 02 oOo1 08 018|015 o014 023 07 D22 018 | 019 007 011 017 D19 014
“Fe™ 124 1.14 102 1.13 125 1.16 1.13 104 132 113 125 1197 1.16 126 120 1.30 1.15 1.19
YFe® 012 012 001 003 009 O0O7 | 009 009 005 008 006 007 | 007 020 016 011 004 012
Ymg™ 135 147 179 165 141 154 | 155 163 143 15 15 154 | 15 119 138 133 164 1.44
~ 2n 273 282 281 275 27T | 27T 276 280 277 281 278 | 278 265 274 274 283 275
OC 046 042 035 035 04 039|037 039 035 038 032 037|037 05 038 041 030 038
Na® 058 053 055 053 0S5 055 | 047 052 05 05 052 052 05 05 047 0S7T 046 051
| 000 003 000 003 OO oo 002 002 001 000 OO2 oo 002 002 000 000 002 001
ca™ 000 001 001 000 001 001 | 001 000 001 000 000 000 | 000 001 000 000 001 0.00
1LC DS8 0S8 057 05 058 058 | 0S51 054 058 0S6 054 053 | 058 055 047 0ST 0S50 052

Elemental chemistry of synthetic clay mineral particles in mass %) based on TEM.EDX: iniial Si:Fe:Mq (M) - 4:1:1; T-180°C

NIO  N10 N1O  N10 N10 N10(@)| N11T N1 NIT NIT N1 NT1(@)| NIZ N1Z N1Z NIZ N1Z N12(9)
S0, 6043 5091 5881 5354 €051 S064 | 5989 5787 6108 5775 €045 5941 | 5846 6151 5854 5816 6137 59861
FeO 1205 1074 1338 1298 1354 1254 [1076 1225 1375 1321 1256 1251 [ 1426 1173 1384 1507 1236 1345
Fe,0, 335 262 326 317 330 314 |29 299 33 32 305 312 [ 3% 285 33 388 301 3B
MgO 2006 2305 2091 2154 1875 2086 (2281 2294 1801 2163 2019 2112 (1941 2005 2029 1872 1963 1982
Na,O 41t 369 363 378 390 382 |35 395 381 419 374 385 | 3% 369 345 437 347 3IM
K0 bdl bdl bdl bdl bdl bdl | bdl bdl bdl bdl bdl bdl bdl 017 050 bdL 017 017
Sum 10000 10000 10000 10000 100.00 10000 [100.00 100.00 100.00 10000 10000 100.00 (10000 100.00 10000 100.00 100.00 100.00

Atoms per formula umit (ap fu.) based on O (OH)
N10 N10 N1D N1O N10 N10 ()| N11 N1t N11 N1 N1T N11 (&) N12 N12 N12 N12 N1Z  N12 (&)
Si% 3% 388 387 385 397 3% | 388 383 400 382 3N 389 360 399 387 387 399 392
Me* 006 012 013 015 003 010 | 012 017 000 018 005 O 013 001 013 013 OO oo8
! 006 .012 013 .06 003 010|012 017 000 HB8 -009 01 |.013 001 013 013 001 008
Mpet* 068 05 074 071 074 069 |05 067 075 073 069 068 | 079 O0B4 077 OB4 O0B7 074
MEg O oo 003 00" 013 005 |O0O3 OO0 O 000 009 004 007 013 004 006 014 009
Vgt 195 223 205 211 183 204 | 221 2148 177 210 198 206 192 194 200 18 190 192
™ amn 282 282 283 270 279 | 282 285 269 283 2™ 278 | 278 2N 280 27 21N 275
OC 045 03 033 03 .04 036 |033 030 .045 034 039 040 |-037 045 034 042 044 041

Na* 052 046 046 048 050 043 | 045 050 048 054 04 049 | 050 046 044 05 044 048
K 000 OO0 OO0 OO0 OO0 OOO | OO0 OO0 OO0 OOD OO0 OOO |OOO OO' OO4 OO0 OO om
IC_ 052 046 04 048 050 043 | 045 050 048 054 047 049 | 050 047 048 055 045 049 |

b.d.1.: below detection limit; T.C.: tetrahedral charge; O.C.: octahedral charge; I.C.: interlayer charge.
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Table 2.3: Continued.

Elemental chemistry of synthetic clay mineral particles (in mass%) based on TEM-EDX: initial Si:Fe:Mg (M) = 4:1.82:0.18;: T=120°C

N13 N13 N13 N13 N13 N13 (@) Ni14 Ni4 Ni4 Ni4 N14 N14(O)| N15S N1§ N1§ N1§ N1§ N15(Q)
SO, 4972 4937 5183 4965 5053 5023 | 5140 4884 5093 4745 4068 4968 | 4762 5137 5240 5251 5015 5081
FeO 3637 3669 3417 3688 355 3593 | M23 3673 3512 3ITAT 3614 3504 | ITES MOT M3 3382 BS54 B2
FeD, 770 777 723 780 752 760 | 724 177 743 703 165 761 | 797 7740 12 7116 752 7145
MgO 217 213 248 222 256 231 | 346 264 264 316 283 294 | 275 279 242 292 269 272
Na,O 352 380 37 334 363 368 308 362 376 355 356 304 381 333 305 334 360 154
KO 013 025 054 010 021 024 | 027 019 011 bdl 005 012 | 019 006 008 025 048 021
Ca0 b.dl bdl bdl bdl bdl bdl 024 bdl bdl bdl 0.09 0.06 bdl 0.18 004 bdl 0.03 005
Sum 10000 100.00 10000 10000 10000 10000 |10000 10000 10000 10000 10000 10000 | 10000 10000 10000 10000 10000 10000

Atoms per formula unit (a.p.fu.) based on Oy (OH).
N13 N13 N13 N13 N13 N13 (D) N4 Ni4 N14 N4 N14 N14 (D) N18 N18 N18 N18§ N1§8 N1§(2)

S 375 74 385 ars are arm ig2 an 380 iga ar4 aT4 aes5 k¥ v 387 as7 anm 380
"Fe™ 025 026 015 025 o1 022 0.18 029 020 037 026 026 035 018 013 013 023 020
TC 025 026 015 025 H21 022 | 018 020 020 037 026 026 |-035 018 013 013 H23 LN
YFe™ 230 232 212 233 223 22 212 23 219 240 228 227 24 218 21 200 223 220
"Fe™ 019 018 026 020 o 021 02 015 022 009 018 018 on 024 028 027 021 023
'Mq:' 024 024 027 026 029 026 038 030 029 0.36 032 031 on 1 Jch ] 027 032 030 030
™ 273 274 265 278 273 273 272 278 270 285 278 276 283 273 266 268 274 273
ocC 0 35 034 D44 D024 03 033 | 0 020 038 o1 026 0.30 023 030 040 037 03 D31
Na* D57 05 053 0490 053 054 | 044 05 054 05 05 053 | 057 047 05 048 055 0%
K 001 0.02 005 oM 002 002 003 0.02 001 0.00 0.00 0.01 ooz o001 om 002 0.04 002
Cr 000 000 000 OO00 OO0 000 002 000 000 000 oo 0.01 000 001 000 000 000 0.00
1LC 058 058 05 0S50 0S5 05 051 058 05 05 054 056 059 050 054 05 057 053

b.d.1.: below detection limit; T.C.: tetrahedral charge; O.C.: octahedral charge; I.C.: interlayer charge.

2.4.4 Thermal analysis of synthesized precipitates

The TG curves of the synthesized ferrous saponites and experimental by-products (Fig. 2.4-A)
obtained after seven days of reaction time exhibited a first strong weight loss of -12.4 to -15.0
mass% between 100°C and 200°C, a second moderate one between 350°C and 420°C (-1.1 to
-2.9 mass%), and a third rather small weight loss between 760°C and 780°C. The latter weight
loss (-0.3 mass%) was most obvious in precipitate N12, which according to the XRD results is
considered to contain the highest proportion of ferrous saponite, together with traces of 2-line
ferrihydrite and brucite. As evident in the MS (H,O) curves (Fig. 2.4-C) all of these weight
losses result from the stepwise removal of free water, surface water (~150°C) or structural
water (760-780°C) from ferrous saponite, or reflect the dehydration of 2-line ferrihydrite
(~125°C) or the dehydroxilation of brucite (350-420°C). One small MS (CO,) peak was found
near 300°C, which may reflect the oxidation of organic matter, although we do not have a
proper explanation for the origin of organics in our precipitates.

The DSC curves (Fig. 2.4-B) displayed two well-defined endothermic peaks at 125°C and
150°C, which correspond to the dehydration of 2-line ferrihydrite (Eggleton & Fitzpatrick,
1988) and ferrous saponite, respectively. The strong endothermic peak near 380°C documents
the dehydroxylation of brucite (Ramachandran et al., 2002). No clear indication of oxidation
of ferrous iron was found in the entire DSC curve. It may occur already during dehydration or

could also be a continuous process of a broad temperature span. The constant but slow exo-
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thermic reaction between 400-750°C may be attributed to partial dehydroxylation of nontro-

nite-like domains within the ferrous saponite structure, but it can be also simply baseline drift.
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Fig. 2.4: Thermo-analytical results of mineral precipitates obtained after 7 days of reaction time. A) Thermo-
gravimetric (TG) curves. B) Differential scanning calorimetry (DSC) curves. C) Mass spectrometry (MS-H,0)
curves. The DSC and MS-H,0 peaks at 150°C and between 760°C to 780°C reflect the dehydration and de-

hydroxylation temperature of synthesized ferrous saponite.
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At 530°C another small exothermic peak was detected, which probably reflects the crystalli-
zation of hematite (e.g. Decarreau & Bonnin, 1986), i.e. from dehydrated ferrihydrite precur-
sors. The 380°C and 530°C DSC peaks were most obvious in the precipitate of experiment
N6, which based on XRD data, contains moderate proportions of ferrihydrite and brucite and
major ferrous saponite. Precipitate N12 produced another small endothermic peak between
760°C and 780°C, followed by a strong exothermic peak at 800-810°C. These DSC peaks are
suggested to reflect final dehydroxylation of Mg-rich trioctahedral compositions within the

ferrous saponite structure and subsequent recrystallization into enstatite (Che et al., 2011).

2.4.5 Mid-infrared spectra of synthesized precipitates

The FTIR spectra of the synthesized precipitates obtained after 7 days of reaction time as well
as of natural ferroan saponite are presented in Fig. 2.5. The IR spectrum of the < 2 um grain
size fraction of natural saponite yielded a well-defined IR band at 3680 cm™ and another less
intense IR band at 3630 cm™ (Fig. 2.5-A). These IR bands are attributed to the Mg;OH and
AIMgOH stretching vibrations (Dill et al., 2011) and are diagnostic for saponite. These IR
bands are rather weak (3680 cm™) or absent (3630 cm™) with regard to the synthesized fer-
rous saponites. Iron substitution in Mg-rich clays moves the Mg;OH stretching band towards
a lower frequency (Cuadros et al., 2008) and the synthetic clay minerals show some, but not
totally resolved modulations below 3680 cm™ that may correspond to such substitutions. In
the precipitates a strong IR band was found around 3560 cm™ (Fig. 2.5-A), which corresponds
to FeFeOH and FeMgOH stretching vibrations (Dill et al., 2011). This band is indicative of a
dioctahedral structure. However, the Mg;OH deformation band at 680 cm™’, which was obser-
ved in all samples (Fig. 2.5-B), indicates the dominance of trioctahedral structural units. The
low intensity of the stretching mode may be explained by the fact that the dioctahedral bands
are generally more intense than trioctahedral ones, so that their relative intensities are not pro-
portional to the abundance of these structures in the samples (Russell & Fraser, 1994). The
presence of dioctahedral clay minerals such as nontronite and/or nontronitic domains is indi-
cated by infrared spectroscopy, contradictory to the XRD results. The IR band at ~3560 cm™
thus reflects Fe*" and Fe®* substitutions for Mg”" in the octahedral sheet of the synthesized
clay minerals, as seen by the progressively stronger 3560 cm™ band at higher Fe:Mg ratios of
the initial solutions. Further IR bands were detected at 816 cm™ (FeOHFe and Si-O-Si ben-
ding), 720 cm™ (Si-O bending), and 600 cm™ (Fe-O-Si bending) (e.g., Russell, 1979, Made-
jova et al., 1996, Cuadros et al., 2008). The IR bands below 500 cm™' are not well resolved

and hence cannot be interpreted further.
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2.5 Discussion

Laboratory studies on the formation conditions, chemical variability, and structural modifyca-
tions of synthesized Mg-saponite are numerous (€.g. Breukelaar et al., 1989, 1990, Farmer et
al., 1994, Grauby et al., 1994), but only few experimental studies focused on characterizing
the nature and properties of ferrous saponites. Decarreau & Bonnin (1986) reported on the nu-
cleation of ferrous stevensite, synthesized at 75°C. In contact with air the obtained stevensite
altered rapidly into nontronite-like smectite, suggesting that the primary precipitate was meta-
stable. Caillére et al. (1953, 1955) and Harder (1976, 1978) proposed to have synthesized fer-
rous saponite in a similar way by a sol-gel process, but unfortunately insufficient data to clari-
fy the nature and composition of their precipitate was provided. In the following section, the
evolution of the solution chemistry and precipitates is discussed by addressing the effects of
the molar Fe:Mg ratio of the initial experimental solution, temperature, and the reaction time
of synthesis on the mineralogy, structure, stability, and composition of the synthesized ferrous
saponites. The evolution of the crystallite size and a new approach to ferrous saponite forma-

tion is discussed, together with implications for understanding Fe-Mg-saponite solid solution.

2.5.1 Evolution of solution chemistry and synthesized precipitates

In the final experimental solutions the Mg (< 0.1 mg-L™) and Si (90-2600 mg-L™") concentra-
tions were reduced by >99% and ~29-97%, respectively, compared with the initial solutions.
Small amounts of remaining ferric Fe (0.1-2.3 mg-L™") refer to minor ferrihydrite, indicating
an almost complete removal of Fe*" in the final solutions, whereas the Na concentrations re-
mained constant at ~10,000 mg-L™". Notably, the solution pH strongly increased from about
8.5 to between 12.3 and 12.9 (Table 2.2). This almost total removal of Mg and Fe ions from
the solution, and the substantial removal of Si ions (Tables 2.1 and 2.2) resulted in 0.3 t0 0.6 g
of precipitates. Taking into account that the maximum amount of precipitate is 0.65+0.05 g,
calculated on a water-free basis and assuming a 100% removal of Mg, Fe, and Si ions, an
overall precipitation quota of 55-98% was achieved in the present experiments.

As evident from the XRD patterns (Fig. 2.1 and Table 2.2) and TEM-EDX data (Table 2.3)
the precipitates from experiments N4-N15 are predominantly composed of trioctahedral fer-
rous saponite, with small admixtures of 2-line ferrihydrite, brucite, opal-CT, and nontronite.
Modeling of the initial and final solution chemistry as well as of the saturation indexes (SI) of
the relevant mineral phases with the computer code PHREEQC using the minteq.v4 database
suggests that the salts containing Mg and Fe should be completely dissolved at pH 8.5 and
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25°C. Due to rapid hydrolysis of the Na-orthosilicate and the resultant progressive increase in
pH the solubility of amorphous silica changed from about 1200 mg-L™ at pH 10.8 to 40,000
mg-L™" at pH 11.3 (Greenberg & Price, 1957, Greenberg, 1958). This indicates that all experi-
menttal solutions were undersaturated in respect to amorphous silica at pH > 11. At pH > 10.4
the experimental solutions became oversaturated with respect to brucite (SI > 0.5) and triocta-
hedral clay minerals such as chrysotile and antigorite (SI > 10), and probably saponite. This
explains the abundant brucite in experiments N16-N21, the existence of antigorite in precipi-
tates N1-3, and the formation of ferrous saponite in experiments N4-15. The co-precipitation
of Fe*-hydrates such as goethite, lepidocrocite and 2-line ferrihydrite was initially thermody-
namically inhibited due to the high solubility of most ferrous Fe species under the experimen-
tal reducing and alkaline conditions (Cornell & Schwertmann, 2003). The dominant aqueous
species in such reducing environments are reflected to Fe(OH);™ and Fe(OH),. During quen-
ching and subsequent filtration of the final experimental solutions at the end of the respective
experiments the reducing agent Na-dithionite is considered to have been decomposed rapidly
(e.g. Harder, 1976). This resulted in oxidizing conditions in the final solutions, allowing Fe
oxidation to takes place and subsequently 2-line ferrihydrite and nontronite were formed. The

competing formation of brucite and ferrous saponite is discussed later in the paper.

2.5.2 Chemical stability of ferrous saponite

Badaut et al. (1985) studied the authigenic nature of trioctahedral ferrous smectite that formed
in recent superficial sediments of the Red Sea Atlantis II Deep and found these clay minerals
to be highly metastable. In contact with air and oxygenized water the saponite altered rapidly
into a dioctahedral nontronite-like smectite and Fe-hydroxides, whereby the alteration started
at particle peripheries and progressed into particle centers. Decarreau & Bonnin (1986) obser-
ved similar alteration features associated with the oxidation of ferrous stevensite. In the pre-
sent study, the IR data provide clear evidence for oxidative alteration of the synthesized clay
matter into a dioctahedral nontronite-like clay mineral. However, neither a separation of the
d(osoy-reflection was evident in the XRD and TEM-SAED data, as it had been reported by
Badaut et al. (1985) for altered ferrous saponite, nor changes in the particle shape were found.
This suggests that the compositions reported for the synthesized saponites represent unaltered
signatures. The oxidation of Fe*" in clay mineral structures is highly limited particularly in the
absence of water and these conditions are ideal for preservation of Fe*” in the synthetic sapo-
nites. The rate of such oxidation reactions is controlled mainly by the clay’s surface properties

such as surface area and particle thickness. The conversion rate of synthetic ferrous saponites
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into stable nontronite is thus expected to be slow, suggesting that the reported compositions

reflect original states (Table 2.3).

2.5.3 Crystallinity of synthesized ferrous saponite

Previous experimental studies on the formation of saponite-type clay minerals have demon-
strated that the crystallinity (particle size and ordering) of initially poorly crystalline saponite
particles increases (i) upon aging in aqueous solution (Decarreau, 1980, 1985), (ii) with in-
creasing solution pH (Caillére et al., 1954, Henin & Robichet, 1954), and (iii) at elevated tem-
peratures of synthesis (Kuchta & Fajnor, 1988). The XRD patterns of our precipitates (Fig.
2.1) also indicate a progressively higher state of ordering in the stacking sequences of ferrous
saponite particles with increasing reaction time, at higher temperatures from 120°C to 180°C
(only traces of poorly crystalline saponite were detected at 60°C), and in particular with in-
creasing molar Fe:Mg ratio of the initial solution. This is expressed by the successive decrease
of the FWHM, measured on the basal reflections of the ferrous saponite, which changes from
1.91-1.77° 20 (N4-6; T = 120°C; Fe:Mg = 1:1) and 1.73-1.51° 26 (N13-15; T = 120°C; Fe:Mg
=1.82:0.18) to 1.02-0.92° 26 (N4-6; T = 180°C; Fe:Mg = 1:1). Only the precipitates obtained
from experiments N7-9 (T = 120°C; Fe:Mg = 1.5:0.5) revealed a slightly higher FWHM of
2.21-1.97° 20, indicative of less crystalline ferrous saponite.

High-resolution TEM (HRTEM) fringe images, taken parallel to the layer plane of the ferrous
saponites, support the above changes in the crystallinity (Fig. 2.6). The lattice imaging of fer-
rous saponite particles from experiments N4-6 (Figs 2.6-A to C) show about 50-200 A thick
poorly-ordered stacking sequences with abundant layer terminations and layer deformations,
1.e. lattice strain and folding. In contrast, straight, well-defined, and almost defect-free stack-
ing sequences with thicknesses of ~100-300 A were found in the clay mineral precipitates of
experiments N10-12 (Figs 2.6-D to F) and N13-15 (Figs 2.6-G to I). Fast Fourier Transform
(FFT) measurements of the noise-filtered HRTEM fringe images frequently yielded discrete
(001) planes with an interplanar distance of ~1.3 nm (the upper inset in Fig. 2.6-H) as well as
discrete (hkO) planes (the lower inset in Fig. 2.6-H) depending on the orientation of the clay
mineral particles, which are indicative of well-crystalline ferrous saponite. FFT patterns of
clay mineral particles from precipitate N4 show less abundant (001) planes with a crystallite
thickness of ~50 A (the lower inset in Fig. 2.6-A), suggestive of poorly-crystalline ferrous
saponite. In addition, areas lacking any short-range order were found in close contact to the
clay minerals (the upper inset in Fig. 2.6-A), which likely reflects the existence of unreacted

gel precursors from which the ferrous saponites precipitated (Decarreau & Bonnin, 1986).
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T=120°C Fe:Mg = 1:1

T=180°C Fe:Mg = 1:1

T=120°C Fe:Mg=1.82:0.18

Fig. 2.6: High-resolution TEM lattice fringe images and Fast Fourier Transform (FFT) patterns of TEM images
of synthesized ferrous saponite showing the evolution of initially poorly crystalline saponite particles into well
crystalline ferrous saponite particles as a function of the molar Fe:Mg ratio of the initial solution, temperature,
and reaction time of synthesis. The white arrows in the inserted FFT patterns mark the interplanar distance of the

(001) planes of ~1.3 nm. Abbreviations: LT = layer termination, LD = layer deformation.

2.5.4 Thermal stability of ferrous saponite

It is generally accepted that the thermal stability of di- and trioctahedral 2:1 clay minerals is
affected mainly by their nature, composition, structure, and crystallinity (Drits et al., 1995). In
particular, the location and charge of the interlayer cations, cis/trans occupancies in the octa-
hedral sheet, vacancies, and the structural Fe content among other factors have a large impact

on controlling the dehydration and dehydroxylation temperatures of dioctahedral structures
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(Drits et al., 1984; Tsipursky & Drits, 1984; Wolters & Emmerich, 2007). Elevated structural
VIFe®™ + VIFe’™ contents in dioctahedral clay minerals, for example, are considered to reduce
the dehydroxylation temperatures significantly, as reported for both kaolinites (Iriarte et al.,
2005) and smectites (Brigatti, 1983). The dehydroxylation reaction of trioctahedral structures,
however, has not yet received particular attention, and thus the key factors that control the
thermal stability of trioctahedral clay minerals remain unclear.

The DSC and MS(H,O) curves of precipitates from experiment N12 (Fig. 2.4), which is com-
posed mainly of ferrous saponite that contains on average 0.83 a.p.f.u. of V'Fe*" + V'Fe®" exhi-
bited a weak, endothermic dehydroxylation peak between 760°C and 780°C. Dill et al. (2011)
and Parthasarathy et al. (2003) reported dehydroxylation temperatures of 840°C and between
800-860°C for two types of natural ferroan saponite that contained, on average, 0.44 a.p.f.u.
and 1.98 a.p.fu. of V'Fe*" + VIFe**. Post (1984) found the dehydroxylation temperature of the

Ballarat saponite with 0.05 a.p.f.u. of V'Fe*” + Y'Fe*" occurs at 810°C. Therefore, the extent of

1 2+ I +
ViFe Vipe?

and substitution for Mg”" may only has a minor effect on reducing the dehy-
droxylation temperature of trioctahedral saponites. The proportion and distribution of di- and
trioctahedral compositions in trioctahedral structural units seems to have substantially more
impact on thermal stability, as currently demonstrated by Cuadros et al. (2013). Additional
factors that affect the thermal stability of both natural and synthesized saponites seem to be
the formation temperature and related variations in the crystallinity such as particle size and
disorder/order (see Figs 2.1 and 2.6), and the location of bi- and trivalent cations (octahedral
vacancies) in the saponites octahedral sheet. Estimations of the effect of composition, crystal-

linity, crystal size, and surface area on the dehydration and dehydroxylation temperatures of

trioctahedral ferrous saponite-type clay minerals do, however, require further investigations.

2.5.5 Chemical composition of synthesized ferrous saponite

The XRD data (Fig. 2.1) clearly demonstrate that the synthesized clay minerals from experi-
ments N4-15 are mainly composed of trioctahedral ferrous saponite, as seen by the diagnostic
doso-value at 1.534-1.543 A. No evidence for ordered interstratification was found, as evident
by the strong rational 00l-reflections of the oriented, EG-solvated clay preparations. XRD
analyses of the oriented air-dried clay films yielded dgoi-values at 12.5-13.5 A, suggestive of
ferrous saponite with Na' ions as the main interlayer cation, a feature confirmed by the high
Na concentration (10,000 mg-L'l) in the final experimental solutions (Table 2.2). The domi-
nance of monovalent cations within the interlayer sites of synthesized ferrous saponite is also

responsible for the well-defined, endothermic dehydration peak, centered at 150°C (Fig. 2.4).

50



If larger proportions of bivalent cations such as Mg®" or Ca*" would be present in the inter-
layer sites then the dehydration peak is considered to shift to temperatures of about 200°C, ac-
cording to Kawano & Tomita (1991). However, the existence of some Mg”" in the interlayer
sites (~10-20%) of the ferrous saponites is possible, because Mg ions preferentially substi-
tute for Na* and this can affect the structural formulae. Abundant Mg”" substitutions for Na*
in the interlayer sites of the ferrous saponites synthesized in the present study are suggested to
be unlikely, as seen in the XRD patterns and DSC curves, and in the final experimental solu-
tion data. Thus, the ferrous saponites reported in the present study are characterized by a high
interlayer charge of 0.45-0.59 a.p.f.u., which is close to the upper limit for smectites at about
0.60 a.p.f.u..

In addition to the XRD data, the trioctahedral nature of most of the synthesized clay matter is
evident from the TEM-SAED analysis and the high Fe*'/Fe’" ratios of 4.0 to 5.3, calculated
from TEM-EELS data. However, the visible IR band at around 3560 cm™ clearly shows the
presence of some dioctahedral domains or nontronite in the synthesized clay matter (Fig. 2.5),
a feature, which should affect the chemical composition data. An elevated octahedral Fe con-
tent in the synthesized, almost pure, ferrous saponites was recognized with increasing reaction
temperature and in particular with increasing molar Fe:Mg ratio of the initial solutions (Table
2.3). This structural V'Fe*" + V'Fe’" content correlates well with shifts in the position of the
doso)-reflection (Fig. 2.7). This trend to progressively higher d-values can be explained by the
positive linear correlation between the total amount of structural Fe in clay mineral structures
and resultant changes in the cell edge length b, as proposed by Heuser et al. (2013) for a range
of dioctahedral smectites. The consistency of the chemical and XRD data suggests the syn-

thetic ferrous saponites to be chemically variable, with compositions ranging from (Nag.44-0.59

K0.00-0.05C20.00-0.02)(Fe” 037-2.41M80.24-2.44F € 0.00-0.28) Z2.65-2.85[(F&> 0.00.0.37813.63-4.00)O010](OH 1.

2.5.6 Ferrous saponite formation — implications for a solid solution

In natural environments ferrous saponite is typically formed during hydrothermal alteration of
andesitic volcanic rocks at temperatures usually below 150°C and near-neutral pH (e.g. Dill et
al., 2011). Ferrous saponite authigenesis also takes place in reducing near-surface regimes and
is frequently associated with weathering of basaltic oceanic crust at temperatures between 15-
64°C (Porter et al., 2000). In most of these environments the weathering of pyroxene-, amphi-
bole-, plagioclase-, and biotite-rich host rocks is caused by intense interactions with the sur-
rounding high to moderate temperate meteoric or hydrothermal solutions (Dill et al., 2011).

Progressive decomposition of the less weathering resistant (ultra)mafic minerals is suggested

51



to mobilize Mg®", AI*", Fe’, Ca®", and Na" ions as well as silica, and all these ions are re-

quired for the formation of trioctahedral saponite.
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Fig. 2.7: Cross plot of octahedral Fe** and Fe’* content of synthesized ferrous saponite, based on TEM-EDX,

plotted against the position of the ds0)-reflection.

In the present experimental study, ferrous saponite was synthesized under initially reducing
and alkaline conditions, at variable temperatures, and in the presence of solutions containing
Mg®", Fe*", Na', and silica in variable quantities. These boundary conditions may resemble
that of the Atlantis II Deep (Red Sea) conditions where ferrous saponites are formed in super-
ficial sediments (Badaut et al., 1985). As the compositions (Table 2.3) of our saponites were
highly variable and depended on the molar Fe:Mg ratio of the initial experimental solution,
temperature, and the reaction time of synthesis, it is notable that these compositions have
similarities with numerous naturally occurring ferroan saponites, except for their Al content.
The compositions of the synthesized ferrous saponites plot well in the SiO; — MgO — FeO +
Fe,0; field of trioctahedral smectites (Fig. 2.8-A) and are similar to those of the natural Fe
(e.g. Lovoberezhye ferro-saponite, Siberia, Russia) and Mg (e.g. Ballarat saponite, California,
USA) members. The Y V'Fe*™ + V'Fe’” versus Y'Mg”" cross plot (Fig. 2.8-B) therefore suggests
that a complete solid solution series may exist between the Fe-Mg-saponite end members,
without a miscibility gap. Thus, the Fe-Mg-saponite series may display a similar behavior as

the well-known annite — phlogopite solid solution series (e.g. Tischendorf et al., 2007).
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Fig. 2.8: A) SiO, — MgO — FeO+Fe,0; triplot of trioctahedral clay minerals illustrating the compositional simi-
larity of synthesized ferrous saponite to their natural occurring trioctahedral Fe and Mg end members. B) Octa-
hedral substitutions. C) Semi-logarithmic plot of V'Fe,,/""Mg?*" in the ferrous saponite structure plotted against
the molar Fe:Mg ratio of the initial experimental solution. The molar fraction partitioning coefficient Xpe2+-uq

shows the importance of Fe during ferrous saponite formation.
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In order to explain the evolution of the crystallinity as well as the variable chemical compo-
sition of the synthesized ferrous saponites, the following reaction path of ferrous saponite for-
mation is proposed. Experimental data from the literature and hydrochemical modeling of the
experimental solutions indicate that Fe*" and Si were completely dissolved at pH > 11 (25°C-
180°C) and at the given reducing conditions, whereby brucite precipitation could take place as
soon as pH values > 10.4 were reached. In the case of Si, the solubility of amorphous silica is
well-known to strongly increase with temperature and pH (e.g. Iler, 1979). At pH > 12 and in
the presence of aqueous Na the dissolved silica mainly consists of negatively charged depro-
tonized monosilicic acid, sodium silicate aquo complexes, and a variety of negatively charged
polysilicic acids (e.g. Dietzel & Letovsky-Papst, 2002). The predominance of these Si species
results in the experimentally obtained solubility of amorphous silica of ~40,000 mg-L™" at pH
11.3 (Greenberg & Price, 1957, Greenberg, 1958). Thus, with increasing temperature and pH
of the experimental solutions the solubility of silica increased simultaneously, with abundant
negatively charged dissolved species and partly Si-O-Si cross linked silica molecules.

In a simplified reaction sequence for ferrous saponite formation the precipitation of octahedral
brucite-like template sheets subsequently induce condensation of dissolved Si-O tetrahedrons.
Ongoing re-organization via dissolution and recrystallization of the octahedra and tetrahedra
finally result in saponite structures, besides brucite and partly amorphous silica. Fe*" is by far
more soluble than brucite especially at pH > 10.4, as indicated by PHREEQC modeling, but
Fe®" can substitute for Mg®" in the octahedral position of the metastable template sheets. Thus,
the structural Fe content in the final ferrous saponite precipitates may largely depend on the
extent of incorporation of Fe*" via isomorphic substitution in early octahedral template sheets,
where elevated Fe supply should yield in saponite enriched in V'Fe*". Subsequent to the nucle-
ation and condensation reactions, the poorly-crystalline ferrous saponite particles evolve into
well-crystalline ferrous saponite, as seen in the evolution of crystallinity with increasing reac-
tion time of synthesis. It is suggested that the observed systematic changes in particle size and
order result from multiple dissolution-recrystallization reactions, as indicated by the increase
in the main crystallite thickness with increasing aging time for all types of the synthesized
ferrous saponites (see Figs 2.1 and 2.6).

A further approach for characterization of the conditions of crystal growth during the forma-
tion of ferrous saponite is based on foreign metal ion versus “'Mg*" distribution of both the
neo-formed clay mineral and the either natural or experimental solutions from which the clay
mineral has been precipitated. The incorporation of foreign metals in clay mineral structures

was used by e.g. Corliss et al. (1987) and Dymond et al. (1973) to distinguish sedimentary
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environments such as oceanic hydrothermal and metalliferous deposits, by using kind of crys-

tal/liquid molar fraction coefficient, Xm**-mg), according to the expression 2.1:

X _(M2+)/(Mg)sotid
(==t (M2+)/(Mg)ﬁqufd

(2.1).

In the present study, the liquid ratio is referred to the molar Fe and Mg concentrations in the
initial experimental solution, whereas the solid ratio is based on the ¥ "'Fe*" + V'Fe’* versus
VIMg®" ratio, per O19(OH),, of ferrous saponite obtained at a given reaction time. In this ap-
proach the existence of a solid solution between the foreign metal ion M*" and Mg*" in the
octahedral sheet of a clay mineral is assumed, but is validated from Figs 2.7 and 2.8 for Fe*
incorporation in saponite (in accordance with Decarreau, 1985). The Xp.*".m, values calcu-
lated range from 0.20 to 0.94, with averages of 0.20, 0.28, 0.38, and 0.84 for the respective
experiments N4-6, N7-9, N10-12, and N13-15 and depend mainly on the temperature and on
the molar Fe:Mg ratio of the initial solution (Fig. 2.8-C). Decarreau (1985) did not recognize
any systematic changes in the Xy’.mg Values in the temperature range from 25°C to 75°C
and suggested that variations in the crystallite size of clay minerals have more impact on con-
trolling element partitioning during clay mineral formation than the temperature and the solu-
tion chemistry. However, the relative structural and compositional heterogeneity of the fer-
rous saponites (Table 2.3) in the individual experiments may indicate that equilibrium condi-
tions are not easily reached during the formation of ferrous saponite. This is despite that Fe*"
substitutions for Mg”" in the octahedral sheet of the neo-formed ferrous saponite are sugges-
ted to be thermodynamically favorable, as suggested by Decarreau (1985). Thus, the extent of
ferric and ferrous Fe incorporation can play an important role on controlling the formation of
di- and trioctahedral clay minerals by affecting the chemical composition, structure, crystallite
size and structural order, and in particular the bulk rates of chemical reaction. The importance
of Fe as the probable overall rate-determining element in the Fe-smectite-to-glauconite reac-
tion, as suggested by Baldermann et al. (2013), is indicated in the present study to also apply

to the Fe-saponite — Mg-saponite solid solution series.

2.6 Summary and conclusions

Ferrous saponite was synthesized successfully in Teflon-lined stainless steel autoclaves within
only 2 to 7 days at temperatures of 60°C, 120°C and 180°C, reducing conditions, and at varia-
ble molar Fe:Mg ratios of 1.82:0.18, 1.5:0.5, and 1:1 of the initial solution. XRD, TEM-EELS
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as well as thermal and spectroscopic analysis preformed on the synthesized precipitates con-
firm the nature of the clay minerals to be trioctahedral ferrous saponite, with minor propor-
tions of brucite, opal-CT, 2-line ferryhydrite and nontronite. The compositions of the synthe-
sized ferrous saponites, determined by TEM-EDX, were highly variable and depended mainly
on the molar Fe:Mg ratio of the initial experimental solution and on the formation temperature
and to some degree on the reaction time of synthesis. The mineralogy, composition, and struc-
ture of the synthesized ferrous saponites were in accordance to that of natural occurring tri-
octahedral Fe and Mg end members, suggesting a complete solid solution to be valid in the
Fe-Mg-saponite series, without a miscibility gap. HRTEM analysis of the synthesized ferrous
saponites revealed an increase in crystallinity and crystallite thickness with increasing tem-
perature and molar Fe:Mg ratio of the initial solution. It is suggested that the extent of ''Fe*"
substitutions for V'Mg*" during the first nucleation of brucite-like octahedral template sheets
has a stabilizing effect on the subsequently formed ferrous saponite nuclei, as indicated by the
molar fraction coefficients Xpe""-mg 0f 0.20 up to 0.94, from low to high (Fe/Mg)(q); ratios.
This general behavior reflects the positive effect of structural Fe on the bulk formation reac-

tion rate of ferrous saponite.
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Chapter 3

Micromilieu-controlled glauconitization in

fecal pellets at Oker (Central Germany)

3.1 Abstract

Although numerous models for the formation of glauconite have been presented, the precise
process and micro-environment of glauconitization are still poorly constrained. We charac-
terize the special micromilieu of glauconitization developed during early diagenesis and pre-
sent a model for glauconite formation in fecal pellets.

Glauconitization at Oker (Central Germany) occurred predominantly in fecal pellets deposited
in a shallow marine-lagoonal environment during the Kimmeridgian. Within the fecal pellets,
rapid oxidation of organic matter provides the post-depositional, physicochemical conditions
favorable for glauconitization. Replacements of matrix calcite, dissolution of detrital quartz,
K-feldspar, and clay minerals, and Fe redox reactions were observed within the early micro-
environment, followed by the precipitation of euhedral pyrite, matrix-replacive dolomite, and
megaquartz accompanied by IS formation as thin section analyses and SEM observations
show. Carbonate geochemical compositions based on ICP-OES and stable oxygen and carbon
isotope signatures demonstrate that glauconite formation started in a suboxic environment at a
pH of 7-8 and a temperature of 22+3°C to 37+2°C at maximum.

TEM-EDX-SAED and XRD analyses on separated glauconite fecal pellets and on the <2 pum
clay mineral fraction reveal the predominance of authigenic 1Mgy-glauconite, 1Mg-glauconite-
smectite, and 1My cis-vacant I-S, besides accessory, detrital 2M;-illite and montmorillonite.
Kinetic modelling of the glauconite (93-94% Fe-illite layers and 6-7% Fe-smectite layers, R3)
and of I-S (66-68% Al-illite layers and 32-34% Al-smectite layers, R1) leads us to conclude
that the I-S formed solely by slow burial diagenesis, whereas the glauconite formed close to
the seafloor, suggesting significantly faster kinetics of the glauconitization reaction compared
with smectite illitization related to burial diagenesis. Thermodynamically, the substitution of

octahedral AI’* for Fe’" and Mg*" during the Fe-Mg-smectite to glauconite reaction via the
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formation of glauconite-smectite mixed-layered clay minerals may have resulted in a higher

reaction rate for this low-temperature glauconitization process.

3.2 Introduction

Mineralogically, glauconite is a dioctahedral, Fe-rich illite that is interlayered with < 5-10%
Fe-smectite layers. Based on the definition of the AIPEA Nomenclature Committee (Bailey et
al., 1980), the mineral glauconite is composed of (i) tetrahedral AI*" > 0.2 atoms per formula
unit (a.p.f.u.) based on O;9(OH),, (ii) the sum of trivalent cations occupying the octahedral
sheet is > 1.2 a.p.f.u. with Fe** > A" and Mg2+ > Fe2+, (iii) the dogo reflection is > 1.51 A,
and (iv) K" dominants the interlayer sites (> 0.6 a.p.f.u.). The term “glauconitic” (nomencla-
ture of Odin, 1988) is used for minerals of the “glaucony facies”, which cover a complete ge-
netically related mineral series from Fe-rich smectite to Fe-rich illite (glauconitic mica) that
are the end-member types of the glaucony group. In this paper, we use the term “glauconitic”
synonymous with the precursor phases of glauconite such as Fe-rich smectite and glauconite-
smectite, not including the mineral glauconite sensu stricto.

Although numerous models for the formation of glauconite have been presented, the precise
process and timing of glauconite genesis is still under debate. Suggestions range from (i) the
alteration of biotite (Galliher, 1935) or (ii) alteration of volcanic mineral residues (Ojakangas
& Keller, 1964), (iii) precipitation of glauconite from hydroxides and amorphous silicate gels
(e.g. Kohler & Koster, 1976; Harder, 1980), (iv) transformation of degraded, detrital Al-rich
smectites into glauconite, known as the “lattice layer” or “transformation theory” developed
by Burst (1958a,b) and Hower (1961), and (v) precipitation of Fe-rich smectites directly from
seawater, followed by a recrystallization into glauconite during early diagenesis. The latter
formation mechanism was proposed by Odin & Matter (1981) and is referred to as the “neo-
formation and recrystallization theory”. Recent studies on authigenic, green, glauconitic clay
minerals (e.g. Charpentier et al., 2011; Gaudin et al., 2005) suggests that neo-formed Fe-rich,
smectitic clays are the most probable precursor phases of glauconite, which is consistent with
Odin‘s (1988) model of glauconite formation. The Fe-smectite-to-glauconite reaction is des-
cribed to be either a dissolution-recrystallization process (e.g. Buatier et al., 1989) or a solid
solution (transformation) mechanism (e.g. Meunier & El Albani, 2007).

However, a glauconitization model needs to explain why glauconite commonly forms in res-
tricted to shallow-marine shelf environments at water depths < 200 m and temperatures below

15°C (Odin, 1988), but also on the continental slope (e.g. Rao et al., 1995), in deep-sea low-
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temperature (> 2000 m, 3-6°C) environments (Giresse & Wiewiora, 2001; Charpentier et al.,
2011; Cuadros et al., 2011), at mid-oceanic ridges (Buatier et al., 1989), in onshore lacrus-
trine-pedogenic (Huggett & Cuadros, 2010) and in brackish-lagoonal deposits (El Albani et
al., 2005). What most of these depositional environments have in common are low sedimenta-
tion rates, an Eh about 0, pH 7-8, granular (siliciclastic or carbonaceous) habitats with a high
porosity and permeability, a long residence time (10°-10° years) close to the sediment-sea-
water interface and, most importantly, organic-rich micro-environments within e.g. fecal pel-
lets that provide the post-depositional, physicochemical conditions favorable for glauconitiza-
tion (summarized in Odin, 1988).

Recent fecal pellets are commonly produced by suspension-feeding crustacean zooplankton
(Pilskaln & Honjo, 1987) and contain large amounts of undigested organic matter (5-50 wt.%)
and clay minerals (10-90 wt.%) with trace contents of carbonate, opaline silica, and detrital,
siliciclastic grains such as quartz and feldspar (Pryor, 1975; Pilskaln & Honjo, 1987). During
early diagenesis, the organic matter oxidizes rapidly, reducing the Eh and pH within the fecal
pellets. Whole or partial decomposition of incorporated detrital clay minerals such as mica,
chlorite, kaolinite, and mixed-layered clay minerals takes place under these conditions (Pryor,
1975) releasing the cations needed for the glauconitization process. However, mineral dissolu-
tion and Fe redox reactions that occur within the specific micro-environment in fecal pellets
and related changes in the physicochemical conditions are still poorly characterized, hence,
the precise process and micromilieu of glauconitization remains enigmatic so far.

In this paper, we focus on the mineralogical and chemical characterization of the fecal pellet’s
micro-environment and present a model for glauconite formation that is adequate to explain
the mineralogical, geochemical and structural changes associated with the glauconitization of
fecal pellets. We discuss the precursor phases of glauconite, the temperature range, kinetics
and thermodynamics of the glauconitization reaction as well, and compare the estimated for-
mation conditions with that of smectite-illitization related to burial diagenesis. To this end, we
analyzed glauconitized fecal pellets formed in a shallow-marine to lagoonal environment of
Upper Jurassic age (Kimmeridgian from Oker, Central Germany) and illite-smectite mixed-
layered clay minerals (I-S) formed during burial diagenesis, because of the special mineralogy

of these sedimentary units (see below) and the well-known burial history.

3.3 Geological setting

The Langenberg quarry at Oker is located 5 km east of Goslar near the Harz Mountains, nor-

thern Germany, and exposes a complete lithological profile of the marine Upper Jurassic (Ox-
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fordian to Kimmeridgian) about 150 m thick (Fig. 3.1). Well-bedded micritic limestones inter-
calated with thin greenish, marly layers and some dolomite beds are the dominant sedimen-
tary units at this locality. The basal part of the Langenberg section comprises brownish, fully
marine, ferrous oolites of Oxfordian age (‘‘Korallenoolith’’) that were deposited in a shallow
epeiric sea, particularly connected with the Jurassic Tethys Ocean. During the Lower Kim-
meridgian, the depositional environment changed to lagoonal conditions caused by increased
freshwater influx and global sea level changes. This led to intense facies changes of greyish
argillite-marlstone-limestone alternations dominated by carbonates (~70-90%) with sections
containing high input from the Pompecki block of detrital illite, chlorite, feldspar, quartz and
pebbles (~10-20%; Fischer, 1991). Authigenic minerals (~10%) such as glauconite, pyrite,
bioapatite, and I-S occur as well. Both the mineral assemblage and facies indicate that the de-
positional environment was either a seasonal anoxic, shallow water basin or a lagoonal to es-
tuarine environment with moderate terrestrial input. At the top of this unit, limestones and do-
lomite beds of Middle to Upper Kimmeridgian age are exposed, showing the shift back to
shallow marine conditions.

A precise biostratigraphic correlation of the Langenberg units with the subboreal standard zo-
nation based on ammonoids is problematic because index fossils are rare at Oker (van der
Lubbe et al., 2009). Based on Rb/Sr modulations on bioapatite, Mudroch (2001) calculated a
depositional age of 170 Ma for the bulk sediment. Including the biostratigraphic classification
of Fischer (1991), 154 Ma was reconstructed for the authigenic minerals such as glauconite
and bioapatite (I-S was not identified, yet) and 260 Ma for the detrital components.

The Langenberg section was buried to a depth of 1500-2000 m (at most 2500 m) during the
Upper Jurassic to the Lower Cretaceous due to subsidence. Based on a geothermal gradient of
2.7°C/100 m, the maximum temperature of burial is about 60-70°C for the Jurassic sediments
from Oker (Mazur & Scheck-Wenderoth, 2005; Nollet et al., 2005). Due to strong uplift of
about 1 mm/a related the development of the Harz Thrust Fault during the Upper Cretaceous
and a second uplift period in the Tertiary, the Langenberg section was inverted and now dips
at an angle of 50-70° to the south. Alterations within the Langenberg sequence caused by up-

lift or weathering are negligible (Mudroch, 2001).

3.4 Material and methods

Glauconite containing marly mudstones (GGO3 and GGOS), packstones (GGO6), and clayey

mudstones without glauconite (GGO8 and GGO1) were sampled from a sequence of Lower to
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Middle Kimmeridgian age from Oker (Fig. 3.1). Thin sections of GGOS5 and GGO6 were pre-
pared for petrographic investigations. For the mineralogical and geochemical analyses on the
clay minerals, the carbonate matrix was first dissolved using 10% HCI following the proce-
dure in Moore & Reynolds (1997). Afterwards, the glauconite pellets were separated by hand
using a binocular microscope (GGO5SGL and GGO6GL) and the glauconite-free < 2 um size
fraction of the washed acid insoluble residuals (GGO3X2, GGO6X2, and GGO8X2) was

collected in order to characterize the authigenic and the detrital clay minerals.

Langenberg quarry, Oker

150.8

and marlstones

Kimmeridge (U)
alternation of limestones

Kimmeridgian
Kimmeridge (M)

marly limestones, hardgrounds,
dolomites, mudstones

ridge (L)

alternation of limestones

155.6

Korallen-| Kimme-

oolith?

.=
Oxfordian |3

Korallenoolith
ferrous oolites

Fig. 3.1: Lithostratigraphic profile of the Langenberg quarry at Oker (Central Germany) with sampled layers
(from the bottom to the top: GGO8, GGO6, GGOS5, GGO3, and GGO1). Numbers within the profile mark strati-
graphic head beds. Thin sections on the right: sample GGOS (a and b) is a moderately bioturbated mudstone with
subparallel arranged, greenish I-S, framboidal pyrite (Py), matrix-replacive, rhombohedral dolomite (Dol) (a),
and authigenic, light green, pelloidal glauconite (GL) together with euhedral pyrite in a non-bioturbated, calcite
(Cc) matrix (b). The thin section of GGO6 (c and d) displays a glauconite-bearing packstone. d is an enlarged
view of C showing a light green, highly porous, glauconitized (GL) fecal pellet.
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3.4.1 X-ray diffraction (XRD)

Random powder analyses of bulk rock samples were made for mineral identifications using a
Siemens D5000 diffractometer equipped with a Cu-Ka tube (40 kV, 30 mA), Ni-filter, and 1°
antiscattering and divergence slits. Illite polytypes were determined on isolated, finely ground
glauconite pellets and on separated < 2 um grain size fractions. The powdered material was
step-scanned from 3 to 63° 20 using a step size of 0.02° 20-s™ and a count time of 25 s-step™.
The proportion of illite (%illite) in mixed-layered clay minerals such as glauconite, I-S, and
detrital illite was estimated on oriented, glycolated preparations scanned from 3 to 35° 26 with
0.02°20-s™" and 2 s-step” using the program Sybilla© developed at ChevronTexaco. Calcula-
tions were run only for the mixed-layered clays, thus, the Ryp is not indicated, here. The error
of the %illite calculations was determined to be +£10% for the I-S and +5% for the glauconite

and detrital illite.

3.4.2 Electron microscopy (SEM and TEM)

Scanning electron microscopy (SEM) was used to study the microstructures of separated, C-
coated glauconite pellets and I-S aggregates using a Jeol JXA-840A Micro Probe Analyzer.
The mineralogy and composition of the glauconitized fecal pellets was analyzed with a FEI
Quanta 400 equipped with an Ametek Edax Jenesis 4000 detector at the Baltic Sea Research
Institute, Warnemiinde (Germany) using polished thin sections of GGOS5 and GGO6 and com-
bined backscattered electron images and energy-dispersive X-ray spectroscopy (EDX).

Transmission electron microscopy (TEM) was carried out on a JEM 1210 Electron Micros-
cope with a Pentafel Link/Model 6635 Oxford Instruments detector for combined high-reso-
lution imaging, geochemical analyses (EDX) and electron diffraction (SAED). Three samples
(GGOSGL, GGO6GL, and GGO6X2) treated with 10% HCI to remove free Al and Fe oxides,
were first dispersed ultrasonically in deionized water; then the < 2 um size fraction was drop-
ped on a carbon film stretched over a TEM copper grid. Individual clay particles were ana-
lyzed using an accelerating voltage of 200 kV and a count time of 8 s to reduce K™ migration.
The analytical error of each EDX measurement varies with clay composition and thickness,
but is generally < 1-2 wt.%. According to Bailey et al. (1980), the structural formulae were
calculated on the basis of O;o(OH), assuming (i) tetrahedral Si*" + A" = 4, (ii) Fe'", Fe*",
Mg”", and A" occupy any of the octahedral sheet sites, and (iii) K™ + Ca®" within the inter-
layer sites. The proportion of ferrous Fe was calculated assuming a Fe*"/Fe’” ratio of 0.15 (in

agreement with the Fe*"/Fe’” ratios in Odom, 1976; Longuépée & Cousineau, 2006; and Hug-
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gett & Cuadros, 2010; in addition it agrees with the GL-O glauconite standard defined in
Odin, 1982).

3.4.3 Geochemical analyses (XRF, ICP-OES and stable isotope measurements)

The < 2 pm size fraction of GGO6X2 was analyzed using a Philips PW2404 wavelength dis-
persive X-ray fluorescence spectrometer (XRF). Sample preparation followed that described
in Brown et al. (1973). A range of USGS standards were run to verify that the accuracy of the
measurement is 0.5-1 wt.% for the major elements.

Major and minor element compositions of the 0.5 M HCl soluble phases of GGO3-1, GGO3-
2, GGO5-1, GGOS5-2, GGO6, and GGOS were analyzed with a Thermo Fisher ICap 6300 in-
ductively coupled plasma optical emission spectrometer (ICP-OES) at the Baltic Sea Research
Institute, Warnemiinde. The diluted extractions were run together with in-house standards.
The analytical error is < 3% for the major elements and < 6% for the minor elements.

Stable isotope measurements of 3'°C and & '*O were carried out to estimate the carbon source
and the formation temperatures of the carbonate. Measurements of the six samples (see ICP-
OES) were carried out on a ThermoFisher Electron Finnigan MAT 253 gas mass spectrometer
(IRMS) connected to a Thermo Finnigan Flash elemental analyzer at the Baltic Sea Research
Institute, Warnemiinde. Stable isotope values are given in the conventional d-notation via the

V-PDB (Vienna Pee Dee Belemnite) standard with a 20 standard deviation of 0.1%o.

3.5 Results

In this section, the petrographic (thin sections and SEM), mineralogical (XRD), and geoche-
mical (TEM-EDX, XRF, ICP-OES, and stable isotopes) results are presented for the authi-
genic glauconite and I-S compared with the detrital illite as well as the carbonates in order to

characterize the glauconitization process in fecal pellets at Oker.

3.5.1 Petrographic observations

Medium to dark green glauconitized fecal pellets (~95% of the total green grain fraction) and
subordinate incomplete, light green glauconitic infillings (~5% of the total green grain frac-
tion) of foraminifera, echinoids and shells are minor constituents (< 1 wt.%) within the partly
dolomitized mudstones and packstones. Thin section images (see Fig. 3.1b and 3.1c¢) illustrate
that the glauconite pellets are highly porous, commonly around 100-700 pm in size, and often

have a diffuse contact with the micritic (calcitic) matrix, indicative of calcite replacements.
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No signs of reworking or re-deposition were observed, also implying that the glauconite is
authigenic and in situ. Bioclast fragments, detrital quartz grains and remnants of K-feldspar
frequently occur in the exterior of the fecal pellets. In the interior of the organic-rich fecal
pellets, both framboidal and euhedral pyrite is present, suggesting suboxic to anoxic forma-

tion conditions.

Fig. 3.2: SEM images of highly porous, glauconitized fecal pellets (1 and 4a). Dissolution of K-feldspar (4b),

growth of megaquartz (4c), and aragonite/bioclast replacements (4d and 5) occur within the micro-environment.
Honeycomb-like glauconite overgrowths on framboidal pyrite (3) indicate formation in a suboxic environment.

I-S associated with thomboidal dolomite (2).

Brown to greenish, sub-parallel oriented aggregates of I-S particles (for identification see
XRD results) are mainly present in the moderately bioturbated, clayey mudstones (Fig. 3.2-

l1a), but cover the whole Upper Jurassic profile including horizons where glauconite pellets
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can be found. I-S is always associated with euhedral (rhombohedral), matrix calcite-replacive
dolomite that typically forms in sabkha environments among framboidal and euhedral pyrites.
In contrast, the glauconite pellets only occur in distinct, calcite-dominated layers where I-S

and dolomite are practically absent.

Fig. 3.3: Backscattered electron images of polished thin sections of GGOS5 (a-c) and of GGO6 (d). I-S (a) asso-

ciated with matrix-replacive dolomite (Dol) and framboidal pyrite (Py). The enlarged view of a shows subparal-
lel growth structures of I-S and dolomite suggesting simultaneous formation. Highly porous, partly glauconitized
(GL) fecal pellets rich in organic matter (OM) embedded in a calcite matrix (Cc) are shown in b. On top,
dolomite replaces the micritic calcite. Porous, glauconitized fecal pellet (c) including framboidal pyrite in the in-
terior and remnants of detrital quartz (Qtz) and K-feldspar (K) in the exterior. Highly glauconitized fecal pellet
(d) with a higher packing density of the microstructures. Note that siliciclastic components are absent at this

stage of glauconitization. Scale bar: 100 pm.
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SEM images (Figs 3.2 and 3.3) of the partly glauconitized fecal pellets predominantly show
1-2 um large, diffuse arranged crystallites with a low packing density of the microstructures
(Fig. 3.2-1 to 3.2-5). Generally, the fecal pellets (Fig. 3.3-b to 3.3-d) are composed of glauco-
nite (20-50%), matrix calcite mixed with bioclast debris (40-70%), preserved organic matter
(5-10%), detrital siliciclastics such as quartz grains, clay minerals and K-feldspar (5-10%) and
pyrite (< 5%). Both the green-clay microstructures and the composition of the fecal pellets
imply that the glauconitization process is incomplete. Dissolution of K-feldspar (Fig. 3.2-4b
and 3.3-c), quartz grains (Fig. 3.3-c and 3.3-d) and bioclasts (Fig. 3.2-4d and 3.2-5) was ob-
served mainly within the fecal pellets exterior, while framboidal pyrite is present in the inte-
rior of the glauconitized pellets (Fig. 3.3-c and 3.3-d), showing the diversity of mineral disso-
lutions, Fe redox reactions and replacement reactions within the micro-environment related to
glauconitization. One instance of honeycomb-like overgrowths of glauconite on framboidal
pyrite was also found (Fig. 3.2-3).

Within larger cavities of the glauconitized fecal pellets, 10-30 um large, euhedral quartz crys-
tals can be found, but are scarce (Fig. 3.2-4¢). Euhedral quartz (megaquartz) forms during the
slow burial diagenesis, where smectite-illitization occurs (e.g. Hower et al., 1976; Veizer &
McKenzie, 2005). I-S generally forms aggregates with embedded rhomboidal dolomite crys-
tals that are about 5-30 um in size (Figs 3.2-2 and 3.2-3a). The growth structures of I-S and
dolomite indicate that both phases were formed simultaneously. Sparse octahedral and fram-
boidal pyrite was also observed.

Based on these petrographic observations, the following sequence of mineral growth can be
recognized: matrix calcite — glauconite — framboidal and euhedral pyrite — dolomite and I-S.
The estimated formation conditions and depositional environment of glauconite and I-S are

discussed later.

3.5.2 Mineralogy of the glauconite fecal pellets and I-S

The XRD patterns of textured and randomly oriented preparations of the separated glauconite
fecal pellets (GGO5GL and GGO6GL) and I-S samples (GGO3X2 and GGO8X2) are shown
in Figs 3.4 and 3.5.

Oriented, glycolated preparations of the glauconite pellets show a broad d001 reflection at
9.96 A, a weak dog, reflection at 5.03-5.04 A, and a strong dgo3 reflection at 3.33 A with an IR
ratio of 1.4-1.5 (Srodon & Eberl, 1984). Based on Sybilla© modeling (Fig. 3.4-b and 3.4-c),
the glauconite pellets contain a mixed-layered I-S, referred to as glauconite-smectite (nomen-

clature of Odin & Matter, 1981), with 93-94% Fe-illite layers and 6-7% Fe-smectite layers
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(R3 ordered) and about 1.0-1.2 Fe and 0.55-0.6 K a.p.fu. A weak doy peak at 4.53 A is pre-
sent due to limited perfect particle orientation during sample preparation caused by small im-
purities of calcite, gypsum, and K-feldspar within the glauconitized fecal pellets. Random
powder XRD patterns of the separated green pellets show a broad 10.1 A peak (dgo1), a weak
dooz at 5.02 A, and the diagnostic dge reflection at 1.52 A (Moore & Reynolds, 1997), typical
for glauconite or glauconite-smectite. Polytype diagnostic reflections reveal a 1My polytype,
because the 1M polytype diagnostic reflections of glauconite are absent (see Fig. 3.5). Traces
of the 2M;, polytype are also present (< 10%), but do not belong to the glauconites.

The glycolated I-S samples show broader dgg reflections at 17.2 A (dgo1), 9.57 A (doo2), and
5.28 A (doo3). Sybilla© modeling (Fig. 3.4-a and 3.4-d) reveals that the I-S consists of about
66-68% Al-illite layers and 32-34% Al-smectite layers (R1 ordered) containing approximately
0.3-0.5 K and 0.25 Fe a.p.f.u.. A well ordered illite, which contains about 0.25 Fe and 0.75 K
a.p.f.u. was also identified based on the sharp dgg reflections at 9.98 A (doo1), the high dgo, at
4.96 A, and dgos at 3.34 A with an IR ratio of 1.1-1.2 (Srodon & Eberl, 1984), indicative of an
Fe-poor illite (R3 ordered) that consist of 95-99% Al-illite layers and 1-5% expandable layers.
The Fe-poor illite and I-S have a dye reflection at 1.50 A, showing the dioctahedral nature of
both clay minerals (Moore & Reynolds, 1997). Polytype determinations (Fig. 3.5) of the Fe-
poor illite reveal a 2M;-polytype, which is common for detrital clays in marine sediments

(Grathoff et al., 2000) and for I-S a 1M cis-vacant structure implying an authigenic origin.

3.5.3 TEM of the authigenic and detrital clay minerals

TEM-EDX analyses were realized on 53 single clay particles GGO5SGL and GGO6GL) from
the glauconite pellets and on the < 2 um size fraction of GGO6X2. The geochemical compo-
sitions and calculated structural formulae of the individual particles are reported in Table 3.1,
average compositions and structural formulas are presented in Table 3.2. Representative TEM
images and SAED patterns of the authigenic 1My glauconite-smectite, 1M glauconite, and I-S
compared with the detrital, Fe-poor illite and montmorillonite are shown in Fig. 3.6.

The first two types of particle (1My glauconite-smectite and 1M glauconite) have a lath-like
morphology and are between 600-900 nm in length (Fig. 3.6-a to 3.6-c). Semi-quantitative
EDX analyses of the lath-like particles from GGO5GL range from 56.6-62.2 wt.% SiO,, 5.4-
15.8 wt.% Al,Os, 3.5-5.5 wt.% MgO, 4.6-7.5 wt.% K,0, 14.7-26.8 wt.% Fe,03, and 0.2-0.5
wt.% Ca0; GGO6GL ranges from 53.1-58.7 wt.% SiO,, 4.2-18.9 wt.% AlL,O;, 3.0-5.5 wt.%
MgO, 4.9-8.3 wt.% K,0, 11.8-30.2 wt.% Fe,Os, and 0.1-1.2 wt.% CaO, indicating overall

glauconite-smectite composition and glauconite compositions respectively.
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Fig. 3.4: Oriented, glycolated XRD patterns of mixed I-S and Fe-poor illite (a and d), and glauconite (b and c).

Input parameters for Sybilla© modeling (smoothed curves) are indicated in the figure.
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P,0s, SO, TiO,, and MnO only occur in negligible amounts. Generally, these impurities are
associated with small amounts of Ti/Mn oxides, sulphates, and phosphates, rather than be-
longing to the glauconite structure (Kohler & Kdster, 1976). SAED patterns of the lath-like
clays show either particles with discrete Bragg patterns that have two diagnostic non-basal re-
flections corresponding to an ordered 1M structure (Fig. 3.6-a, seldom) or smeared Bragg pat-
terns with weak diffraction rings indicative of a highly disordered 1Md-structure (Fig. 3.6-b,
often). Hence, the glauconitized fecal pellets consist mostly of 1My and minor 1M polytypes,
suggesting an authigenic origin (e€.g. Pevear, 1999). Rarely, contacts between disordered glau-
conite-smectite particles and bacteria were observed (Fig. 3.6-c), but only within GGO5GL.
The bacteria are commonly surrounded by a diffuse biofilm and contain large amounts of P
and S up to 4 at.%, suggesting a marine origin.

The third type of particle (I-S) is typically < 100 nm in size and shows irregular or flake mor-
phology (Fig. 3.6-d). Traces of these particles were found in both glauconite samples, but are
abundant in GGO6X2. Geochemically, these particles vary from 58.5-64.2 wt.% SiO», 19.2-
28.0 wt.% Al,Os, 1.6-4.6 wt. % MgO, 3.6-6.9 wt.% K0, 4.2-6.9 wt.% Fe,0;, and 0.1-0.6
wt.% CaO with traces of P,Os, SO3, TiO; and MnO. SAED patterns of this clay mineral show
weak diffraction rings and subordinate discrete Bragg patterns, indicating a moderately disor-
dered 1My structure and the presence of turbostratic layers corresponding to smectitic clays or
I-S of authigenic origin.

The fourth particle type (Fe-poor illite) occurs mainly in GGO6X2. Individual particles are ca.
I um in largest dimension, plate-like, and often show partially curled edges (Fig. 3.6-¢) with a
chemical composition varying slightly between 53.3-54.6 wt.% SiO,, 34.0-35.2 wt.% Al,Os,
0.4-0.8 wt.% MgO, 8.3-8.8 wt.% KO, and 2.1-2.5 wt.% Fe;Os. SAED patterns display four
diagnostic non-basal reflections, implying a 2M; polytype structure. Hence, this phase was
identified as a dioctahedral, Fe-poor, 2M;-illite and detrital in origin.

Finally, a fifth phase with a platy morphology and SAED patterns similar to I-S (Fig. 3.6-f)
was found, but with a different geochemical composition of 65.1-66.2 wt.% SiO,, 25.3-26.6
wt.% ALOs, 1.8-2.0 wt.% MgO, 0.6-0.7 wt.% K,0, 2.9-3.1 wt.% Fe,03, and 2.3-2.8 wt.%
CaO, typical for detrital montmorillonite.

Calculated octahedral, tetrahedral and interlayer charges as well as octahedral substitution
based on structural formulae are plotted on a standard charge distribution diagram shown in
Fig. 3.7. The fields of glauconite and montmorillonite (modified from Kohler & Kdster, 1976)

are included for comparison.
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Table 3.1: Geochemical compositions (wt.%) and calculated structural formulae of individual clay particles from

the glauconite pellets (GGO6GL and GG'O5GL) and of the < 2 pum size fraction of GGO6X2 based on 53 TEM-

EDX analyses. The Fe*'/Fe’" ratio was assumed to be 0.15.

GGO5GL 1 2 3 4 5 6 7 8 9 10 11 12 13 14
SiO2 57.50 59.06 5877 5887 56.63 5872 59.14 5990 5926 60.64 62.19 6148 6136 6136
AbLOs 11.50 871 1021 548 5.44 5.74 8.81 9.09 12.82 1584 14.02 20.68 19.16 22.32
MgO 4.52 3.52 3.55 4.85 3.61 3.93 492 5.48 441 3.71 4.11 3.75 4.60 2.85
K20 6.44 5.83 6.01 597 7.42 7.50 5.91 4.76 5.34 4.58 4.61 6.43 4.51 4.04
Fe203 18.03 2223 21.17 2449 26.77 2391 1879 1896 18.00 15.10 14.74 7.66 9.86 8.86
P20:s 056 nd. nd. nd nd nd 145 nd. nd. nd. nd nd nd nd
SO3 091 023 nd. nd. nd. nd 078 18 =nd. nd nd nd 040 nd
CaO 0.54 0.39 0.28 0.34 n.d. n.d. 0.19 n.d. 0.17 n.d. 0.15 n.d. 0.12 0.51
TiO nd. 002 =nd. nd 014 =nd. nd nd nd 014 nd nd nd 006
MnO nd. nd. nd. nd nd 020 nd nd nd nd 018 nd. nd nd
Sum 100.00 99.99 99.99 100.00 100.01 100.00 99.99 99.99 100.00 100.01 100.00 100.00 100.01 100.00
Morph.  hairy hairy hairy hairy hairy hairy hairy hairy hairy Thairy hairy flaky flaky flaky
GGO5GL 1 2 3 4 5 6 7 8 9 10 11 12 13 14
Si4+ 3.80 3.89 3.84 391 3.84 393 3.93 393 381 3.83 3.92 3.81 3.81 3.77
Al3+ 0.20 0.11 0.16 0.09 0.16 0.07 0.07 0.07  0.19 0.17 0.08 0.19 0.19 0.23
T.C. -020 -0.11 -0.16 -0.09 -0.16 -0.07 -0.07 -0.07 -0.19 -0.17 -0.08 -0.19 -0.19 -0.23
Al3+ 0.69 0.56 0.63 0.34 0.27 0.38 0.62 0.63  0.78 1.01 0.96 1.32 1.21 1.38
Fe3+ 0.79 0.97 0.92 1.08 1.20 1.06 0.83 082 0.77 0.63 0.62 0.31 0.41 0.36
Fe2+ 0.12 0.15 0.14 0.16 0.18 0.16 0.13 012  0.12 0.10 0.09 0.05 0.06 0.05
1\/[;32+ 0.45 0.35 0.35 0.48 0.36 0.39 0.49 054 042 0.35 0.39 0.35 0.43 0.26
2oL 205 203 204 206 201 199 207 211 209 209 206 203 211 2.05
0.C. -042 -041 -037 -046 -051 -0.58 -041 -033 -027 -018 -030 -031 -0.16 -0.16
catt 0.04 003 002 002 000 000 001 000 0.01 000 001 0.00 001 0.03
K 054 049 050 051 064 064 0.50 04 044 037 037 051 036 032
I.C. 062 055 054 055 064 064 052 040 046 037 039 051 038 038
Interpret. GL  GL-S GL-S GL-S GL-S GL-S GL-S GL-S GL-S GL-S GL-S IS 1-S I-S
GGO6GL 1 2 3 4 6 7 8 9 10 11 12 13 14 15 16 17 18 19
SiO2 53.08 53.96 54.66 55.11 5549 5370 56.19 53.81 5486 5738 56.71 5594 5823 5845 5577 5871 57.13 5852 6222
AbLO3 505 597 652 958 850 531  9.08 416 7.6 1050 1219 12.02 1296 7.60 941 1426 6.05 18.88 22.99
MgO 375 301 435 500 462 313 475 553 407 376 444 380 471 459 425 364 321 378 320
K20 740 684 764 826 752 748 670 750 728 7.30 768 656 545 6.07 582 483 550 5.08 371
Fe203 30.19 2995 2477 2094 2336 29.60 2290 2835 2544 21.00 17.92 1870 15.09 23.12 2436 17.78 27.72 1182 730
P20s n.d. n.d. 047 0.79 n.d. n.d. n.d. 0.26 n.d. n.d. n.d. 0.31 238 nd. n.d. 0.18 n.d. 0.74 n.d.
SO;3 nd. nd. 072 nd. nd nd nd nd nd nd nd 18 nd  nd 003 008 nd nd nd
CaO nd. 008 044 008 051 052 038 026 026 n.d. 024 078 1.18 0.08 0.16 041 nd. 063 058
TiO2 030 nd. 035 006 nd. nd. nd 014 063 0.05 047 nd. nd. 009 020 006 039 039 nd.
MnO 023 020 007 019 nd. 025 nd. nd 031 nd. 034 =nd. nd nd nd nd nd 016 nd
Sum 100.00 100.01 "99.99 100.01 100.00 99.99 100.00 100.01 100.01 99.99 99.99 100.00 100.00 100.00 100.00 100.00 100.00 100.00 100.00
Morph.  hairy hairy hairy hairy hairy hairy hairy hairy hairy hairy hairy flaky hairy hairy hairy hairy hairy hairy flaky
GGO6GL 1 2 3 4 6 7 8 9 10 11 12 13 14 15 16 17 18 19
5144r 369 371 376 372 373 371 374 372 374 3.79 375 375 382 38 372 378 384 372 378
Al 031 029 024 028 027 029 026 028 026 0.21 025 025 018 014 028 022 016 028 022
T.C. -031 -029 -024 -028 -027 -029 -026 -028 -026 -021 -025 -025 -0.18 -0.14 -028 -022 -0.16 -0.28 -0.22
A]’H 010 0.19 029 049 040 0.14 045 0.05 032 0.61 070 070 082 046 046 086 032 114 1.43
Feo© 139 136 1.13 094 104 135 101 1.30  1.15 0.92 078 0.83 0.66 1.01 108 076 123 050 029
Feﬂ 0.21 0.21 017 014 0.16 021 015 020 0.17 0.14 012 013 010 015 016 011 019 008 0.04
Mg2+ 039 031 045 050 046 032 047 057 041 0.37 044 038 046 045 042 035 032 036 029
YoL 209 207 204 207 206 202 208 212 205 2.04 204 204 204 207 212 208 206 208 2.05
O.C. -033 -031 -050 -043 -044 -047 -038 -041 -043 -039 -044 -039 -044 -039 -022 -022 -033 -020 -0.18
Ca2+ 000 001 0.03 001 004 004 0.03 0.02 0.02 0.00 0.02 004 008 001 001 003 000 004 004
K" 066 060 067 071 064 066 057 066 0.63 0.62 0.65 056 046 051 049 040 047 041 032
I.C. 066 062 073 073 072 074 0.63 0.70 0.67 0.62 069 064 062 053 051 046 047 049 040
Interpret.  GL GL GL GL GL GL GL GL GL GL GL GL GL-S GL-S GL-S GL-S GL-S GL-S IS

Abbreviations: GL = glauconite, GL-S = glauconite-smectite, I-S = illite-smectite, Mnt = montmorillonite, TC =

tetrahedral charge, OC = octahedral charge, IC = interlayer charge.
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Table 3.1: Continued.

GGO6X2 1 2 3 4 5 [3 7 8 9 10 11 12 13 14 15 16 17 18 19 20
SiO2 59.95 60.90 6359 61.77 6252 63.04 61.27 6048 59.63 64.18 61.19 59.54 61.03 6344 5854 65.11 6620 5327 5455 53.37
ALOs 2312 2795 2125 2519 2275 2437 2394 2482 2484 2427 2412 2596 23.53 21.61 2355 2662 2525 3521 3396 34.19
MgO 279 215 348 273 370 231 156 346 231 186  2.13 427 300 329 309 184 202 064 042 079
K20 500 431 355 390 466 517 566 443 575 384 668 496 674 435 687 073 058 869 828 878
Fe203 788 421 778 547 636 497 726 621 703 560 575 504 497 708 7.09 312 287 206 253 238
P20s 0.65 n.d. n.d. 0.61 n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. 0.18 nd. n.d. 023 n.d. nd. 025 0.18
SO3 0.07 nd. n.d. n.d. n.d. n.d. nd. 020 032 n.d. nd. nd. 056 0.11 nd. 005 nd. nd. nd. 020
CaO nd. 027 nd 023 nd 014 032 =nd. nd 025 012 nd.  nd.  nd. 019 231 284 nd nd nd
TiO2 034 nd. 034 010 nd. nd. nd. 041 nd. nd.  nd. 024 =nd. 012 043 nd. 023 013 nd. 011
MnO 0.19 021 n.d. n.d. n.d. n.d. nd. nd. 012 n.d. nd. nd. nd. nd. 024 nd n.d. nd. nd. nd.
Sum 99.99 100.00 99.99 100.00 99.99 100.00 100.01 100.01 100.00 100.00 99.99 100.01 100.01 100.00 100.00 100.01 99.99 100.00 99.99 100.00

Morph.  flaky flaky flaky flaky flaky flaky flaky flaky flaky flaky flaky flaky flaky flaky flaky platy platy platy platy platy

GGO6X2 1 2 3 4 5 6 7 8 9 10 11 12 13 14 15 16 17 18 19 20
sitt 373 368 387 374 381 38 376 370 369 38 376 3.64 377 387 367 384 390 330 338 333
N 027 032 013 026 019 018 024 030 031 014 024 036 023 013 033 016 010 070 062 0.67
T.C. -0.27 -032 013 026 -0.19 -018 -024 -030 -031 014 -024 -036 -023 -0.13 -033 016 -0.10 -0.70 -0.62 -0.67
N 143 167 140 154 144 156 150 149 149 158 151 151 149 142 140 169 166 1.87 18 184
Fe't 032 017 031 025 026 020 030 025 029 022 023 020 020 029 029 012 011 008 0.10 0.10
Fe' 005 003 005 003 004 003 004 004 004 003 004 003 003 004 004 002 002 001 002 001
Mo 026 019 032 025 034 021 014 032 021 017 020 039 028 030 029 016 018 006 004 007
ZoL 206 206 208 207 208 200 198 210 203 200 198 213 200 205 202 199 197 202 201 202
O.C. -0.13 -004 -013 -007 -0.14 -024 -024 -006 -0.16 -020 -030 -003 -031 -019 -027 -021 -029 -001 -003 -0.02
ca®’ 0.00 002 000 001 000 001 002 000 000 002 001 000 000 000 001 016 018 0.00 0.00 0.00
K 040 032 028 030 036 040 044 035 045 029 052 039 053 034 055 005 004 069 065 070
1C. 040 036 028 032 036 042 048 035 045 033 054 039 053 034 057 037 040 069 065 0.70

Interpret.  I-S IS 1S IS I-S I-S I-S I-S I-S I-S I-S IS I-S IS IS  Mnt Mnt Illite Tllite Illite

Abbreviations: GL = glauconite, GL-S = glauconite-smectite, I-S = illite-smectite, Mnt = montmorillonite, TC =

tetrahedral charge, OC = octahedral charge, IC = interlayer charge.

Table 3.2: Averaged geochemical compositions (wt.%) and structural formulae for glauconite-smectite (GL-S)
glauconite (GL), illite-smectite (I-S), Fe-poor illite, and montmorillonite (Mnt) based on TEM-EDX (m = num-
ber of EDX analyses). The Fe*'/Fe’" ratio was assumed to be 0.15.

Sample GGO5GL GGO5GL  GGO6GL GGO6GL GGO6X2 GGO6X2 GGO6X2
SiO2 58.14 61.14 55.29 62.22 60.82 65.48 53.60
ALO3 9.62 20.63 9.06 22.99 23.86 25.87 34.37
MgO 4.16 372 4.08 3.20 2.78 1.92 0.62
K20 5.75 4.97 6.64 3.71 5.01 0.65 8.56
Fe203 19.85 8.76 22.66 7.30 6.12 2.99 2.32
P20s 0.99 0.00 0.72 0.00 0.48 0.23 0.21
SO3 0.91 0.40 0.67 0.00 0.25 0.05 0.20
CaO 0.29 0.31 0.40 0.58 0.22 2.57 0.00
TiO2 0.10 0.06 0.26 0.00 0.28 0.23 0.12
MnO 0.19 0.00 0.22 0.00 0.19 0.00 0.00
Sum 100.00 100.00 100.00 100.00 100.00 100.00 100.00
m 11 3 18 1 15 2 3
it 3.87 3.79 3.75 3.78 3.76 3.87 3.33
N 0.13 0.21 0.25 0.22 0.24 0.13 0.67
T.C. 0.13 -0.21 -0.25 -0.22 -0.24 -0.13 -0.67
N 0.63 1.30 0.48 1.43 1.49 1.68 1.85
Fet 0.88 0.36 1.02 0.29 0.25 0.12 0.1
Fet* 0.13 0.05 0.15 0.04 0.04 0.02 0.01
Mo2" 0.41 0.34 0.41 0.29 0.26 0.17 0.06
ToL 2.05 2.05 2.06 2.05 2.04 1.99 2.02
0.C. -0.39 -0.24 -0.38 -0.18 -0.18 022 -0.01
cat 0.02 0.02 0.03 0.04 0.01 0.16 0
K 0.49 0.39 0.57 0.29 0.39 0.05 0.68
LC. 0.53 0.43 0.63 0.37 0.41 0.37 0.68
Interpret. GL-S I-S GL I-S I-S Mnt Nlite

Abbreviations: TC = tetrahedral charge, OC = octahedral charge, IC = interlayer charge.
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Fig. 3.6: TEM micrographs and SAED patterns of individual clay particles from GGO5GL (a, ¢), GGO6GL (b),
and GGO6X2 (d, f). Authigenic, lath-like glauconite with 1M polytype (a, seldom). Lath-like glauconite-smec-

tite (GL-S) with 1My polytype (b, often). Contact between bacteria and disordered glauconite-smectite particles
(c). Flake-shaped I-S with 1M, polytype indicative of an authigenic origin (d). Platelet, Fe-poor illite with cur-
led edges and 2M; polytype related to the detrital nature (e). Filmy, detrital montmorillonite with 1My polytype
(f). The black stars show the location of the SAED spots; the white arrows within the SAED patterns mark the

direction of the clay's b axis. Scale bar: 200 nm.

73



All clay mineral phases plot well in the domain of dioctahedral clays (after Weaver & Pollard,
1973), but the Fe-poor 2M;-illites have the highest interlayer (0.65-0.70) and tetrahedral char-
ges (-0.62 to -0.70). I-S has either moderate tetrahedral (-0.13 to -0.36) and octahedral charges
(-0.03 to -0.31), but significantly lower interlayer charges (0.28-0.57) with K™ predominantly
occupying the interlayer sites. Montmorillonite charge distributions are close to that of I-S but
have a slightly lower interlayer charge (0.37-0.40) with Ca®" in the interlayer sites among less
K. The glauconite-smectite of GGO5SGL shows low tetrahedral (-0.07 to -0.20), high octahe-
dral (-0.18 to -0.58) and moderate interlayer charges (0.37-0.64), whereas the pure glauconites
from GGO6GL have moderate tetrahedral (-0.14 to -0.31), high octahedral (-0.20 to -0.50)
and higher interlayer charges (0.40-0.71), related to an increased stage of glauconitization.

The geochemical and mineralogical characteristics of the glauconitized fecal pellets, I-S, and

detrital, Fe-poor illite agree well with the XRD polytype analyses and Sybilla© modeling.

3.5.4 Geochemistry and stable isotope signatures of calcite and dolomite

The major and trace element compositions, the d'*O and d"°C stable isotope signatures and
the calcite-dolomite ratios of six samples are presented in Table 3.3. Atomic Ca:Mg ratios
range from 1:1 for stoichiometric dolomite (97+3 wt.% dolomite in GGO5-2) to 41:1 for the
almost pure calcite (94+3 wt.% calcite in GGO5-1) with some calcite-dolomite mixtures that
have been quantified using the linear equation of Weber & Smith (1961).

The calcite-dominated samples contain 200-300 ppm of Na, 300-500 ppm of Sr, 3500-3700
ppm of Mg, and minor amounts of Fe (200-400 ppm) and Mn (100-300 ppm). Isotope signa-
tures for calcite range from -2 to -3%o 8'°0 and -1 to +1.5%. &'°C, respectively. Both observa-
tions suggest direct precipitation of calcite from Jurassic seawater under oxygenated condi-
tions (Price & Sellwood, 1994). In contrast, the dolomites contain only traces of Na (100-200
ppm) and Sr (20-80 ppm), but moderate Fe (4500-11000 ppm) and low Mn (100-150 ppm)
contents, indicating that dolomite formation has occurred in a suboxic environment. Isotopic
compositions range from +1.5 to +2%o &'0 and 0 to +0.5%o 8"°C, similar to recent sabkha
dolomites (0 to +4%o 8180; +1.5 to +4%o 613C; McKenzie, 1981; Warren, 2000) or Jurassic
tidal flat dolomites formed in semi-arid, lagoonal conditions (Rameil, 2008; Husenic & Read;
2010), hence suggesting an early diagenetic origin.

Assuming an equilibrium fraction coefficient between calcite and dolomite of 3%o, a value
that is widely accepted, the A 6180D01_Ca1 signature of 4-5%o (> 3%o) implies that the dolomite
precipitated from an evaporitic brine (Rameil, 2008). The lower 8"°C values of the Jurassic

dolomites might be caused by precipitation from (i) mixed fresh water-seawater masses, (ii)
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slightly modified seawater composition due to primary calcite precipitation, or (iii) oxidation

of isotopically light organic matter related to early diagenesis (€.g. Reitsema, 1980).
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Fig. 3.7: On the top: Charge distribution diagram with the domains of glauconite and montmorillonite. The grey
arrow shows the glauconite-smectite to glauconite reaction related to increased glauconitization. I-S plot in the
field of authigenic I-S formed during burial diagenesis. Fe-poor, 2M;-illite and montmorillonite (Mnt) are detri-
tal clays. Below: interlayer and octahedral substitutions for the authigenic and detrital clays. Symbols are larger

than the analytical error.
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Table 3.3: Major and trace element compositions, stable isotopes, and calcite-dolomite ratios quantified using the
linear equation of Weber & Smith (1961). The Fe content (Fec,) of the carbonates was recalculated by subtract-
tion of Fe bound in pyrite. Isotope values and element compositions of calcite-dolomite mixtures were inter-
preted after proportional division assuming that GGOS5-2 consists of almost pure dolomite. The unusually low
Mg and Fe values of GGOS are due to contamination during sample preparation. Therefore, data from GGOS are

not discussed, here.

Sample Method Ca Mg Ca/Mg Fe S Fewn Mn Na St Al 6% 68 pol cc

% % atomic % % ppm ppm ppm ppm ppm %.PDB %.PDB % %
GGO3-1 ICP-OES 22.83 6.24 2 1.08 0.71 4225 328 345 205 837 -0.8 -0.3 75#3 25%3
GGO3-2 ICP-OES 4.65 1.85 2 2.56 1.50 11578 123 170 51 2668 1.7 0.2 92+3 8+3
GGO5-1 ICP-OES 35.97 0.53 41 0.27 0.23 547 225 278 381 413 -23 -09 6+3 6%3
GGO5-2 ICP-OES 6.69 3.05 1 221 194 4523 136 190 83 1740 1.9 04 97+#3 3#3
GGO6 ICP-OES 39.00 0.67 36 0.18 0.10 772 200 283 442 363 -2.9 1.4  10+3 90+3
GGO8 ICP-OES 7.08 0.34 13 2.77 3.47 -3530 150 213 300 2709 -3.4 -2.5 18+3 82+3

Sample Method CaO MgO Ca/Mg Fe,O; TiO, MnO Na,O Sr AlL,O; SiO, K,O P,05 LOI Sum
wt.% wt.% atomic wt.% wt.% wt.% wt% wt% wt% wt% wt% wt% wt% wt%
GGO6X2  XRF 1.68 3.05 0.3 6.95 0.69 001 0.13 0.12 1848 4893 497 0.36 13.55 98.80

3.6 Discussion

Recent studies have significantly improved the understanding of formation conditions, growth
rates and mineralogy of glauconite. The role of mineral dissolution reactions linked to early
diagenesis and related changes in physicochemical conditions in the micromilieu where glau-
conitization occurs, however, are still poorly constrained. In this section, we focus on the pro-
cess of glauconite formation in fecal pellets and discuss the specific micro-environment, pre-
cursor phases, thermodynamics, temperature range and kinetics of the glauconitization reac-

tion resulting in a model for glauconitization in fecal pellets.

3.6.1 Micromilieu of glauconitization

Glauconitization at Oker has occurred predominantly in fecal pellets. This special micro-en-
vironment provides the post-depositional conditions favorable for glauconite formation. Phy-
sicochemical reactions within this micromilieu are controlled by the oxidation of organic mat-
ter, silicate dissolutions, the recrystallization of high magnesium calcite (HMC) and aragonite,
Fe redox reactions and interactions with seawater-pore water fluids.

Organic matter rapidly oxidizes after deposition of the fecal pellets resulting in local reducing
and slightly acidic (pH about 5-6; MacKenzie, 2005) conditions. Both conditions enhance the

dissolution of minerals incorporated in the fecal pellets and the surrounding sediment, such as
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biogenic and matrix calcite, K-feldspar, quartz, detrital clay minerals and iron oxides, as our
petrographic observations show (see Figs 3.2 and 3.3). Pyrite precipitation also occurs in this
environment. However, silicate mineral dissolution releases A13+, Si4+, Mg2+, K, Fez+, ion
complexes and amorphous gels (e.g. Hower, 1961) in the micromilieu, providing the essential
cations for the precipitation of glauconite precursor phases (see below). Seawater and intersti-
tial water masses provide additional cations such as K, Mg*", Ca*" and Na" as well as the
sulfur anions needed for pyrite formation (Schulz & Zabel, 2006). Recrystallization of diage-
netic unstable HMC into low magnesium calcite (LMC) also provides Mg2+ ions to the micro-
milieu, besides buffering the pH to about 7-8 (close to seawater pH) such as through aragonite
dissolution (Tucker & Wright, 1990). Slightly alkaline pH conditions were found to be favo-
rable for the precipitation of Fe-Mg-smectites and glauconite-smectite as demonstrated by the
low-temperature synthesis experiments of e.g. Harder (1980) and thermodynamic modeling of
e.g. Charpentier et al. (2011) and Chermak & Rimstidt (1989).

The concentration and activity of seawater K also has strong influence on the formation of
glauconite on a global scale. Hardie (1996) predicted significant variations in the seawater K"
concentration, proposing that the seawater composition changed with both varying rates in
seawater cycling through mid-ocean ridges and the magnitude of evaporate deposits. From the
Cambrian to Silurian and Cretaceous to Miocene, for example, the estimated seawater K" con-
centration was about 3-4 times higher compared with current seawater, whereas the proposed
seawater K concentration was significantly lower (~400 ppm) from the Devonian to Triassic
time period. Interestingly, the formation of most of the world’s largest glauconite deposits oc-
curred in intervals with elevated seawater K™ concentration, for example, in the Early Cam-
brian and Cretaceous (e.g. greensand deposits of New Jersey and Western Australia), whereas
glauconite formation was inhibited in intervals with moderate to low seawater K concentra-
tion and restricted to more local environments. Certainly, Hardie’s (1996) model greatly sim-
plifies the effects on global seawater K' cycling because the effect of spreading rates on sea-
water composition is more modest (Holland et al., 1996; Horita et al., 2002), but it is likely
that there is a correlation between K" in the oceans and global glauconitization events.

Iron plays another key role in the formation of glauconite and its precursor phases, but most
of the Fe species in aquatic systems are primarily bound in Fe-(oxy)hydrates (Raiswell, 2011).
Giresse & Wiewiora (2001) have shown that detrital amorphous Fe-oxides are by far the most
effective Fe supplier at the Ivory Basin-Ghana Marginal Ridge, where glauconitic clays forms
recently. On the contrary, Gaudin et al. (2005) and Charpentier et al. (2011) suggest that oxi-

dation of pyrite provides the Fe needed for the glauconitization process. Our data support the
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concept of Giresse & Wiewidra (2001), because glauconite formation occurred under suboxic
conditions where framboidal pyrite is stable, but not the Fe-oxides. As soon as the Eh condi-
tions within the fecal pellets micromilieu shift to low Eh values and thus anoxic conditions,
the glauconitization process stops and euhedral pyrite forms, as our petrographic observations
show (Figs 3.1 to 3.3). In addition, we found no evidence of sulfate minerals in the samples
that are byproducts of pyrite oxidation. Hence, sulfide mineral precipitation generally compe-
tes with glauconite formation by removal of available pore water Fe** released during the re-

duction of Fe-(oxy)hydrates (Schulz & Zabel, 2006; Raiswell, 2011).

3.6.2 Precursor phases of glauconite and glauconitization process

As reported in the literature, precursor phases of glauconite range from detrital clays such as
degraded mica, I-S, chlorite, or vermiculite to authigenic clays such as berthierine (a Fe-rich
kaolinite), nontronite, and Fe-Mg-smectite depending on the depositional environment and the
age of glauconitization (e.g. Odin, 1988; Buatier et al., 1989). Recent studies on authigenic
green clay minerals formed in a deep-sea environment of the Costa Rica Margin (e.g. Gaudin
et al., 2005) and of partly glauconitized fecal pellets deposited at the Mediterranean shallow
shelf (e.g. Giresse et al., 2004) suggest the predominance of neo-formed Fe-Mg-smectites and
glauconite-smectite (~20% Fe-illite layers and ~80% Fe-smectite layers) in less glauconitized
fecal pellets of Pleistocene to Holocene age. With increased stage of early diagenesis, most of
the initial light green fecal pellets become dark green in color, while changing from Fe-Mg-
smectite into glauconite composition via the formation of glauconite-smectite mixed-layered
clays (e.g. Giresse et al., 2001). At Oker, Fe-smectite precursors were not observed. The pre-
sence of plenty, highly disordered glauconite-smectite particles (Fig. 3.6) in the fecal pellets
(4.6-7.5 wt.% K,0 and 0.4-0.6 K” a.p.f.u., respectively), however, implies that glauconite for-
mation by alteration of Fe-Mg-smectites or Fe-smectite-rich precursors might have occurred
during the maturing of the fecal pellets related to increased glauconitization. The high propor-
tion of Fe-illite layers in the separated, glauconitized pellets (~90-95% Fe-illite layers and ~5-
10% Fe-smectite layers; see Fig. 3.4) suggest that the glauconitization process is almost com-
plete and most of the precursor phases are already replaced by glauconite.

A further approach for characterization of the glauconitization process is the thermodynamic
one. Using the Chermak & Rimstidt (1989) method of polyhedral substitutions to estimate
thermodynamic properties of the Al-smectite to Al-illite reaction (e.g. illitization related to
burial diagenesis) and the Fe-Mg-smectite to glauconite reaction (glauconitization reaction re-

lated to early diagenesis), the substitution of dioctahedral Al’" for Fe’" and Mg”" moves the
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stability field of glauconite and Fe-Mg smectite to much lower silica activities, from 107 to
10~. Fe-Mg-smectites, therefore, typically form in marine sediments when the silica activity
is lower than 10~ close to the saturation of opal-A. In addition, this model postulates that the
geochemical composition of the Fe-Mg-smectite octahedral sheet, more precisely the extent
of Fe*"/Mg®" substitution for AI’", is also very important for glauconitization. A higher pro-
portion of Mg”" and Fe?" in the smectite octahedral sheet is associated with a higher octahe-
dral charge, which is balanced by increased K" fixation into the interlayer sites as our TEM-
EDX data show (see Fig. 3.7). In this context, the glauconitization process of fecal pellets of
marine origin is likely to be supported by bacterial activity present in the micro-environment
(Fig. 3.6-c). Bacterial-induced Fe’* reduction in nontronite, for example, greatly modifies the
chemical composition of the octahedral sheet besides leading to significant changes in layer
charge, which perhaps favors the formation of discrete illite layers (e.g. Jaisi et al., 2001).

The neo-formation of Fe-Mg-smectites or glauconite-smectite, hence, is likely to have been
the first step of an overall glauconitization process of fecal pellets at Oker. During early dia-
genesis, these smectite-rich clays grow into the open pore space within the highly porous fecal
pellets, while (i) successively replacing the matrix calcite in a suboxic environment (see Fig.
3.1-3) and (ii) continuously changing into flaky glauconite-smectite and finally into lath-like,
highly evolved (ordered) glauconite as our TEM observation indicate (Fig. 3.6). During this
mineral conversion reaction, both octahedral (Mg”"/Fe*” for AI’" substitutions) and tetrahedral
(A" for Si*" substitutions) charges increase steadily leading to increasing charge deficien-
cies. This negative charge is balanced by the progressive fixation of K in the interlayer sites.
Thus, the proportion of Fe-smectite layers decreases, while Fe-illite layers form, as our TEM-
EDX data suggests (see Fig. 3.7 and Tables 3.1 and 3.2).

In summary, glauconitization at Oker is a two-step process (Fig. 3.8). First, Fe-Mg-smectites
or glauconite-smectite precursors precipitate in the exterior of the fecal pellets followed by an
early diagenetic alteration into glauconite as was shown by comparison of immature fecal pel-
lets from GGO5GL and moderately mature ones from GGO6GL. With increasing stages of
glauconitization, a continuous evolution from initially diffuse or honeycomb-arranged, light
green clay microstructures to highly ordered, dark green rosette structures occurs resulting in
(i) an increased packing density of the glauconite microstructures and (ii) a variety of mineral
dissolutions and replacement reactions related to early diagenesis (see above). The key factors
in the low-temperature Fe-Mg-smectite to Fe-illite process of glauconitization seem to be time
(> 10" years), cation availability, and the preservation of the specific, semi-confined micro-en-

vironment during early diagenesis.
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Fig. 3.8: Model for glauconitization in fecal pellets. Neo-formed, flaky Fe-Mg-smectites alter continuously into

lath-like glauconite via the formation of glauconite-smectite mixed-layered clay minerals within an organic-rich,

needed for the glauconitization process,

H)

semi-confined micromilieu generated during early diagenesis. Cations

Fe redox reactions, and seawater/pore water interactions.

il

are provided by silicate and carbonate dissolutions
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3.6.3 Development of glauconite polytypes

Mineralogically, nascent glauconite-smectite with ~20-80% Fe-illite layers and ~20-80% Fe-
smectite layers (RO to R1 ordered) is predominantly of the 1My polytype, while glauconite
with ~90-95% Fe-illite layers and 5-10% Fe-smectite layers (R3 ordered) consist mostly of
the 1M with minor proportions of the 1My polytype (€.g. Odom, 1976; Odin & Matter, 1981).
Interestingly, the glauconites from Oker mainly have a 1My structure as our polytype determi-
nations reveal (see Fig. 3.5), but > 90% Fe-illite layers (R3).

A rapid transformation of the smectitic precursor phases into glauconite via the formation of
disordered glauconite-smectite (Fig. 3.6-b and 3.6-c) in an unstable micro-environment might
explain this behavior, for example, changes in cation availability or facies changes. Both the
heterogeneity and the highly disordered structure of the glauconites, however, are indicative

of the authigenic origin of glauconites formed under low-temperature conditions (e.g. Giresse

etal., 2004).

3.6.4 Temperature of glauconitization

Both the depositional environment and the formation temperature of the glauconite from Oker
were estimated using carbonate signatures (Table 3.3). Petrographic observations (Figs 3.1 to
3.3) indicate that the glauconitization process started soon after precipitation of the micritic
calcite and ended with the formation of matrix-replacive dolomite and I-S. According to these
observations, the following sequence of early diagenetic mineral growth has been recognized:
calcite — glauconite — dolomite.

However, carbonates often do not preserve their original isotope and geochemical signatures
of formation due to (i) exposure to meteoric water masses and/or hydrothermal fluids (Price &
Sellwood, 1994), (i1) fractionation effects caused by co-precipitation of CaCO;-CaMg(COs),
(Rameil, 2008), and (iii) burial (e.g. Colombié et al., 2011). Paleo-environmental reconstruct-
tions and temperatures based on carbonates, thus, have to be interpreted carefully. A cross-
plot of "0 and 8"°C (Fig. 3.9) shows that all samples plot well within the domains of un-
altered Upper Jurassic platform calcites and unaltered Upper Jurassic dolomites, respectively,
indicating preservation of the original isotope and chemical signatures. Furthermore, calcite
isotope signatures are similar to those of unaltered Croatian and Swiss Jura platform car-
bonates (-4 to 0%o 8'°0; -2 to +3%o 8'°C, Husinec & Read, 2010; Colombié¢ et al., 2011), but
strongly differ from Fe- and Mn-rich, but Na- and Sr-depleted calcite (-5 to -12%o 8'°0; -3 to
+3%o 8"°C) formed at the elevated temperature during burial diagenesis (e.g. Reinhold, 1998;
Nollet et al., 2005). Deeply buried dolomites of late diagenetic origin formed at high tempera-
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ture commonly have §'*0 values between -2 to -7%o and 8"°C values between +1 to +4%o (e.g.
Reinhold, 1998), whereas matrix-replacive, tidal-flat and/or sabkha dolomites are isotopically
heavier (+1 to +4%eo 8180; Reinhold, 1998; Husinec & Read, 2010). Temperature estimations
on calcite and dolomite samples from Oker, hence, should reflect the formation temperatures

soon after deposition.

Upper Jurassic calculated
Upper Jurassic limestone marine water 4 7 Late Jurassic
Inner Platform (Reinhold, 1998) sabkha dolomites
(Colombie ef al., 2011; (Reinhold, 1998)
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Fig. 3.9: 8"*0/5"C cross-plot. Calcite sub-samples (GGO3-1, GGO5-1, and GGO6) plot within the domain of
unaltered Upper Jurassic platform carbonates (matrix calcite). Dolomite sub-samples (GGO3-2 and GGO5-2)

fall within the field of unaltered Upper Jurassic platform dolomites and sabkha dolomites.

Calcite temperatures were calculated based on the equation of Epstein et al. (1953) and Craig
(1965) modified by Anderson & Arthur (1983). Equation 3.1 expresses the oxygen isotopic
composition of the water (dw) from which the calcite has been precipitated relative to the in-

ternational SMOW (Standard Mean Ocean Water) standard:

T (°C)=16.0—4.14 - (3¢ — dw) + 0.13 - (3¢ — dw)’ 3.1),
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where dc equals the calcite oxygen isotope composition, relative to PDB. According to e.g.
Price & Sellwood (1994), it has been assumed that the Upper Jurassic seawater was free from
ice caps and would have been isotopically lighter (-1%o 8'°0, SMOW) then the recent ocean.
Using this approach and a 8¢ of -2 to -3%o 5'°0, PDB, (see Table 3.3), the micritic calcite was
formed at 19.4+23.9°C. Formation temperatures of calcite from the Kimmeridgian-Tithonian
of Mallorca, for example, range between 21.1+22.5°C (Price & Sellwood, 1994). Paleo-tem-
peratures for dolomite were calculated using -1%o 8'*0 (SMOW) seawater composition and

the equation 3.2 of Friedman & O’Neil (1977):
Dot — Ow =3.20 - (10° - T?)—1.50 (3.2),

where 0po; equals the dolomite oxygen isotope signature against the PDB standard (Reinhold,
1998). Using a 8po from +1.5%o to 2.0%0 8'°0, PDB (Table 3.3), the dolomite formation tem-
peratures range from 35.24+38.6°C, similar to the matrix-replacive tidal flat dolomites formed
in sabkha environments (Reinhold, 1998). Based on the above calcite — glauconite — dolomite
growth sequence, glauconite formation at Oker occurred soon after matrix calcite precipita-
tion in a suboxic, marine-lagoonal environment at 22+3°C, but ended at 37+2°C with the be-

ginning of dolomite and I-S formation.

3.6.5 Kinetics of glauconitization and burial diagenesis smectite illitization

The diagenetic conditions and timing of both glauconite and I-S formation can be calculated
using kinetic modeling. Based on our XRD data (Figs 3.4 and 3.5), I-S has ~65% Al-illite
layers and ~35% Al-smectite layers (R1), whereas the glauconites have ~95% Fe-illite layers
and ~5% Fe-smectite layers (R3). Both of these authigenic clay minerals have seen the same
burial history that started with 2 km of burial (geothermal gradient: 27°C/km, Ty, = 75°C) at
154-86 Ma, followed by quick uplift to ~500 m between 86-82 Ma (30°C), isothermal at 82-
55 Ma (30°C) with the final uplift and erosion between 55-0 Ma (20°C; e.g. Voigt et al., 2004,
Mazur & Scheck-Wenderoth, 2005). For the kinetic calculations using the Pytte & Reynolds
(1988) model, we determined the maximum amount of illitization by simplifying the thermal
history to a two-stage kinetic model: (1) burial between 154-86 Ma (T = 75°C) and (2)
isothermal conditions between 86-0 Ma (T = 30°C). Kinetic modeling was preformed using (i)
the kinetic parameters summarized in Elliott & Matisoff (1996), (ii) equilibrium conditions
between K-feldspar and albite at the given temperature (Pytte & Reynolds, 1988), and (iii)
initial K/Na ratios ranging from ~0.03 (seawater composition; Turekian, 1968) to ~0.1 (pore

water fluids; e.g. Hanor, 1994).
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The calculations resulted in 47-73% Al-illite layers and 27-53% Al-smectite layers for the I-S
with an average of 60% Al-illite layers and 40% Al-smectite, respectively. Hence, the I-S can
have formed solely by slow burial diagenesis, in contrast to the glauconites that formed during
earliest diagenesis close to the seafloor. This suggests significant faster reaction kinetics for
the glauconitization reaction, compared with smectite illitization related to burial diagenesis.
The thermodynamic instability of the glauconite precursor phases during the earliest states of
diagenesis might explain the higher reaction rates of the glauconitization process. Thermody-
namic modeling of Charpentier et al. (2011) suggests that glauconite precursors form in equi-
librium with the physicochemical conditions provided by the micromilieu such as in fecal pel-
lets. Local changes within the micro-environment, for example, microbial activity, Fe redox
reactions, silicate and carbonate dissolutions, or cation exchange reactions with the surround-
ding pore water fluids, would lead to dis-equilibrium conditions where Fe-smectite precursors
become unstable and alter quickly into glauconite via the formation of glauconite-smectite
mixed-layered clay minerals (Meunieu & El Albani, 2007; Gaudin et al., 2004). In contrast, it
seems that glauconite or glauconite-smectite is relatively stable through burial diagenesis, be-
cause the question arises as to why the glauconites are not altered into I-S or Al-illite. The
reason for the resistance of the glauconites to alteration during burial may be due to (i) its
high thermal stability (e.g. Strickler & Ferrell, 1990; Guimaraes et al., 2000), (ii) the persis-
tence of an impermeable corona composed of undigested organic matter or diagenetic apatite
(e.g. Odom, 1976; Strickler & Ferrell, 1990; Baldermann, 2010), and/or (iii) the evolution of
dense and impermeable microstructures formed during glauconite maturation (Stille & Clauer,
1994). The latter theories imply a dramatic loss of microporosity and permeability in the glau-

conite granules, thereby reducing the contact with surrounding diagenetic pore fluids.

3.7 Summary and conclusions

Glauconitized fecal pellets from carbonaceous rocks of Upper Jurassic age (Kimmeridgian)
from Oker (Central Germany) were investigated mineralogically and chemically to determine
the micro-environment, process, temperature, thermodynamics, and kinetics of the glauconiti-

zation reaction in a shallow marine-lagoonal environment. We conclude that:

(1) Glauconitization in fecal pellets is controlled by the presence of a semi-confined micro-
environment, which provides the post-depositional, physicochemical conditions ideal for the
formation of glauconite. Within this micromilieu, rapid oxidation of (marine) organic matter

occurs soon after sediment deposition providing the Eh and pH conditions for silicate dissolu-
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tions such as K-feldspar, quartz, and detrital clay minerals, Fe redox reactions, recrystalliza-
tion of HMC, aragonite dissolutions, and pyrite formation as observed by XRD and SEM ana-
lyses. These conditions promote cation exchange reactions with the surrounding seawater and

pore water fluids, which provide additional ions needed for the glauconitization process.

(2) An early diagenetic sequence of mineral growth of matrix calcite — glauconite — pyrite —
matrix-replacive dolomite and I-S was recognized from our petrographic observations. The
temperature range for the glauconitization reaction, based on carbonate stable isotope data, is

22+3°C to 3742°C at maximum.

(3) The glauconite fecal pellets consist mostly of the 1My with minor proportions of the 1M
polytype (93-94% Fe-illite layers and 6-7% Fe-smectite layers, R3), whereas the I-S formed
during slow burial diagenesis has a 1My cis-vacant structure (66-68% Al-illite and 32-34%
Al-smectite layers, R1). Detrital clays are Fe-poor, 2M;-illite and montmorillonite identified

by XRD and TEM-EDX-SAED analyses on the <2 um size fractions.

(4) Kinetic modeling, using the Pytte & Reynolds (1988) model, results in 60-15% Al-illite
layers and 40-15% Al-smectite layers in I-S, largely depending on the initial K" concentration
and burial history, implying that the I-S was formed solely by slow burial diagenesis, in con-

trast to the glauconites formed during early diagenesis close to the seafloor.

(5) Using the thermodynamic approach of Charpentier et al. (2001), glauconitization in fecal
pellets can be described as a two-step process: neo-formed, diagenetically unstable Fe-Mg-
smectites alter rapidly into glauconite via the formation of glauconite-smectite mixed-layered

clay minerals as observed by TEM study.

85



Chapter 4

The rate and mechanism of deep-sea glau-
conite formation at the Ivory Coast - Ghana

Marginal Ridge

4.1 Abstract

The environmental conditions and reaction paths of shallow-water glauconitization (< 500 m
water depth, ~15°C) close to the sediment-seawater interface are generally considered to be
well understood. In contrast, the key factors controlling deep-sea glauconite formation are still
poorly constrained. In the present study, green grains formed in the recent deep-sea environ-
ment of the ODP Site 959, Ivory Coast — Ghana Marginal Ridge, (~2100 m water depth, 3-
6°C) were investigated by X-ray diffraction and electron microscopic methods in order to de-
termine the rate and mechanism of glauconitization.

Green-clay authigenesis at Hole 959C occurred mainly in the tests of calcareous foraminifera
which provided post-depositional conditions ideal for glauconitization. Within this organic-
rich micro-environment, Fe-smectite developed < 10 ky after deposition of the sediments by
precipitation from precursor gels containing Fe, Mg, Al, and silica. This gel formation was
supported by microbial activity and cation supply from the interstitial solution by diffusion.
At a later stage of early marine diagenesis (900 ky), the Fe-smectites reacted to form mixed-
layered glauconite-smectite. Further down (~2500 ky), almost pure glauconite with no com-
positional gaps between the Fe-smectite and glauconite end members formed. This burial-re-
lated Fe-smectite-to-glauconite reaction indicates that the glauconitization process was con-
trolled mainly by the chemistry of the interstitial solutions. The composition of the interstitial
solution depends heavily on micro-environmental changes related to early diagenetic oxide-
tion of biodegradable (marine) organic matter, microbial sulfate reduction, silicate alteration,

carbonate dissolution, and Fe redox reactions. The availability of Fe is suggested as the proba-
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ble limiting factor for glauconitization, explaining the various states of green-grain maturity
within the samples, and this cation may be the most important rate-determining element.

The rate of glauconite formation at ODP Site 959 is given by equation 4.0:
%Glgeq = 22.6 - log(ageseq) + 1.6 (R* = 0.97) (4.0),

where %Glseq 1s the state of glauconitization in the sediment and ages.q is the sediment age (in
ky). This glauconitization rate depends mainly on continuous cation supply (in particular Fe)
and is about five times less than that in shallow-shelf regions, suggesting significantly slower

reaction at the lower temperature of deep-sea environments.

4.2 Introduction

The formation of glauconite, a dioctahedral, green, Fe-rich 2:1 illite mineral and mixed-layer
glauconite-smectite (G1-S) generally takes place in low-latitude, shallow-marine shelf regions
at Eh ~0 mV, seawater pH (8.2), and low sedimentation rates (e.g. Odin & Fullagar, 1988).
The presence of organic-rich, semiconfined micro-environments such as in foraminifera and
in fecal pellets is considered to be a key factor for glauconitization, providing suitable post-
depositional conditions (e.g. Odin & Matter, 1981; Baldermann et al., 2012). In this respect,
the occurrence of shallow-water glauconites formed in < 500 m water depth, at temperatures
below 15°C (Odin & Fullagar, 1988), and close to the sediment-seawater interface (Wiewiora
et al., 2001) represents the typical environment of glauconite formation.

In contrast, exotic occurrences of green-clay authigenesis and glauconite formation have been
described in some low-temperature (< 6°C), deep-sea (> 1000 m water depth) settings (e.g.
Buatier et al., 1989; Giresse & Wiewiora, 2001; Gaudin et al., 2005; Cuadros et al., 2011).
Such cold-water environments differ significantly from that of the shallow shelf, with reduced
hydrodynamic energy, limited supply and reflux of particular (silicate) mineral phases, low
reaction rates, and less microbial activity (e.g. Schulz & Zabel, 2006). The effects of these pa-
rameters on the glauconitization reaction are still poorly known and only a few constraints are
placed on the rates and mechanism of green-clay genesis in such recent deep-sea environ-
ments. Gaudin et al. (2005) proposed that early formed Fe-montmorillonite alters rapidly to-
wards the glauconite member during marine diagenesis in which the availability of Al and K
and low temperature are the most important rate-controlling factors for glauconitization.
Sediments from the ODP Site 959, Ivory Coast — Ghana Marginal Ridge, provide a condensed
and undisturbed sedimentary record without long periods of sediment erosion. Since at least

the Miocene, foraminifera and nanofossil oozes have been accumulated which are mixed with
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green grains and minor amounts of detrital silicates (e.g. Mascle et al., 1996). Based on petro-
graphic, mineralogical, and geochemical analyses on separated bulk green-grain fractions,
Giresse & Wiewiora (2001) and Wiewiora et al. (2001) established the authigenic nature of
the green clay minerals in these sediments and determined their overall composition to be di-
octahedral Fe**-montmorillonite, with minor proportions of interstratified GI-S (~20% glauco-
nite layers and ~80% Fe-smectite layers) in the more mature, dark green grains. Based on the
association of green clay and occasional periods of sediment erosion, those authors proposed
that the authigenic clay formed primarily at the water-sediment interface during phases of in-
tense ion exchange with the seawater. The formation of glauconitic minerals was, therefore,
expected to occur immediately after deposition of the sediments and not related to any burial
or diagenetic reactions within the sediment pile. The glauconitization mechanism proposed
was that of Fe-smectite-to-glauconite alteration via the formation of GI-S.

In the present study, the mineralogical, chemical, and structural changes that occurred during
deep-water glauconitization at the ODP Site 959 were documented in detail and burial-related
changes in the development of glauconite are highlighted which have not been described to
date in a deep-sea environment. Based on the depth-related changes in the maturity of the
green clay minerals and interstitial solution chemistry, the rate and mechanism of glauconite

formation are assessed and a reaction model is presented.

4.3 Geological setting

The Ivory Coast — Ghana continental margin is located in the eastern equatorial Atlantic
Ocean (western Africa) and consists of two major segments. The northern segment is known
as the Deep Ivorian Basin (synonymous with the Ivory Basin), an extensional margin that in-
cludes the eastern Ivorian continental slope and the southwestern Ghanaian upper slope (Fig.
4.1). The southern segment bounds the Ivory Basin toward the south in a NE-SW direction
and is referred to as the Ivory Coast — Ghana Marginal Ridge: a feature that is 130 km long
and 25 km wide (Mascle et al., 1996). Owing to its moderate distance from the surrounding
coastlines (~120 km), only a minor proportion of the terrigenous sediment input (suspension
load) has reached Site 959C (Giresse & Wiewiora, 2001).

Sediment cores from the Ivory Coast — Ghana Marginal Ridge were recovered during Ocean
Drilling Program (ODP) Leg 159, Site 959, in ~2100 m water depth and at 3-6°C seawater
temperature. The sediments are of particular interest because of their slow (~1-2 cm-ky™) and

continuous sedimentation rate from at least the Miocene to the Holocene (Wagner, 1998). Due
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to the elevated position of this site (Latitude: 3°37.669°N, Longitude: 2°44.116°W), large hiat-
uses caused by deep-sea bottom currents or gravity-flow activity are absent (Fig. 4.1).

The upper 25 m of ODP Site 959, Hole C, consists of thin dark gray to greenish sedimentary
layers of interbedded foraminifera and nanofossil oozes mixed with detrital quartz, feldspar,
clay minerals, and radiolarians (bio-opal) forming darker horizons (Giresse et al., 1998, Wag-
ner, 1998, Wiewiora et al., 2001). The brighter intervals rich in foraminifera tests frequently
contain authigenic green clay and also pyrite infillings. Generally, the beds show a lack of se-
dimentary structures except for two scour contacts and small bioturbation features.
Stratigraphic classification of Hole 959C was derived from stable oxygen isotope records es-
tablished on the basis of the epibenthic foraminifer Cibicides wuellerstorfi (Wagner, 1998).
The 8'°0 signal provides a nearly complete record over the last 25 oxygen isotope stages cor-
responding to the last ~1 My, with one notable stratigraphic gap of ~80 ky near 1.5 meters
below the seafloor (mbsf). A longer hiatus of ~530 ky occurs at 11.9 mbsf which is slightly
below oxygen isotope stage 25 (Wagner, 1998).

Sediments from the Hole 959C are, therefore, suitable for high-resolution study of the recent,
green-clay authigenesis and for establishing the roles of deep-water chemistry, provenance,
and composition of original sediment, and early marine carbonate diagenesis (e.g. Giresse et

al., 1998; Norris, 1998; Wagner, 1998).
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Fig. 4.1: Location map of the ODP Site 959 situated on a small plateau on the Ivory Coast — Ghana Marginal
Ridge (western equatorial Africa) (modified after Wiewiora et al., 2001).
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4.4 Material and methods

4.4.1 Sampling and preparation

Bulk-sediment samples (21 in total), ~30 cm’ in size, were taken from the upper 25 m of Hole
959C, the core of which is stored at the Bremen Core Repository (MARUM), Germany. This
sampled section comprises a sedimentary sequence ranging from Early Holocene (0.16 mbsf,
~0.01 My) to Late Pliocene age (24.91 mbsf, ~2.5 My). Four sub-samples from 1.32, 10.23,
11.49, and 24.91 mbsf were impregnated with epoxy resin to study the microstructure of the
green clay infillings in foraminifers’ tests by optical microscopy of thin sections. For further
mineralogical and chemical analyses of the bulk sediment and green-grain fraction, air-dried
sediments were treated with 10% acetic acid for 1 h to dissolve carbonates. The proportion of
the green-grain fraction was calculated by weighing the carbonate-free > 32 pum size fraction
which contained < 5 wt.% quartz, radiolarians, and pyrite. In order to investigate the glauco-
nitization process, ~50 mg of green grains were separated by hand picking under a binocular
microscope from the pale to light green, the medium green, and the dark green-grain sub-frac-

tions of samples taken at 0.16, 11.69, and 24.91 mbsf.

4.4.2 X-ray diffraction

X-ray diffraction (XRD) analyses were carried out for mineral identification and quantifica-
tion using a Bruker D8 Advance instrument equipped with a Cu-target tube (40 kV, 30 mA),
Ni-filter, 0.5° divergence slit, and a scintillation detector. Finely ground bulk samples were
prepared (side-loaded) for random powder analyses and run over the range 4-65° 20 using a
step size of 0.02° 20-s” with a count time of 1 s-step”’. Rietveld-based phase quantification
was carried out using the PANalytical X‘Pert HighScore Plus software. The accuracy of these
results was verified by comparison with mass-balance calculations based on X-ray fluorescen-
ce (XRF) data of the bulk sediment. Idealized compositions for orthoclase, albite, clinochlore
(chlorite), Na-montmorillonite (smectite), and muscovite were assumed for the calculations
(Baldermann, 2012). The deviation of the XRD and XRF calculations, expressed as error bars,
were < 5 wt.% for kaolinite, calcite, and quartz, and < 3 wt.% for feldspar, smectite, chlorite,
and illite/muscovite. The percentage of glauconite layers (%Gl) in GI-S was determined on
separated green-grain sub-fractions using oriented preparations. Oriented mounts were made
by dispersion of 40 mg of green clay matter in 5 mL of ethanol and ultrasonic treatment for 10
min and then pipetting the clay-in-suspension onto 2 x 2 cm glass slides, which were subse-

quently left to air dry overnight. Preparations were run over the range 3-30° 2 6 using a step
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size of 0.02° 20-s™ and a count time of 0.5 s'step”’. The %Gl was calculated based on XRD

patterns of ethylene glycol (EG)-solvated preparations, according to the equation 4.1:
%Gl = 60.8-dg002 — 504.5 (4.1),

which was obtained from NEWMOD-calculated %illite in illite-smectite vs. dgg002 peak
position relationships reported by Moore & Reynolds (1997). The peak reproducibility of the
drg002-reflection was 0.01 A, equivalent to an analytical precision of £2%Gl in GI-S. Results
were compared with Sybilla© calculations to verify the accuracy of the %Gl estimations. For
Sybilla© modeling, an illite-smectite structure with a large Fe content of 1.2 atoms per for-

mula unit (a.p.f.u.) was assumed, based on O;9(OH),, in the octahedral sites.

4.4.3 Scanning and transmission electron microscopy

In order to study mineral alterations and dissolution features related to diagenesis, ~40 hand-
picked, C-coated grains from 0.16 (least altered state) vs. 24.91 mbsf (most altered state) were
analyzed by scanning electron microscopy (SEM) using a Jeol JXA-840A. For material disag-
gregation, the bulk sample was treated with 0.5 M HCI (for 1 h) to remove carbonates.

Transmission electron microscopy (TEM) was performed to determine the composition, form,
and structure of clay mineral particles in the separated green-grain sub-fractions from 0.16,
11.69, and 24.91 mbsf using a Jeol JEM 1210 instrument equipped with an Oxford Instru-
ments Pentafel Link-Model 6635 detector. The sample preparation was the same as described
by Baldermann et al. (2012). Imaging, energy-dispersive X-ray spectroscopy (EDX), and se-
lected area electron diffraction (SAED) analyses were performed on single clay mineral parti-
cles using a 200 kV accelerating voltage and 10 s count time to reduce K" migration. The ana-
lytical error of elemental analysis depends mainly on particle thickness and size. The standard
deviations were < 30% for Na, K, and Ca, < 10-15% for Al and Mg, and < 5% for Si and Fe
analyses, equivalent to an analytical error of < 2 wt.% for most of the major elements. Struc-
tural formulae were calculated on the basis of 22 negative charges, according to Bailey et al.
(1980), assuming (1) the iron present is ferric Fe, (2) the tetrahedral Si*" + AP is equal to 4,
(3) F&’*, Mg*", and A" occupying the octahedral sheet, and (4) K, Na*, and Ca”" are lo-

cated within the interlayer sites.

4.4.4 Focused-ion beam and scanning electron microscope (FIB-SEM) study

The microfabrics of light and dark green clay infillings of the benthic foraminifer Fursenkoi-

na mexicana were studied using a Zeiss Auriga CrossBeam FIB-SEM. A Pt-coated surface
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area of ~20 x ~30 um was tilted normal to the ion beam. lon milling was applied to create a
cross-sectional surface of ~15 x ~15 um that was imaged by the electron beam with a 5 kV
accelerating voltage. 3-D information was obtained using a serial sectioning procedure with
alternating milling and imaging to acquire a 2-D image sequence across the selected volume
(Warr & Grathoff, 2012). The acquired number of secondary electron images ranged between
100 and 300 with a 25 nm slice thickness. 3-D visualization was obtained from the sequence
of SEM images using the ImageJ© software based on the gray-level contrasts. The distribu-
tion of clay matter, pore space, and skeletal calcite was reconstructed using the threshold

method slightly modified from that described by Keller et al. (2011).

4.5 Results

In this section, the results of petrographic, mineralogical, geochemical, and structural studies
of the bulk sediment and the green grains are compared in order to investigate the glauconiti-

zation process in the recent deep-sea environment of the ODP Site 959C.

4.5.1 Petrographic observations

The uppermost 25 m of sediment consists of slightly bioturbated, olive brown to olive-grayish
green horizons of interbedded foraminifera and nanofossil oozes. The laminae which are rich
in foraminifera tests are about 1 mm to 1 cm thick and show two scour contacts at ~3.8 and
10.4 mbsf. Giresse et al. (1998) interpreted these features as resulting from winnowing action
or longer breaks in sedimentation. Darker intervals are rich in organic matter (0.7-1.6 wt.%)
with a C/N ratio of 8-48 (14 on average), as reported by Baldermann (2012), which indicates
the predominance of marine organic matter (Wagner, 1998). These thinner layers also contain
large proportions of coccoliths which are mixed with a brownish clay matrix. Sparse occur-
rences of large detrital quartz and feldspar grains as well as plant debris were recognized over
the whole sedimentary sequence whereas the proportions of pyrite and green clay infillings re-
lated to glauconitization increase slightly with increasing depth (Baldermann, 2012). No signs
of gravity-flow or turbidity deposits are evident, indicating that the green grains were formed
in situ rather than transported by reworking and re-deposition from the surrounding Ghanaian
shelf and slope.

Examples of microfacies and microstructures from 1.32, 10.23, 11.49, and 24.91 mbsf (see
Fig. 4.2) reveal that the sediment from 1.32 mbsf consists mainly of nanofossil ooze which is

rich in the tests of globigerine and orbuline foraminifera that show a few incomplete, pale to
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light green clay infillings in addition to some radiolarians (Fig. 4.2-a). No pyrite was found,
suggesting that the uppermost sediments are the least altered in terms of diagenetic over-
printing. At 10.23 mbsf, foraminifera tests mixed with partly dissolved radiolarians dominate
in the sediment and some of these tests show immature, light to medium green clay infillings
(Fig. 4.2-b). Many medium green internal moulds and subordinate pyrite infillings were found
within foraminifera tests at 11.49 mbsf (Fig. 4.2-c). Radiolarians are absent at > 11.49 mbsf,
and skeletal calcite (i.e. foraminifera tests) has been partly dissolved. Abundant more-mature,
medium to dark green grains with a fractured and broken morphology, and many pyrite infil-
lings, were found at 24.91 mbsf (Fig. 4.2-d). The section > 24.91 mbsf is, thus, considered to
reflect the most altered sediment with respect to early diagenesis. An increased state of glau-
conitization is recognizable in the more deeply buried sediments, together with precipitation

of pyrite and dissolution of both carbonate and bio-opal.

PY

11.49 mbsf

Fig. 4.2: Photomicrographs showing the development of microfacies and microstructure within the top 25 m of
Hole 959C. (a) Clayey nanofossil ooze enriched in foraminifera (f) and radiolarians (r) from 1.32 mbsf. Incom-
plete, light green clay infillings (gl) are scarce. (b) Immature, light to medium green clay infillings in foramina-
fera ooze mixed with partly dissolved radiolarians from 10.23 mbsf. (c) Nanofossil ooze containing interbedded
laminae of foraminifera tests rich in medium green clay and subordinate pyrite infillings (py). Radiolarians are
absent at 11.49 mbsf and skeletal calcite (c) is partly dissolved. (d) Foraminifera-rich nanofossil ooze with large
proportions of more mature dark green grains showing a modified (broken or cracked) morphology accompany-

ing plentiful pyrite infillings from 24.91 mbsf.
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4.5.2 Bulk mineralogy of Hole 959C

Quantitative XRD analyses of 21 bulk samples from Hole 959C (Fig. 4.3) revealed a constant
background of siliciclastic input during the last 2.5 My, consisting of poorly crystalline kaoli-
nite (21-34 wt.%), quartz (11-19 wt.%), and feldspar (3-8 wt.% of K-feldspar and albite), and
minor amounts of detrital smectite (2-5 wt.%), illite/muscovite (1-5 wt.%), chlorite (1-3 wt.%)
and anatase (0.3-0.6 wt.%). In addition to the detrital input, authigenic calcite (27-51 wt.%),
GI-S (1-6 wt.%, 2-3 wt.% on average), and pyrite (< 3 wt.%) were formed. Traces (< 1 wt.%)
of aragonite, bio-opal, and Fe-(oxy)hydroxides as well as secondary halite, gypsum, and hexa-
hydrite were also identified by SEM, most of which probably formed as alteration products
during storage. No general variation with depth in the basic mineral assemblage was detected
except an increase in the amount of pyrite (and Gl-S) and a decrease in the proportion of feld-

spar with increasing depth which can be attributed to diagenetic alterations (Fig. 4.3).
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Fig. 4.3: Bulk mineralogy of the upper 25 m of Hole 959C based on XRD. The proportion of the green-grain

fractions was determined by weighing.
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Observations by SEM of carbonate-free sediment from 0.16 mbsf showed it to have slightly
rounded quartz grains, in addition to detrital K-feldspar, albite, chlorite, and illite/muscovite
particles that show clear cleavage directions and distinct crystal edges with no signs of diage-
netic modification (Fig. 4.4). Modified habits, abundant dissolution pits, and decomposition
features are evident at 24.91 mbsf, indicating silicate alterations related to progressing marine
diagenesis. Fe-(oxy)hydroxides and unstable bio-opal (fragments of radiolarians, diatoms, and
sponge needles) have been almost completely dissolved or have been partly glauconitized at
24.91 mbsf, whereas detrital smectite and kaolinite remained unaltered (Fig. 4.4). Neocrystal-
lized pyrite with both framboidal and euhedral (octahedral) morphology is most abundant at
24.91 mbsf, together with authigenic Gl-S.
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Fig. 4.4. SEM images of less altered grains from 0.16 mbsf (a) compared with the more altered grains from
24.91 mbsf (b). Quartz, K-feldspar, albite, chlorite, muscovite (musc), bio-opal (Sp = sponge needles, D = dia-
toms, R = radiolarians), and Fe-(oxy)hydroxide show abundant alteration and dissolution features, while detrital
Na-smectite (Na-Smc) and kaolinite (Kao) remain unaltered. Glauconite-smectite (GI-S) and framboidal and eu-

hedral pyrite (framb. and euh. pyrite) were formed in situ during early marine diagenesis.

95



4.5.3 Mineralogy of the green-grain sub-fractions

The material inside the foraminifers’ shells, namely the green clay infillings, was studied by
XRD after removal of the skeletal carbonate and surrounding mud matrix. In order to investi-
gate the state of glauconitization in the more deeply buried sediments, clay matter from the
pale to light green, medium green, and dark green-grain sub-fractions from 0.16, 11.69, and
24.91 mbsf was analyzed using oriented clay preparations (Fig. 4.5). Air-dried clay from the
light green grains from 0.16 mbsf displayed a doo; reflection at 13.3 A which shifted to 16.5 A
after EG-solvation with the weak dyg, reflection at 8.8 A, typical for immature Fe-smectite-
rich GI-S. In contrast, air-dried clay matter from the buried dark green grains from 24.91 mbsf
showed a dgg; value at 11.4 A which increased to 14.8 A after EG solvation. The dgg, value
was 9.7 A, indicative of a more mature glauconite-rich GI-S. After heating to 550°C for 1 h
the basal spacing decreased to 10.0 A.

Quantitative changes in both the composition of GI-S and the percentage of each green-grain
sub-fraction suggest a sequence of increased glauconitization with the increasing burial depth
(Fig. 4.5). Using the linear relationship between the %Gl in GI-S and related shifts in their
basal spacings (adapted from Moore & Reynolds, 1997), the dog, reflections from EG-solva-
ted clay matter were used to determine the %Gl in each green-grain sub-fraction (Fig. 4.5).
Sybilla© modeling (see also Fig. 4.5) of the XRD patterns reveals that the most immature Gl-
S from 0.16 mbst contains ~32% GI and ~68% Fe-smectite layers (RO ordered), whereas the
most mature GI-S from 24.91 mbsf contains ~84% Gl and ~16% Fe-smectite layers (R3 or-
dered). These values are consistent with the %Gl values obtained by using the Moore & Rey-
nolds method. The %Gl increased, together with greening of the grain color, from 32-51%
(light green) and 39-74% (medium green) to 61-84% (dark green).

The mass fraction (determined by weighing) of the light green grains in the total green-grain
fraction decreases with increasing depth, from 70 wt.% at 0.16 mbsf to 20 wt.% at 11.69 mbsf
and to 5 wt.% at 24.91 mbsf. Correspondingly, the mass fractions of the medium green grains
(30 wt.%, 50 wt.%, and 55 wt.%) and dark green grains (<5 wt.%, 30 wt.%, and 40 wt.%) in-
creased at the three depths (see Fig. 4.5). In each grain color class the %Gl increased at ele-
vated burial depths, from 32-39% at 0.16 mbsf and 36-61% at 11.69 mbsf to finally 51-84% at
24.91 mbsf, attributed to ongoing glauconitization related to progressive diagenesis. All %Gl
values were notably greater than the value reported by Wiewiora et al. (2001) who estimated
only ~20% Gl layers for the green-grain assemblages without separation of the light, medium,

and dark sub-fractions.
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Fig. 4.5. XRD patterns of oriented, glycolated preparations of the separated light (Ig), medium (mg), and dark
green (dg) grains, collected from 0.16, 11.69, and 24.91 mbsf of Hole 959C. The %Gl in GI-S was calculated
using the linear equation (4.1) %Gl = 60.8-dgg002 — 504.5 derived from NEWMOD-calculated %illite in illite-
smectite vs. dgg002 peak-position relations reported by Moore & Reynolds (1997). The accuracy of the %Gl
estimations was verified by comparison with Sybilla© calculations (gray curves). On the right, the percentage of

each green-grain sub-fraction is given in wt.% of the total green-grain fraction (determined by weighing).

4.5.4 Composition, form and structure of clay minerals in the green-grain fractions

The composition, form, and structure of the clay mineral particles from the separated light,
medium, and dark green-grain sub-fractions from 0.16, 11.69, and 24.91 mbsf of Hole 959C
were studied by TEM-EDX and TEM-SAED in order to identify differences attributed to va-

riations in these properties related to burial depth and color of the green clays (see Fig. 4.6
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and Table 4.1). In total, 332 TEM-EDX analyses were carried out on single clay mineral par-

ticles and structural formulae were calculated, based on average compositions. Nine TEM-

EDX analyses were also carried out on biofilm (see below).
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Fig. 4.6: TEM images and TEM-SAED patterns of representative clay mineral particles from the light, medium,

and dark green-grain sub-fractions from 0.16 (a-c), 11.69 (d-f), and 24.91 mbsf (g-1) showing the development of

particle form and composition at Hole 959C. Initial filmy or veil-like Fe-smectite (Fe-Smc) (a-d) with weak dif-

fraction rings changes into intermediate, flaky or lath-like GI-S (b, e, g, h) with weak or smeared Bragg spots and

finally into lath-like glauconite (c, f, i). The two diagnostic, non-basal Bragg reflections (b* marks the direction

of the b axis) indicate a transition from the poorly ordered 1M polytype to the ordered 1M polytype.

Particles of the light green sub-fractions generally have a veil-like or film morphology accor-

ding to the nomenclature of Buatier et al. (1989). These particles consist mainly of Fe-smec-
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tites and smectite-rich GI-S that predominantly display weak diffraction rings reflecting their
turbostratic nature (Figs 4.6-a, 4.6-d, 4.6-g). Bacteria are frequently present within the light
green sub-fractions but they are less abundant in the darker, more mature grains. In close pro-
ximity to bacteria, biofilm is often mixed with thin Fe-smectite particles, suggestive of bac-
teria-clay mineral interactions. Intermediate GI-S particles with both flaky and lath-like mor-
phology occur rarely at 0.16 mbsf but their abundance increases with increasing depth along
with greening of the grain color (Figs 4.6-b, 4.6-¢e, 4.6-g, 4.6-h). Accordingly, minor propor-
tions of Fe-smectite-rich GI-S with either smeared Bragg spots or weak diffraction rings still
occur at 11.69 and 24.91 mbsf, but lath-like, glauconite-rich GI-S with discrete Bragg spots
predominate. Within the dark green sub-fractions, intermediate and lath-like glauconite parti-
cles as well as flake-shaped, glauconite-rich GI-S are more frequent. The elongated form of
these particle types (Figs 4.6-c, 4.6-f, 4.6-h, and in the lower right of panel 4.6-1) is evident
from the high aspect ratio of 4:1 to 5:1. Such more evolved, lath-like particles commonly dis-
play discrete Bragg spots, documenting a more ordered mineral structure (e.g. Baldermann et
al., 2012) compared to that of Fe-smectite.

According to the chemical composition (based on TEM-EDX analysis), the clay mineral parti-
cles mainly consist of Si, Fe, Al, Mg, K, Ca, and O with small traces of P, S, Ti, and Mn (see
Table 4.1). With increasing maturity of the grains, the following changes in elemental chemis-
try were recognized. Average compositions of light green clay mineral particles were rather
poor in K,0 (1.8-2.9 wt.%), MgO (3.8-4.4 wt.%), and Fe,O3 (24.7-25.2 wt.%), whereas SiO,
(60.0-61.1 wt.%), Al,O3 (7.1-7.6 wt.%), and CaO (0.4-0.8 wt.%) proportions were high. The
medium green clay mineral particle s have moderate amounts of K,O (2.6-4.3 wt.% ), MgO
(3.7-4.4 wt.% ), CaO (0.4-0.8 wt.%), and Fe,Os (25.0-26.0 wt.%), but less SiO, (58.8-61.1
wt.%) and Al,O3 (6.5-7.1 wt.%). Finally, the dark green clay mineral particles have the largest
amounts of K,0 (4.3-5.4 wt.%) and Fe,O3 (24.0-27.3 wt.%), moderate MgO (4.2 wt.%) and
CaO (0.4-0.8 wt.%), but the smallest amounts of SiO; (58.2-59.1 wt.%) and AL,O; (5.2-7.3
wt.%). Based on the calculated, average structural formulae (Table 4.1), the light green clay
mineral particles have an Fe-smectite composition of (Ky. 1gCao_03)(Fe3+1_ 19A10.50Mg0 38)52.07
[Alp.08Si3.92010](OH), at 0.16 mbsf. GI-S compositions in the range (K0,26Cao,06)(Fe3+1,26A10,39
Mg 39)52.04[ Alp.11S13.80010](OH), dominate in the medium green grains from 11.69 mbsf, and
the most mature, dark green glauconite-rich GI-S have compositions of (K0_46Ca0_03)(Fe3+1_33
Alp26Mg0.42)52.01[Alp 14513 86010](OH), at 24.91 mbsf. Due to the high Fe-smectite content, es-
pecially in the less evolved GI-S, some of the Mg>" may be located in the interlayer sites of

the Fe-smectite which could increase the interlayer charge of GI-S by a progressively higher
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octahedral charge deficiency. The greener color of the more mature grains may also reflect the
existence of some structural Fe*” which could affect the structural formulae by decreasing the
tetrahedral Si content. However, the Fe*"/Fe’" ratio in glauconite is commonly low, typically
ranging from 0.05 to 0.5 at most (~0.15 is the average, inferred from the data reported by e.g.
Meunier and El Albani, 2007), and the calculated structural formulae are balanced assuming
the Fe is ferric (Table 4.1). The overall compositional changes mentioned above, thus, support
a sequence of increased glauconitization with increasing burial depth, where initial Fe-smec-
tites changed continuously into glauconite via the formation of GI-S, as also indicated by the

XRD data (see Fig. 4.5).

Table 4.1: Averaged compositions, excluding water of GI-S, based on 332 TEM-EDX analyses, with calculated
structural formulae of the separated light, medium, and dark green-grain sub-fractions from samples taken at

0.16, 11.69, and 24.91 mbsf.

Depth 0.16 mbsf 11.69 mbsf 24.91 mbsf

Green grain sub-fraction light medium dark light medium dark light medium dark
Particles analysed (n) 32 36 30 36 34 38 39 43 44
Averaged elemental chemistry in wt% based on TEM-EDX

MgO 4.0 3.7 4.2 3.8 4.1 42 4.4 4.4 4.2
ALO; 7.6 7.1 7.3 7.5 6.5 5.2 7.1 6.1 5.2
SiO, 61.1 61.1 59.1 61.2 59.8 58.5 60.0 58.8 58.2
K,0 2.2 2.6 4.6 1.8 3.1 43 2.9 43 5.4
Fe,0; 24.7 25.0 24.0 24.8 25.7 27.3 25.2 26.0 26.7
CaO 0.4 0.5 0.8 0.8 0.8 0.4 0.5 0.4 0.4
Total 100.0 100.0 100.0 100.0 100.0 100.0 100.0 100.0 100.0
Atoms per formula unit (a.p.fu.) based on O;¢(OH),

VAl 0.08 0.06 0.14 0.07 0.11 0.14 0.12 0.14 0.14
Si 3.92 3.94 3.86 3.93 3.89 3.86 3.88 3.86 3.86
TC -0.08 -0.06 -0.14 -0.07 -0.11 -0.14 -0.12 -0.14 -0.14
VIAL 0.50 0.48 0.43 0.49 0.39 0.27 0.43 0.33 0.26
Fe(III) 1.19 1.21 1.18 1.20 1.26 1.36 1.23 1.28 1.33
Mg 0.38 0.36 0.41 0.37 0.39 0.42 0.42 0.43 0.42
(VAL + Fe(Ill) + Mg) 2.07 2.05 2.02 2.06 2.04 2.05 2.08 2.04 2.01
ocC -0.17 -0.21 -0.35 -0.19 -0.27 -0.27 -0.18 -0.31 -0.39
K 0.18 0.21 0.38 0.15 0.26 0.36 0.24 0.36 0.46
Ca 0.03 0.03 0.05 0.06 0.06 0.03 0.03 0.04 0.03
IC 0.24 0.27 0.48 0.27 0.38 0.42 0.30 0.44 0.52

TC = tetrahedral charge, OC = octahedral charge, IC = interlayer charge.

4.5.5 3-D microstructure of light vs. dark green clay infillings

Differences of microstructure, microporosity, and mineralogy between the light vs. dark green
clays were studied by comparison of 3-D reconstructions of infillings in the benthic foramina-
fer Fursenkoina mexicana (Fig. 4.7). At 0.16 mbsf, most of these shells are filled with light
green clay matter but at 24.91 mbsf most are filled with dark green clay matter. One shell fil-
led with light green clay matter and one filled with dark green clay matter were selected for

the study. The following observations were made on the two varieties:
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(1) The light green clay matter from 0.16 mbsf (Fig. 4.7-a to 4.7-c) consisted mainly of sets of
Fe-smectite-rich GI-S ~0.5-1.0 um across and subordinate Fe-smectite particles. These poorly
evolved clay minerals (nomenclature of Odin & Matter, 1981) typically form boxwork-like
networks (Fig. 4.7-b) with a significant, well connected porosity of about 15-20% (Fig. 4.7-c).
Fragments of partly dissolved calcite (Fig. 4.7-a) which are probably remnants of the forami-
nifera walls are well preserved between the clayey frameworks.

(2) The dark green clay matter from 24.91 mbsf (Fig. 4.7-d to 4.7-f) consisted mainly of glau-
conite-rich GI-S and showed notably more complex microstructures than those of the light
green clays. Sets of these clay mineral particles are ~0.5-2.0 um in size and typically form
flame- or rosette-like structures with a high packing density (Fig. 4.7d and 4.7-¢), characteris-
tics associated with the evolved state of glauconitization (Odin & Matter, 1981). At this state,
the porosity (5-10%) is reduced and the skeletal calcite has largely been dissolved (Fig. 4.7-f).
Such (micro)-textures indicate changes in the physicochemical conditions in the foraminifera

tests during progressive glauconitization.

Light green clay infillings
from 0.16 mbsf

from 24.91 mbsf

Dark green clay infillings

300 pm

Fig. 4.7: 3-D reconstructions of green clay infillings of the benthic foraminifera Fursenkoina mexicana based on
FIB-SEM images. Optical photomicrographs and SE images of the specimens, filled with either light green clay
at 0.16 mbsf (a) or dark green clay at 24.91 mbsf (d), show the locations of the investigated areas. The light
green clay matter (a to c) is composed mainly of 0.5-1 pm long Fe-smectite-rich GI-S (white areas in part b)
which forms boxwork-like networks with a high porosity (white areas in part c). Skeletal calcite (dark gray areas
in part a marked with Cc) is largely preserved. The dark green clay matter (d-e) is composed of sets of 0.5-2 pm
long glauconite-rich GI-S (gray areas in part e) and forms rosette-like structures with a greater packing density.

Pore space and skeletal calcite (white areas in part f) are largely reduced at this state of glauconitization.
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4.6 Discussion

Previous studies demonstrated that in the deep-water environment of the Ivory Coast — Ghana
Marginal Ridge (ODP Hole 959C), authigenic green clay minerals formed at the water-sedi-
ment interface during phases of enhanced ion exchange with the seawater (Giresse & Wiewio-
ra, 2001; Wiewiora et al., 2001). The reaction mechanism proposed was that of Fe-smectite-
to-glauconite alteration by the formation of GI-S, a feature confirmed in this study. However,
detailed XRD and electron microscope analyses of representative green grains from different
depths revealed a number of new features which were not characterized by previous authors:

(1) the association of bacterial biofilm, gels, and precipitated Fe-smectite in less altered green
grains; (2) the decrease in connected porosity with increasing depth; (3) a greater abundance
of glauconite in GI-S in all samples; and (4) a notable depth-dependent increase in the degree
of glauconitization which was observed for all three types of green grains — light, medium,
and dark — together with increasing proportions of the dark green grains with increasing burial
depth. In this section, the key factors for glauconitization are discussed and a new interpreta-
tion of glauconite formation presented. The availability of Fe is suggested to be the most im-

portant rate-limiting factor for glauconitization in this low-temperature, deep-water setting.

4.6.1 The initial step to glauconitization — formation of Fe-smectite

Comparison of petrographic (Fig. 4.2), mineralogical (Fig. 4.5), and chemical (Table 4.1) data
across the entire range of green clays from the immature light green grains from 0.16 mbsf to
the most mature dark green grains from 24.91 mbsf suggests that a complete mineral series
from Fe-smectite to glauconite exists via progressively more glauconitic GI-S. Thus, the early
diagenetic formation of Fe-smectite subsequent to sediment deposition seems to be a key fac-
tor for glauconitization of foraminifers’ tests, as proposed by Giresse & Wiewiora (2001).

Authigenic veil-like Fe-smectite particles ~20-50 pm long are always associated with bacte-
ria-produced biofilm (Fig. 4.8-a and 4.8-b). The biofilm contains on average high proportions
of volatiles (89.1 wt.% CO; and 1.9 wt.% SOs3) and SiO; (4.6 wt.%), CaO (1.8 wt.%), P,Os
(1.6 wt.%), Fe,0O3 (0.4 wt.%), MgO (0.4 wt.%), and K,O (0.1 wt.%) based on nine TEM-EDX
analyses (Fig. 4.8). Such a composition is indicative of bacterial biofilm of marine origin with
incorporated amorphous gels, rather than that resulting from later contamination, with simila-
rities to biofilm compositions produced in experimental studies of seawater, clay mineral, bio-
film, and bacteria interactions (e.g. Chaerun & Tazaki, 2005; Warr et al., 2009). According to

Konhauser & Urrutia (1999), a Si-rich precursor gel is suggested to promote clay-mineral
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authigenesis. Smectite precipitation from amorphous gels was proposed previously by Harder
(1980), Jiménez-Millan et al. (1998), Kloprogge et al. (1999), and Gaudin et al. (2005). The
biofilm can provide an early micro-environment where suitable conditions for the formation
of amorphous Fe’"/Mg* -rich hydrogel with co-precipitated Al’" develop as soon as super-
saturation is reached (Konhauser & Urrutia, 1999). Rapid chemisorption of dissolved silica
onto this initial precipitate (Martin-Algarra & Sanchez-Navas, 1995) can finally lead to the
development of poorly crystalline Fe-smectite-like phases, as found in the surface sediments
of ODP Site 959 (Figs 4.8-b and 4.9). These largely unaltered Fe-smectite particles contain
~8% Gl and ~92% Fe-smectite layers and can be classified as the nascent state of glauconiti-
zation (nomenclature of Odin & Fullagar, 1988). The early micro-environment developed in
the bacterial biofilm is, therefore, suitable for Fe-smectite formation which is likely to be the

first step of the glauconitization process within the Ivory Coast sediments (Fig. 4.9).

Fe-smectite

biofilm

Energy (keV)

Fig. 4.8: TEM images illustrating the evolution of the green clay minerals at ODP Site 959. (a) Interactions of
authigenic Fe-smectites and bacterial biofilm from 0.16 mbsf. (b) An enlarged view of (a) which shows the asso-
ciation of neo-formed Fe-smectite-like phases and biofilm. (c-d) Lath-like GI-S particles without bacteria from
24.91 mbsf indicative of an ongoing glauconitization process. On the right, TEM-EDX spectra of TEM C-film

(1), biofilm mixed with neo-formed Fe-smectite (2), pure Fe-smectite (3), and GI-S (4) are shown.

With the increased state of glauconitization found in the more deeply buried sediments, the

proportion of bacteria present within the internal moulds of the calcareous (pelagic) foramina-
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fera decreased notably, probably reflecting the intense changes in pH and Eh conditions
within the micro-environment. As the microbial activity decreases, the interstitial solution of
the bulk sediment and its chemistry are expected to become more important and control the
ongoing glauconitization process. This interstitial solution-driven Fe-smectite-to-glauconite
reaction is evident from the greater degree of glauconitization observed at 24.91 mbsf (see

Fig. 4.8-c and 4.8-d).
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Fig. 4.9: TEM-EDX analyses of unaltered Fe-smectite particles from 0.16 mbsf of Hole 959C (black rhombs)
plotted in the 4Si-X"'Fe diagram of Gaudin et al. (2005). Average compositions of the separated green-grain sub-
fractions (Table 4.1) are included to illustrate the ongoing glauconitization process. Reference data of Fe-smec-
tite (dashed circle and square) and of the international GLO (glauconite) standard (dashed star) are included for

comparison.

4.6.2 The driving force for glauconitization — interstitial solution chemistry

Recent green-clay authigenesis is commonly restricted to granular siliciclastic and calcareous
habitats. The original composition of the sediment and the residence time close to the sedi-
ment-seawater interface (Giresse & Wiewiora, 2001) are thought to be the key factors control-
ling the glauconitization reaction. Such conditions imply continuous cation supply solely from

seawater during the whole glauconitization process.
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Fig. 4.10: Interstitial solution profiles for ODP Site 959 (data from Mascle et al., 1996). Average seawater com-
position (black arrows) based on Turekian (1968) and the lithology of Hole 959C are labeled for comparison.

105



Effective cation exchange can only take place in the first centimeters of clayey substrates and
in the first meters of granular substrates, depending on the properties of the sediment such as
permeability, porosity, tortuosity, and mainly on the sedimentation rate (Meunier & El Alba-
ni, 2007). At Hole 959C, the sediment’s properties (Mascle et al., 1996) and sedimentation
rates (Wagner, 1998) have not changed noticeably over the last 2.5 My, whereas XRD, TEM-
EDX, and FIB-SEM data from the present study clearly reveal an increasing state of glauconi-
tization with increasing depth (Figs 4.6 to 4.9), thus indicating that the glauconitization reac-
tion is not restricted to the seafloor-sediment interface and proceeds further during progress-
sive burial. Furthermore, if the Fe-smectite pre-cursors were precipitated from seawater, then
an explanation is required for why the mineralogy (Fig. 4.5) and the chemistry of the green
grains differ (Table 4.1), despite a similar residence time close to the sediment-seawater inter-
face at this site (~1 cm-ky™") characterized by constant cation supply. These relationships may
be explained by the interstitial solution geochemistry being modified by microbially-catalyzed
oxidation of biodegradable (marine) organic matter, causing Fe redox reactions and silicate al-
terations (Figs 4.2 to 4.4) that promoted the ongoing glauconitization process within the sedi-
ment pile.

Microbial oxidation of marine organic matter was suggested by Mascle et al. (1996) to have
had a major impact on the diagenetic reactions observed at Site 959, namely glauconitization
and pyritization. Within the first few meters of sediments, the SO4> concentration of the inter-
stitial solution drops below the level of the seawater, owing to microbial sulfate reduction.
Thus, dissolved oxygen has been consumed quantitatively (Schulz & Zabel, 2006), followed
by Mn*" and Fe’" reduction (Fig. 4.10), e.g. from (oxy)hydroxides. Accompanying ongoing
SO4* reduction with increasing depth, H,S accumulated successively in the interstitial solu-
tion, providing the anions for framboidal and euhedral pyrite formation (Fig. 4.3 and 4.4). Fe-
sulfide precipitation is, hence, a limiting factor for glauconitization because it competes with
the primary formation of Fe-smectites by removal of ferrous Fe. As a consequence. the Fe in-
terstitial solution profile displays large variation in Fe content without any systematic depth
trend which was interpreted by Mascle et al. (1996) as a dynamic redistribution of Fe within
the sediment column.

The oxidation of marine organic matter and also sulfate reduction are likely to play a key role
in regulating the pH of the interstitial solution, as indicated by the drop in pH from 7.7 to 7.2
in the first 20 mbsf (Fig. 4.10) which reflects the formation of e.g. carboxylic acids and H,S
(Mascle et al., 1996). At this site, the interstitial solution pH is buffered by CaCOs; dissolu-

tion, as documented by the increase in total alkalinity and Sr** content. Hence, the pH within
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organic-rich micro-environments such as in the biofilm within foraminifera tests is probably
much lower (pH < 5) than that of the interstitial solution. Such locally occurring acidic condi-
tions can promote dissolution of detrital silicates such as feldspar, as documented by the pre-
sent XRD and SEM data (Fig. 4.3 and 4.4). As a consequence, the concentration of silicic acid
in the interstitial solution increases with burial depth (Fig. 4.10), reaching a first maximum at
20 mbsf (~650 mM). Alterations of bio-opal and clay minerals (Fig. 4.4) provide additional
ions such as Al3+, Fez+, Na', Ca2+, and Mg2+ (e.g. MacKenzie, 2005) that are required for on-
going glauconitization.

Due to intense silicate weathering, the K concentration of the interstitial solution (Fig. 4.10)
in the first 50 mbsf (12.2-12.7 mM) is ~20-25% greater than that of seawater (10.02 mM) but
it decreases continuously below 120 mbsf. An elevated K* concentration of the interstitial so-
lution probably favors the glauconitization reaction by irreversible K fixation, as indicated by
the TEM-EDX data and by previous studies on the illitization of smectite (Hower et al., 1976;
Kauthold & Dohrmann, 2010).

In summary, the interstitial solution chemistry at ODP Site 959 was modified by early diage-
netic silicate mineral alteration, microbial sulfate reduction, Fe redox reactions, carbonate dis-
solution, and oxidation of organic matter, and is probably the driving force for glauconitiza-

tion within the sedimentary pile.

4.6.3 Rate of deep-water glauconitization

At the ODP Site 959, Fe-smectite formation is considered to be the initial step to glauconitiza-
tion which occurred in semi-confined, organic-rich micro-environments, as provided within
the tests of foraminifera. According to chemical modeling of Fe-smectite formation in deep-
sea sediments from the Costa Rica margin (e.g. Charpentier et al., 2011), several thousands of
years are required to precipitate Fe-smectite in large quantities. Gaudin et al. (2005) suggested
that these neo-formed Fe-smectites are thermodynamically unstable during early marine dia-
genesis and alter rapidly into glauconite via GI-S formation. Evidence for such a progressive
Fe-smectite into glauconite alteration is given by the positive correlation (R? = 0.89) between
the increasing percentage of %Gl in GI-S and the associated higher K™ content per a.p.f.u.

(Fig. 4.11) with grain maturity, according to the expression 4.2:
%G1 =108.4 - log(K") + 116.1 for K+ < 0.7 a.p.fu. (4.2).

The proportion of %Gl in GI-S of the total green grains at a given depth, namely, the state of

overall glauconitization in the sediment (%Glseq), was calculated with equation 4.2 using the
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average K content (£0.05 K a.p.f.u.) of each green-grain sub-fraction (Table 4.1) multiplied
by its percentage (£5%) in the total green-grain fraction from each depth (Fig. 4.5). These cal-
culations revealed 30, 60, and 75% Glseq, €each £10%, at 0.16, 11.69, and 24.91 mbsf which
correspond to sediment ages of ~10, 900, and 2500 ky, respectively, given by Giresse & Wie-
wiodra (2001). Assuming that the formation of Fe-smectite with initially little if any %Gl re-
quires ~1 ky (Charpentier et al., 2011), an average glauconitization rate for the ODP Site 959
can be obtained by plotting (R* = 0.97) the %Gls.q against the age of the sediment (ageseq in
ky), according to the equation 4.3:

%Glsed = 22.6 - log(ageseq) + 1.6 for age®* < 10 My (4.3).
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Fig. 4.11: Relationship between %Gl and interlayer K content in G1-S. Glauconite formation is accompanied by

a continuous K™ uptake.

The glauconitization rate in this modern deep-sea environment (ODP Site 959) is about five
times less than that in the shallow shelf (e.9. Odin & Fullagar, 1988) which probably reflects
the lower temperatures (~3-6°C) and the limited supply and reflux of essential cations which
are required for glauconitization such as Fe*' K7, Mg2+, and silica. However, the rate of deep-
sea glauconite formation is notably faster than that of smectite illitization that occurs during
burial diagenesis (e.g. Hower et al., 1976), which may reflect the role of Fe, as shown by the
positive linear correlation (R* = 0.98) between the increasing Fe,O3 content and the associated
higher percentages of %Gl in GI-S (Fig. 4.12).

As previously suggested by Baldermann et al. (2012), the availability of Fe and subsequently
the extent of Fe’"*"/Mg”" for AI’" substitutions in the octahedral sheet of the neo-formed Fe-
smectite and related GI-S is expected to have a major impact on the rate of glauconitization.
With increasing proportion of bivalent octahedral cations such as Fe*” and Mg®" the octahe-

dral charge increases and K" is progressively fixed into the interlayer sites to balance charge,
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as documented by the TEM-EDX compositions of the Ivory Coast glauconites and GI-S
(Table 1). The proportion of Fe*" in the green grains could not be determined in the present
study due to the small amount of green grains available. However, the greening of the grain
color with increasing burial depth indicates that some Fe*" in the structural formulae of GI-S
is probable. Thus, the progressive fixation of Fe as well as Fe reduction during glauconitiza.-
tion is considered to be a likely rate-controlling factor, as expressed in the linear relationship

of increasing Fe,O;3 contents and the state of glauconitization (Fig. 4.12).

Rate of glauconitization
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Fig. 4.12: Glauconitization rate for the ODP Site 959. The positive, linear correlation between increasing Fe,O;
content and the state of glauconitization implies that Fe could be the overall rate-limiting element (inserted box).
The rate of shallow-water glauconitization, as suggested by Odin & Fullagar (1988) and the rate of illitization of

smectite, as proposed by Hower et al. (1976) for the Gulf Coast sediments, are included for comparison.

4.6.4 Model for deep-water glauconite formation

As a result of the petrographic, mineralogical, and chemical observations in the present study,
the glauconitization process of foraminifers’ tests at ODP Site 959 is proposed to occur in
three dominant steps (Fig. 4.13).

(1) After sedimentation (~0.01-1 ky), most of the marine organic matter was oxidized. This
resulted in locally reducing and slightly acidic conditions (pH, < pHseq < pHsw) in the micro-
environment of glauconitization (pH,) and the surrounding sediment (pHgs.q) compared to the
seawater pH (pHsw), as documented by the interstitial solution data (Fig. 4.10). Such condi-
tions favored the dissolution of carbonate, biogenic opal, and silicate minerals (€.g. Raiswell
& Canfield, 2012), making dissolved K, Mg2+, and silica readily available at the ODP Site
959.
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Fig. 4.13: Glauconitization model for ODP Site 959. (1) Microbial oxidation of organic matter (OM) generates
locally occurring reducing and acidic conditions in the micro-environment of glauconitization such as in forami-
nifera tests and the surrounding sediment. These conditions enhance (silicate) mineral dissolution and the forma-
tion of cation-organic aquo-complexes. (2) As soon as the OM is consumed, oxidation of the organic complexes
and of Fe?" occurs. Subsequently, Fe-smectite formation takes place which is promoted by microbial activity and
cation supply from the interstitial solution, while dissolution of skeletal calcite buffers the pH. (3) The Fe-smec-

tite-to-glauconite reaction is controlled by the composition of the bulk interstitial solution and requires ~10 My
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The mobilization and transport of Al and (in particular) Fe were probable limiting factors for
the advance of glauconitization (Fig. 4.12). Iron and Al are virtually absent from aquatic sys-
tems at seawater pH and at the analyzed pH of the interstitial solutions (Turekian, 1968). One
key mechanism for the mobilization of Fe and Al is the microbial oxidation of biodegradable
(marine) organic matter within the foraminifera tests which is expected to reduce the pH by
the supply of e.g. carboxylic acids (MacKenzie, 2005). At pH < 5 the solubility of FeO-OH
and Al-O-OH notably increases through the dominance of aqueous Fe(OH)*" and Al(H,0)s>"
species in the Fe,O3—Al,03-H,0 system. The occurrence of Fe- and Al-containing organic
aquo-complexes is enhanced under such conditions (€.9. McBride, 1994; Tipping, 2002).

(2) Immediately after the biodegradable marine organic matter was oxidized, the bacterial ac-
tivity decreased, as indicated by the TEM observations (Fig. 4.8), and an oxidation front deve-
loped in the tests of foraminifera (Gaudin et al., 2005). This initiates a local micro-environ-
ment suitable for glauconitization. In the presence of an expanding oxidation front, rapid de-
gradation of Fe- and Al-organic aquo-complexes could take place and Fe*" and AI’" cations
were released temporarily. Accompanied by a constant re-oxidation of Fe*" to Fe*" and rapid
AP’ supply, the formation of gel occurred contemporaneously with direct precipitation from
bacterial biofilm. Subsequently, Fe-smectite formed within the amorphous precursor gels (see
Fig. 4.8), initiated by the continuous cation supply from the surrounding sediment by chemi-
cal diffusion at moderate pH (pH, & pHsw > pHseq) (see Martin-Algarra & Sanchez-Navas,
1995). Charpentier et al. (2011) suggested that ~1-10 ky are required for the quantitative pre-
cipitation of Fe-smectite in deep-sea, low-temperature environments.

(3) The Fe-smectite-to-glauconite reaction was then promoted by diffusion-controlled cation
exchange between the micromilieu and the interstitial solutions (pH, < pHseq; Eh ~ 0 mV),
whereby both the initial sediment and the micro-environment of glauconitization became mo-
dified by several early diagenetic dissolution and replacement reactions, as described above.
As dissolved K, Mg*", and silica are considered to have always been present in the interstitial
solutions (Fig. 4.10), the availability of Fe is suggested to be the most important rate-limiting
factor for glauconitization of the Ivory Coast sediments. As soon as the Fe supply stopped,
e.g. by changes in the pH and Eh conditions within the micro-environment of glauconitiza-
tion the Fe-smectite-to-glauconite reaction stopped as well. Such unsuitable conditions for the
formation of glauconite could occur locally within the same micromilieu such as within one
single foraminifera test, a feature which explains why green grains with varying color, reflec-

ting a divergent state of maturity, are present within the same horizon.
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The physical properties of the sediment such as porosity, permeability, and tortuosity appear
to have been additional key factors for glauconitization, by influencing the interstitial solution
chemistry and its exchange with the micro-environment via diffusion. Changes in the diffu-
sion rate in the micro-environment, especially that of Fe and K, due to the loss of porosity and
connectivity of pore space (Fig. 4.7-c and 4.7-f), may explain why the glauconitization rate
slows down with increasing burial depth and aging of the sediment (Fig. 4.12). A reduced
diffusion rate may also imply that as glauconization progresses the rate of K fixation in GI-S
is relatively enhanced compared to the rate of formation of new Fe-smectite layers which can
explain the logarithmic relationship between increasing %Gl in GI-S and K content (see Fig.
4.11). This feature is probably attributed to the low thermodynamic stability of the Fe-smec-
tite precursors (Gaudin et al., 2005). Thus, the rate of glauconitization does decrease with in-
creasing burial depth and subsequent ageing of the original sediments, and at these low tem-
peratures the process requires ~10 My to complete in the deep-water environment of the ODP

Site 959, compared to < 2 My in a shallow-water setting (Odin & Fullagar, 1988).

4.7 Summary and conclusions

Authigenic, green glauconitic grains, formed in the recent deep-sea environment (~2100 m) of
the ODP Site 959, Ivory Coast — Ghana Marginal Ridge, were studied in order to characterize
the key factors controlling the rate and mechanism of deep-sea glauconite formation at low

temperatures (~3-6°C). The following conclusions were reached:

(1) Glauconitization occurred mainly in calcareous, planktonic, and benthic foraminifera tests.
These semi-confined, organic-rich micro-environments provided the post-depositional condit-

ions suitable for glauconitization.

(2) XRD, TEM, and FIB-SEM results of the unaltered light green grains from 0.16 mbsf re-
vealed Fe-smectites as the precursor phases for glauconite formation. The Fe-smectites were
formed by direct precipitation from amorphous gels containing Fe, Mg, Al, and silica genera-

ted from microbial biofilm with cations supplied by diffusion from interstitial solutions.

(3) During the later stages of early marine diagenesis, the neo-formed Fe-smectites changed
into GI-S and finally into glauconite with no recognizable compositional gaps between the Fe-
smectite and glauconite end members, as identified by combined Sybilla© modeling, XRD,

TEM-EDX, and TEM-SAED analysis.
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(4) The composition of the interstitial solution was influenced heavily by microbial oxidation
of marine organic matter, Fe-redox reactions, and silicate and carbonate mineral weathering,
as indicated by the SEM and hydrochemical results, and all of these early diagenetic alteration

processes were important for maintaining glauconitization within the sediment pile.

(5) The rate of deep-water glauconite formation depended mainly on continuous Fe supply but
due to the low-temperature conditions the rate of reaction was about five times less than that

in shallow-shelf regions.
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Chapter 5

Substantial iron sequestration during green-
clay authigenesis in modern deep-sea sedi-

ments

3.1 Abstract

In much of the global ocean, Fe is a limiting nutrient for marine productivity. The formation
of pyrite has been considered the most important sink of reactive Fe in modern, organic-rich
sediments. However, clay mineral transformations can also lead to long-term sequestration of
Fe during late diagenesis and in hydrothermal settings. Here we present evidence for substan-
tial F sequestration during the early diagenetic formation of ferruginous clay minerals, also
called green-clay authigenesis, in the deep-sea environment of the Ivory Coast—-Ghana Margi-
nal Ridge. Using high-resolution electron microscopic methods and sequential sediment ex-
traction techniques, we demonstrate that Fe uptake by green-clay authigenesis can amount to
76+127 pmol Fe-cm™-kyr', which is on average six times higher than that of pyrite in sub-
oxic subsurface sediments 5 m below the seafloor or shallower. Even at depths of 15 m below
the seafloor or greater, rates of Fe burial by green clay and pyrite are almost equal at ~80
umol Fe-em™?-kyr'. We conclude that green-clay formation significantly reduces the pore
water inventory of dissolved Fe in modern and ancient pelagic sediments, which challenges
the long-standing conceptual view that clay mineral diagenesis is of little importance in cur-

rent biogeochemical models of the marine iron cycle.

5.2 Introduction

The redox chemistry and bioavailability of iron plays an important role in many Earth surface
processes (Martin, 1990; Martin et al., 1994; Coale et al., 1996; Blain et al., 2007; Taylor &

Konhauser, 2011; Posth et al., 2014), and has been of major importance in the evolution of
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ocean geochemistry and life forms throughout the geologic record (Poulton et al., 2010;
Taylor & Macquaker, 2011; Raiswell & Canfield, 2012; Kohler et al., 2013). Advances in the
study of iron biogeochemistry over the past three decades have greatly improved our under-
standing of fluxes in the marine iron cycle, with the recognition of multiple Fe sources and
sinks (Berner, 1969; Canfield, 1989; Raiswell & Canfield, 1998; Poulton & Raiswell, 2002;
Elrod et al., 2004; Jickells et al., 2005; Raiswell et al., 2006; Cassar et al., 2007; Homoky et
al., 2013). Such studies reveal highly complex linkages between modern ocean geochemistry,
biological response, and the mineralogy and composition of marine sediments (Raiswell &
Canfield, 2012; Johnson et al., 2003; Boyd & Ellwood, 2010; Cumming et al., 2013).

A number of numerical reservoir-flux and ocean circulation models have attempted to quan-
tify the mass balance relationships in the global iron cycle on the basis of fluxes in the conti-
nental solid-phase Fe input, its concentration in seawater, and in oceanic sediments (Poulton
& Raiswell, 2002; Johnson et al., 2003; Parekh et al., 2004). Since the oxygenation of the
deep ocean in the late Neoproterozoic, ocean basins generally contain dissolved Fe in trace
level concentrations (e.g. Canfield et al., 2007). Fluxes in the ancient marine iron cycle have
therefore been reconstructed on the basis of the sequential extraction and subsequent quantify-
cation of multiple Fe mineral reservoirs recorded in sedimentary archives, assuming steady
state between continental Fe sources and marine sediment sinks (e.g. Canfield et al., 1993;
Poulton & Raiswell, 2005; Raiswell et al., 2006; Raiswell & Canfield, 2012). In present bio-
geochemically coupled ocean circulation models, the fluxes in the modern marine iron cycle
are routinely estimated using in situ measured rates of dissolved Fe release from the seafloor,
which indirectly account for the bulk of all Fe mineral sources and sinks (Elrod et al., 2004;
Boyd & Ellwood, 2010; Severmann et al., 2010; Homoky et al., 2011; John et al., 2012;
Homoky et al., 2013; Dale et al., 2015). Today, the main fraction of continental Fe input into
the oceans is attributed to (nano)particulate Fe-(oxy)hydroxides (Raiswell, 2011). In anoxic
pore waters, such as in the Black Sea and the Orca Basin, Fe-sulfide formation occurs fol-
lowing reductive dissolution of highly labile Fe-(oxy)hydroxides, and is considered to be the
most important sink of reactive Fe in modern, organic-rich sediments (Canfield et al., 1993;
Passier et al., 1997; Raiswell & Canfield, 1998; Raiswell & Canfield, 2012).

Clay mineral transformations are now also being considered as key sources and sinks within
the marine iron cycle. For example, the early diagenetic release of smectite nano-particles
bearing Fe(IIl) can provide an intermediary source of dissolved Fe to some deep-ocean waters
(e.g. Homoky et al., 2011). There is also growing evidence for significant transformation of

highly reactive (unsulfidized) Fe to clay mineral sinks during late diagenesis (Poulton et al.,
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2010) and in hydrothermal settings (Chester, 2000). The rate of Fe sequestration by green-
clay authigenesis, however, has been overlooked as a central factor controlling the burial of
Fe in pelagic sediments of modern and ancient oceans.

At ODP Site 959 (Fig. 5.1-A), on the Ivory Coast — Ghana Marginal Ridge (eastern equatorial
Atlantic Ocean), the majority of the highly reactive solid-phase Fe input is directly utilized
during green-clay authigenesis to form Fe(IIl)-smectite, mixed-layered glauconite-smectite
(GI-S), and finally glauconite minerals (Baldermann et al., 2013). The availability of reactive
Fe in suboxic near-subsurface sediments is therefore suggested to be the most important rate-
determining factor for the also-called glauconitization reaction (Baldermann et al., 2013),
albeit no attempt has been made so far to quantify the rate of Fe burial attributed to this authi-
genic green-clay sink (Dale et al., 2015). For the first time, we present rates of Fe sequestra-
tion related to early diagenetic green-clay formation versus pyrite precipitation. Our results
suggest that Fe uptake during green-clay authigenesis significantly lowers the efficiency of

benthic Fe redox (re)cycling in modern and ancient sediments.
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Fig. 5.1: Appearance and evolution of Fe-bearing, authigenic green-clay minerals in the Ivory Coast deep-sea
sediments (ODP Site 959). A) Location map of ODP Hole 959C on the Ivory Coast — Ghana Marginal Ridge. B-
C) Light microscopy images of immature (smectite-rich), light green grains from 0.16 mbsf (B) and of evolved
(glauconite-rich), medium to dark green grains from 24.91 mbsf (C). The changes in the color and in the matu-
rity of the green grains downwards in the sedimentary pile are due to a significant uptake of dissolved Fe from

pore waters.
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5.3 Methods

5.3.1 Materials and sampling strategy

During ODP Leg 159 in 1996, Hole 959C (latitude: 3°37.6690 N, longitude: 2°44.1160 W)
was drilled on a small plateau on the northern flank of the Ivory Coast-Ghana Marginal Ridge
in a water depth of 2100 m and 3°C seawater temperature. Cores from this site are of parti-
cular interest, because of their slow and continuous sedimentation rates (1-2 cm-kyr™") from at
least the Miocene to the Holocene. Sediments from Hole 959C are thus ideal for high-resolu-
tion and long-scale reconstruction of the fluxes in the marine iron cycle. Sediment volumes of
~30 cm® (21 samples in total) were taken from the top 25 m of ODP Hole 959C, from the core
which is stored at the Bremen Core Repository (BCR), using sediment sample slices (4 cm
long, 3 cm wide and 4 cm thick). The sampled section covers a sedimentary sequence from
the Early Holocene (0.16 mbsf, ~0.01 Myr ago) to the Late Pliocene (24.91 mbsf, ~2.5 Myr
ago). Rietveld-based mineral quantification of powder XRD patterns obtained from bulk sedi-
ment samples, as well as from the separated < 32 um and < 5 pum size fractions, reveals that
secondary gypsum, if present, occurs only in trace amounts (< 0.1 wt.% from 0.16-20.71 mbsf
and ~0.2 wt.% at 24.91 mbsf), suggesting insignificant pyrite of oxidation occurred during

storage at the BCR. The bulk mineralogy of samples is reported in SI Table 5.1.

5.3.2 Separation and characterization of the authigenic green clay mineral fraction

The authigenic green grain fraction was determined on an aliquot of air-dried sediment after
collection using a 32 pm sieve and following dissolution of carbonate content with 10% acetic
acid for 1 h. The amount of green grains was then calculated by weighing the carbonate-free
size fraction coarser than 32 um after subtraction of the radiolarian, pyrite and quartz content
of <5 wt.%. The dominance of glauconite minerals in the > 32 um size fraction (> 95 wt.%)
and their absence in the < 32 pm size fraction (detection limit < 3 wt.%) was controlled by
quantitative X-ray diffraction analysis. However, owing to the poor crystalline nature and the
geochemical and mineralogical heterogeneity of mixed-layered GI-S phases, the accuracy of
the estimated green-clay mineral content is £5%.

To study the burial diagenetic uptake of Fe by glauconitization (Fegs), ~50 mg of the green
grains were separated by hand-picking under a binocular microscope from the pale to light
green, the medium green and the dark green grain sub-fractions of samples taken at 0.16 mbsf
(10 kyr), 11.69 mbst (900 kyr) and 24.91 mbsf (2500 kyr). The chemical composition of clay

mineral particles in the separated green grain sub-fractions was determined by energy-disper-
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sive X-ray spectroscopy (EDX) using a Jeol JEM 1210 transmission electron microscope
equipped with an Oxford Instruments Pentafel Link-Model 6635 detector at Greifswald Uni-
versity. TEM-EDX analyses were performed on single clay mineral particles using an acce-
lerating voltage of 200 kV and 10 s count time to reduce element migration and loss. The
standard deviations were < 30% for Na, K and Ca, < 10-15% for Al and Mg, and < 5% for Si
and Fe analysis, which is equivalent to an analytical error of < 2 wt.% for the above elements.
The chemical compositions and calculated structural formulae of clay mineral particles in the
collected green grain sub-fractions are reported in Baldermann et al. (2013).

High-resolution TEM lattice fringe images were collected parallel to the (001)-plane of the
clay minerals using a FEI Tecnai F20 instrument operated at 200 kV accelerating voltage and
fitted with a Schottky field emitter, a Gatan imaging filter, and an UltraScan CCD camera
(Graz University of Technology). For further calculation of the Fe(Il)/Fe(Ill) ratios in the
green-clay sub-fractions, electron energy-loss spectroscopy (EELS) data were recorded in the
TEM mode of the microscope using a convergence semi-angle of 6.06 mrad, a semi-angle of
11.9 mrad, 200 kV accelerating voltage, and an acquisition time of 100 s. The energy resolu-
tion was determined to be 0.5 eV at the full-width at half-maximum of the zero-loss peak.
Background subtraction of the EELS spectra was realized using an inverse power-law func-
tion, which was extrapolated from the O K pre-edge region. The intensity ratio of the Fe Ls
and L, lines was then calculated by integration over the 708.5-710.5 eV and 719.7-721.7 eV
ranges, and the Fe(II)/Fe(IIl) ratio calculated using the integral Fe L, 3-edge white-line inten-
sity ratio as a function of the Fe*'/SFe, as reported in van Aken et al. (1998) and Baldermann
et al. (2014). Based on the combination of EDX and EELS data, the chemical compositions
and structural formulae of the authigenic clay mineral particles, reported in Baldermann et al.

(2013), have been corrected for the Fe(II)/Fe(IIl) ratios and are shown in SI Table 5.2.

5.3.3 Bulk and sequential sediment extraction techniques

The fraction of Fe originally present as pyrite (Fepy) was estimated on the basis of the total
sulfur (Sit) contents of bulk sediment samples, which were obtained by elemental analysis
after combustion in a CE Instruments EA 110 CHN elemental analyzer (Leibniz Institute for
Baltic Sea Research, Warnemiinde). A range of in-house standards was run at the beginning
and at the end of the sulfur measurements and the analytical error was determined to be < 5%
for St analyses.

Air-dried bulk sediment samples were subjected to a two-stage extraction procedure to deter-

mine the proportion of Fe attributed to highly reactive Fe-(oxy)hydroxides and poorly reac-
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tive silicate phases, using the sequential sediment extraction procedure of Poulton & Raiswell
(2005). The fraction of Fe present in amorphous and crystalline Fe-(oxy)hydroxides (Fep),
such as goethite, ferrihydrite, lepidocrocite and hematite (with the exception of magnetite), is
highly reactive towards dissolved sulfide and was solubilized in a citrate-buffered sodium di-
thionite solution (pH=4.8) for 2 h. The boiling 12 N HCI extraction technique was then used
to remove Fe, which reacts only slowly with dissolved sulfide (Fey). This technique addition-
nally extracts the dithionite-extractable minerals, magnetite, and partly attacks sheet silicates.
Thus, Fey-Fep-Feg.s represents a poorly reactive Fe fraction that is attributed to detrital clay
minerals bearing Fe(IIl) (Fepc) — that is illite, smectite, and chlorite. The extracted Fe concen-
trations were analyzed with a PerkinElmer Optima 4300 DV ICP-OES at Graz University of
Technology. Fe measurements of replicate extractions (n=4) of the Toronto Harbour sediment
standard TH-2 were within +3% of the certified value. Finally, the total Fe,Os content of bulk
sediment samples (Fer) was measured by wavelength-dispersive X-ray fluorescence (XRF)
spectroscopy using a Philips PW2404 X-ray spectrometer (Graz University of Technology).
Tablets were run together with a range of USGS standards, and the analytical error was deter-
mined to be < 4% for the major elements, including Fe.

Fer can be used to estimate the remaining fraction of Fe that is bound in silicates, and this Fe
fraction is considered to be unreactive towards dissolved sulfide (Fey). Here, the difference
between Fer and Feuyr + Fepy + Fegis + Fepc yielded AFe values from -0.1 to +0.2 wt.%,
which is equivalent to a total Fe mass balance error of +2%, on average. This observation in-
dicates that the analytical approach used in this study is suitable to determine the proportions
of Fe present in multiple-mineral sources and sinks to a high degree of accuracy. Hence, va-
riations in the abundances of Feur, Fepy, Fegi.s and Fepc, relative to Fer, should reflect early
diagenetic mass transfer of Fe within the sedimentary column. The solid-phase speciation data
of detrital (Fep and Fepc) versus authigenic (Fegs and Fepy) ferruginous mineral phases for
ODP Hole 959C are reported in SI Table 5.3, and calculated Fe supply and Fe sequestration
rates are provided in SI Table 5.4.

5.4 Results

5.4.1 The glauconitization process

The near-surface sediments (< 3 mbsf) of the Ivory Coast — Ghana Marginal Ridge that are
rich in foraminifera tests show mostly light green-clay infillings (0.9-6.0 wt.% with an aver-

age of 2.5 wt.%) related to glauconitization (Fig. 5.1-B). Medium to dark green grains domi-
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nate in the more deeply buried sediments below 5 mbsf (Fig. 5.1-C), and occur together with
late diagenetic pyrite overgrowths (see SI Table 5.1 for bulk mineralogy). High-resolution
TEM lattice fringe images of light green clay matter from 0.16 mbsf show the predominance
of immature Fe(IlI)-smectite and smectite-rich GI-S phases, with an average smectite lattice
thickness of 1.3 nm (Fig. 5.2-A). Abundant glauconite layers each 1.0 nm thick occur within
more mature GI-S phases and pure glauconite grains (Fig. 5.2-B) that dominate between 11.69

mbsf and 24.91 mbsf depth.
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Fig. 5.2: Reaction mechanism and Fe uptake during green-clay authigenesis. A-B) High-resolution TEM lattice
fringe images and fast Fourier transform (FFT) patterns of original Fe-smectite (Fe-Smc) particles (A) that are
subsequently transformed into glauconite-smectite (GI-S) particles (B) with the increasing state of burial diage-
nesis. [ = glauconite layers; S = smectite layers. C) Chemical composition of authigenic Fe-Smc and GI-S, with
notably more Fe and K in GI-S. D) Electron energy-loss spectroscopy data and calculated Fe(II)/Fey, ratios of
Fe-Smc and GI-S, exhibiting a significant increase in the Fe(II) content by ~133% as glauconitization progresses.

Hematite (Fe,O;) and wiistite (FeO) are standards.
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Recent work on deep-water glauconitization of foraminifera tests suggests that Fe(IIl)-smec-
tite forms close to the sediment-seawater interface within less than 10 kyr by crystallization
from Fe-Mg-Al-silica-rich precursor gels present in bacteria-produced biofilms (€.g. Charpen-
tier et al., 2011; Baldermann et al., 2013). The burial diagenetic Fe(Ill)-smectite to glauconite
reaction is driven by continuous cation supply from surrounding slightly alkaline and redu-
cing pore waters, with the essential Fe’" (and K*) ions being delivered by microbial-mediated
reductive dissolution of highly labile Fe-(oxy)hydroxides and progressive alteration of K-rich,
detrital silicates and carbonate minerals (Baldermann et al., 2013).

Accordingly, quantitative geochemical analysis of the green-clay fraction collected at various
depths beneath the sediment-seawater interface show compositions ranging from pure Fe(III)-
smectite to GI-S, with notably more K and Fe but less Al in glauconitic GI-S (Figs 5.2-C and
5.2-D). A strong Fe(II) increase of ~133% and a moderate total Fe(II+I1I) gain of ~8% is evi-
dent with the advancing states of green-clay maturity (see SI Table 5.2 for chemical composi-
tion data). The availability and the concentration of Fe*™ ions in the interstitial solutions, and
hence the extent of Fe(Il) incorporation through the entire Fe(IIl)-smectite to glauconite reac-
tion, is therefore expected to be a key factor that controls the rate of Fe sequestration during
deep-water glauconitization. These observations explain both the occurrence of more glauco-
nite layers in GI-S phases with ageing of the sediment and the depth-dependent greening of
the grain color with elevated Fe(Il) contents. Moreover, these findings are suggestive of an

authigenic origin for the green-clay infillings (Baldermann et al., 2013).

5.4.2 Distribution of solid-phase iron present in detrital vs. authigenic sources

The detrital Fe(IlI)-bearing clay mineral fraction (Fepc) of illite, chlorite, and smectite show
no significant vertical changes, relative to the bulk sediment Fe content, Fer (Fepc/Fer = 0.11
+ 0.08), indicating a constant background sedimentation at ODP Site 959 and a poorly reac-
tive nature of Fepc during diagenesis. Indeed, a significant decrease of ~58% of the labile Fe-
(oxy)hydroxide fraction, Fep, was observed downwards in the sedimentary column (Fig. 5.3-
A and SI Table 5.3), which is equivalent to a reduction of the Fep/Fer ratio from 0.80 to 0.34
(Fig. 5.3-B). Reductive dissolution of Fep is facilitated under the suboxic conditions at this
site (Mascle et al., 1996), and this reaction supplied the majority of Fe*" ions to the pore water
that are required for the early diagenetic glauconitization and late diagenetic pyritization (Fig.
5.3-D). Accordingly, a slight depth-dependent increase in the proportion the green-clay infil-
lings (2.5 wt.% on average), Fegrs, and, more noticeably, of pyrite (0.2 to 2.5 wt.%), Fepy,

was recognized to occur with burial (Fig. 5.3-A). These variations reflect vertical changes in
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the Fegi.s/Fer ratio from 0.06 to 0.47 (0.16 on average) and from 0.01 to 0.25 for Fepy/Fer
(Figs 5.3-A and 5.3-B). In the sediment top layers (< Smbsf), Fe uptake related to green-clay
authigenesis is thus three to seven times (in one case up to 37 times) higher than that of pyrite
formation. At greater depths (> 15 mbsf), pyritization becomes more important, but ~50% of

net Fe sequestration is still attributed to glauconitization (Fig. 5.3-C).
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Fig. 5.3: Composition, distribution and spatial evolution of solid-phase Fe at ODP Site 959. A) Depth profiles for
Fe-(oxy)hydroxides (Fep), detrital clays (Fepc), authigenic green grains (Feg,.s), and pyrite (Fepy). The Feg.s and
Fepy data are from Baldermann et al. (2013). The range of the bulk sediment Fe,O; contents, Fer, is indicated by
the grey box. B) Spatial variations in the solid-phase Fe speciation within the sedimentary column. C) Ratio of
Fe sequestration related to glauconitization versus pyritization. D) Dissolved Fe concentration in seawater (grey

square) and local pore waters (white squares, data from Mascle et al., 1996).
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5.5 Discussion

5.5.1 Rate of iron supply and iron sequestration at ODP Site 959

Our solid-phase Fe speciation data indicates that the continental Fe input is attributed to Fep
and subordinate Fepc sources (Figs 5.3-A and 5.3-B), which have been delivered by wet and
dry deposition of Saharan dust and recycling of coastal sediments (Giresse et al., 1998). Con-
sidering no significant changes in the source and mineralogy of solid-phase Fe input occurred
during the past 2.5 Myr (Giresse et al., 1998) and low but linear sedimentation rates (Wagner,
1998), the bulk accumulation rate of solid-phase Fe (ARg.) at this site (Fig. 5.4) ranged from
287 to 783 pmol Fe-cm™-kyr" (459 pmol Fe-cm™kyr' on average), calculated on the basis
of Fer (SI Table 5.4). The estimated ARp. is~2.6 to 4.3 times higher than that of open-ocean
North Pacific sediments, but is in the range of AR, observed in modern, circum-equatorial
Pacific sediments (200-900 pmol Fe-cm™kyr") and in Atlantic Ocean deep-sea sediments
(Chester, 2000). As a first approximation, aeolian Fe inputs ranged from ~90 to 197 umol Fe-
cm > kyr”, which is equivalent to ~25 to 31% of ARg., using deposition rates of atmospheric
dust for western equatorial Africa (Jickells et al., 2005) from 5 to 10 g'rm™'yr' and a Fep
content of Saharan dust of 1.08 + 0.15 wt.% (Poulton & Raiswell, 2005). About 75 to 69% of
ARpe is therefore expected to be supplied from resuspended shelf sediments and by coastal
upwelling. These rate estimates may be biased towards changes in the deposition rates of
Saharan dust and any other sources of particulate iron — for example, surface runoff. The
accumulation rate estimates also ignore minor fractional uptake of Fe by phytoplankton in the
photic zone (e.g. Johnson et al., 1994; Jickells et al., 2005; Cassar et al., 2007; Boyd &
Ellwood, 2010). How-ever, owing to the low organic carbon accumulation rates of ~10 pg
C-cm™?-kyr' and the oxi-dizing pore water conditions in the near-subsurface layers of the
Ivory Coast sediments, ARp. should reflect mainly initial Fep and Fepc deposition (e.g.
Giresse et al., 1998; Jickells et al., 2005).

At < 5 mbsf (Fig. 5.4), Fep ranged from 225 to 485 umol Fe-cm™-kyr™, but it decreased with
burial down to 179 pmol Fe-cm™kyr' at 24.91 mbsf owing to ongoing reductive dissolution
of Fep under the given redox conditions. In contrast, Fepc delivery remained constant at 51 +
30 pmol Fe~cm’2~kyr'1 within the top 25 m of sediments. Microbial reduction of highly labile
Fep during early diagenesis provides a secondary pool of dissolved Fe that is required for
glauconitization, as reflected by the syngenetic formation of Fe(IIl)-smectite and smectite-rich
GI-S phases (Figs 5.2-A and 5.3-D). Under the initial sulfide-depleted conditions in the Ivory

Coast pore waters, pyrite precipitation is ineffective and accounted only for 2 to 29 pmol

123



Fe-cm™ kyr', which is in the narrow range of the global burial rate of Fe associated with
pyrite in near-surface, organic-poor deep-sea sediments (~30 pmol Fe-cm™-kyr'; Berner,
1982). Hence, in the top 5 m of sediment, Fe sequestration during green-clay authigenesis (23
to 204 pmol Fe-cm™ kyr' with an average rate of 76 pmol Fe-cm™kyr™) is on average six
times faster than pyritization. During advanced stages of diagenesis, microbial heterotrophic
and abiotic sulfate reduction results in elevated pore water sulfide concentrations, as recorded
by late diagenetic pyrite overgrowths that occur together with evolved GI-S phases and pure
glauconite minerals (Figs 5.2-B and 5.3-A). Thus, between 5 and 15 mbsf, pyritization pro-
gresssively becomes more important (36 pmol Fe-cm™-kyr), but even at depth (> 15 mbsf)
there is almost a 50% distribution between Fe uptake by green-clay (80 pumol Fe-cm™-kyr™)
versus pyrite (81 pmol Fe-cm™-kyr™).
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Fig. 5.4: Schematic model illustrating the marine, sedimentary iron cycle at ODP Site 959. The bulk accumula-
tion rate of solid phase Fe, AR, represents the Fe input from continental source areas. The rates of Fe sequestra-
tion for the top 5 m of deep-sea sediment include the contribution of authigenic green glauconitic grains (Feg.s),
pyrite (Fepy), detrital clay minerals (Fepc) and Fe-(oxy)hydroxides (Fep) to the sedimentary Fe budget. All rates

are given in pmol Fe-cm™ kyr™.
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5.5.2 Green-clay authigenesis as an ignored iron sink

Up to now, authigenic glauconite minerals are commonly assumed to be widely absent both in
modern and ancient deep-sea sediments, or to occur in small quantities (< 1-2 wt.%; Logvi-
nenko, 1982; Raiswell & Canfield, 2012;). Moreover, in suboxic and euxinic environments,
the establishment of sulfide-dominated pore waters inhibits green-clay authigenesis by the uti-
lization of pore water Fe*" during the formation of Fe-sulfides (Passier et al., 1997; Raiswell
& Canfield, 1998; Poulton et al., 2004). However, recent studies on the formation and distri-
bution of green-clay both in modern and ancient ocean floor sediments have shown that glau-
conitization is a globally occurring phenomenon. Although glauconite minerals are not distri-
buted homogeneously in deep-sea sediments, the green-clay fraction often accounts for about
1-10 wt.% (2-3 wt.% on average) of calcareous, fossiliferous sediments, such as those repor-
ted from the Iberian Coast, the Gulf of Guinea, the Kerguelen Plateau, the Mediterranean Sea,
and the western margin of South Africa (e.g. Odin, 1988; Giresse et al., 2004; Wigley &
Compton, 2007; Baldermann et al., 2013). These green-clay forming environments are cha-
racterized by a prolonged residence time at the sediment-seawater interface, and sufficient
ionic exchange of Fe*" and K between surrounding pore fluids and the micro-environment
and precursor mineral phases from which the ferruginous green-clay forms. Even higher en-
richments of authigenic green-clay — namely, 1-5 up to 30 wt.% of smectite bearing Fe(II) and
Fe(III) — have been reported from hydrothermal muddy sediments of the Galapagos spreading
centre, the Mid-Atlantic Ridge, the Crozet Island Archipelago, the Costa Rica Margin, the
Pacific-Antarctic Ridge, and the Chile Ridge (e.g. Thompson et al., 1985; Buatier et al., 1989;
Charpentier et al., 2011; Cuadros et al., 2011; Homoky et al., 2011). At these mid-ocean ridge
sites, the rate of Fe sequestration related to green-clay authigenesis can locally easily exceed
1000 pmol Fe-em™-kyr™ (Chester, 2000). In contrast to these spatially restricted hydrothermal
Fe-clay deposits, which have already been considered as a minor component of global oceanic
Fe sinks (Chester, 2000), the importance of ultimate Fe uptake during the more widespread
glauconitization has been overlooked, and thus its role as an important sink of Fe in modern

and ancient pelagic sediments is still ignored.

5.6 Summary and conclusions

At ODP Site 959, the rate of Fe sequestration attributed to glauconitization is nearly constant
and elevated throughout the uppermost 25 m of sediment (~80 pmol Fe-cm™-kyr™), and hence

must be viewed as an important variable in the sedimentary iron budget, in particular when
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the accompanying rate of pyrite formation is low. The latter feature leads us to suggest that Fe
uptake by authigenic clay minerals was much more important on a global scale during periods
of the ancient Earth (for example, in the Neoproterozoic, in the Cambrian and from the Late
Jurassic to Early Cretaceous) when the seawater sulfate concentration was low (Canfield et
al., 2007; Poulton et al., 2010; Raiswell et al., 2011; Cumming et al., 2013). Certainly, there
are other removal mechanisms for Fe in the ocean, such as oxidation and scavenging, which
operate onmuch shorter timescales and thus provide the first-order controls for the benthic Fe
fluxes measured in the modern ocean (Dale et al., 2015). Considering, however, that green-
clay authigenesis can locally at least double the removal rate of dissolved Fe in near-subsur-
face pore waters compared to the burial rate of pyrite alone, it seems to be an important over-
looked mechanism for reducing the pore water inventory of Fe*" ions, although counted in
numerical models (Elrod et al., 2004; Boyd & Ellwood, 2010; Dale et al., 2015), that might
otherwise be available for supply to the deep ocean. Owing to the present uncertainty on ben-
thic dissolved Fe fluxes derived from deep-sea sediments, and the poorly understood nature of
the iron budget in terms of Fe removal pathways (Dale et al., 2015), we call for a change in
the long-standing conceptual view that ferruginous clay minerals formed during early diage-
nesis are of minor significance in the marine sedimentary iron cycle. Given the vast expanse
of the deep-ocean basins, and the extensive occurrence of ferruginous clay minerals in ocean
floor sediments, improving estimates of benthic Fe sequestration by green-clay is essential to
improve our present mechanistic understanding and quantification of early diagenetic mineral
reactions at the sediment-seawater interface. We conclude that, at the Ivory Coast — Ghana
Marginal Ridge, green-clay authigenesis does constitute the primary mechanism of ultimate
Fe sequestration and burial in this deep-water environment, and thus represents a significant
authigenic sink for Fe that should be considered in both numerical and conceptual models of

the past and present marine iron cycle.

5.7 Appendix chapter 5

The supplementary information to the article “Substantial iron sequestration during green-clay
authigenesis in modern deep-sea sediments” by A. Baldermann, L.N. Warr, 1. Letofsky-Papst

& V. Mavromatis are provided in the SI Tables 5.1 to 5.4.
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SI Table 1: Bulk mineralogy of ODP Hole 959C. Data marked with asterisk are from Baldermann et al. (2013).
Mineral abbreviations: Glt = authigenic green grains (glauconite); Py = pyrite; Fh = Fe-(oxy)hydroxides; Chl =
chlorite; I1t = illite; Mnt = montmorillonite; Cal = calcite; Kln = kaolinite; Fsp = feldspar (orthoclase and albite);

Qz = quartz; Ant = anatase.

Core Section Depth |GIt* Py* Fh Chl* IIt* Mnt* Cal* Kin* Fsp* Qz* Ant* SUM

(mbsf) |wt.% wt.% wt.% wt.% wt.% wt.% wt.% wt.% wt.% wt.% wt.% wt.%
CIH1 14-18 0.16 1.3 02 3.6 3 4 2 34 30 7 14 0.5 100
ClH1 81-85 0.83 [ 45 0.1 29 2 2 2 45 23 6 12 04 100
ClH1 101-103 1.02 1.6 03 2.8 2 2 2 50 23 6 10 0.4 100
CIH1 130-134 1.32 1.1 02 38 2 3 2 37 29 7 14 0.5 100
ClH2 18-22 1.70 | 3.0 0.3 2.9 2 2 2 46 23 6 12 04 100
C2H1 68-76 302 | 46 04 29 2 3 2 46 22 6 11 0.4 100
C2H2 119-123 5.01 1.2 08 25 1 3 3 41 27 7 13 04 100
C2H5 71-75 9.03 1.4 09 23 3 4 3 29 32 7 17 0.5 100
C2H6 41-45 1023 | 25 0.7 2.6 2 4 3 26 33 8 18 0.5 100
C2H6 80-84 1062 | 1.4 05 24 2 4 4 32 30 6 17 0.5 100
C2H6 99-103 1081 | 1.4 0.7 2.0 3 5 4 36 29 5 13 04 100
C2H6 119-123 11.01 | 2.8 0.8 2.7 2 4 5 25 34 6 17 0.6 100
C2H7 3-7 1135114 08 27 2 4 3 31 31 5 19 0.5 100
C2H7 17-21 1149 23 1.1 24 2 4 3 32 31 4 18 0.5 100
C2H7 37-41 11.69 | 35 0.7 2.1 2 5 5 28 33 4 16 0.5 100
C2H7 57-61 11.89 ] 6.0 08 1.3 1 3 3 41 26 5 12 04 100
C3H1 59-63 1241 ] 3.1 09 2.1 2 4 5 28 32 4 18 0.5 100
C3H4 4-8 1636 | 1.0 1.1 2.0 3 4 2 42 26 3 15 04 100
C3H5 42-46 1824109 09 2.1 2 3 3 53 21 3 1103 100
C3H6 139-143 20.71 | 2.0 1.2 1.6 2 3 2 49 24 4 11 04 100
C4H3 59-63 2491 | 48 25 14 1 2 3 41 29 3 12 04 100

SI Table 2: Chemical compositions and structural formulae of authigenic clay minerals from various green grain
sub-fractions separated from 0.16, 11.69 and 24.91 mbsf of ODP Hole 959C. The TEM-EDX data (Baldermann
et al., 2013) were combined with the TEM-EELS spectra to calculate the Fe(II)/Fe,y ratios.

Depth 0.16 mbsf 11.69 mbsf 24.91 mbsf

Green grain sub-fraction light medium dark light medium dark light medium dark
Particles analysed (n) 32 36 30 36 34 38 39 43 44
Fe(ID/Fe 0.12 0.14 0.03* 0.18 0.23 0.23 0.21 0.24 0.25

Averaged chemical composition in wt.% based on TEM-EDX

MgO 4.0 3.7 4.2 3.8 4.1 4.2 4.4 4.4 4.2

AlO, 7.6 7.1 7.3 7.5 6.5 52 7.1 6.1 5.2

Sio, 61.1 61.1 59.1 61.2 59.8 58.5 60.0 58.8 58.2
K,0 2.2 2.6 4.6 1.8 3.1 43 2.9 4.3 5.4

FeO 2.7 3.4 0.7 4.4 5.6 6.0 5.1 6.1 6.3

Fe,0, 22.0 21.6 233 20.5 20.1 21.4 20.0 19.9 20.3
CaO 0.4 0.5 0.8 0.8 0.8 0.4 0.5 0.4 0.4

Total 100.0 100.0 100.0 100.0 100.0 100.0 100.0 100.0 100.0
Atoms per formula unit (a.p.f.u.) based on O, OH),

VAL 0.06 0.04 0.13 0.04 0.07 0.09 0.08 0.10 0.09
VSi 3.94 3.96 3.87 3.96 3.93 3.91 3.92 3.90 3.91

Tetrahedral charge -0.06 -0.04 -0.13 -0.04 -0.07 -0.09 -0.08 -0.10 -0.09
VIAL 0.52 0.50 0.43 0.53 0.43 0.31 0.47 0.38 0.32
ViFe(11) 0.15 0.18 0.04 0.24 0.31 0.33 0.28 0.34 0.35
ViFe(1IT) 1.07 1.05 1.15 1.00 0.99 1.08 0.99 0.99 1.03
ViMg 0.38 0.36 0.41 0.37 0.40 0.42 0.43 0.44 0.42
Y Vications 2.12 2.09 2.03 2.14 2.13 2.14 2.17 2.15 2.12
Octahedral charge -0.17 -0.27 -0.36 -0.19 -0.32 -0.33 -0.20 -0.33 -0.41
K 0.18 0.22 0.38 0.15 0.26 0.37 0.24 0.36 0.46
Ca 0.03 0.03 0.06 0.05 0.06 0.03 0.03 0.03 0.03
Interlayer charge 0.24 0.28 0.50 0.25 0.38 0.43 0.30 0.42 0.52
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SI Table 3: Solid-phase Fe speciation data for detrital (Fep and Fepc) and authigenic (Feg..s and Fepy) ferruginous
mineral phases of ODP Hole 959C. Abbreviations: Fer = bulk sediment Fe content; *Fep, = dithionite-extrac-
table Fe (i.e. Fe-(oxy)hydroxides); *Feg.s = fraction of Fe attributed to authigenic green grains; ‘F epy = fraction
of Fe originally present as pyrite; *Fepc = boiling HCl-extractable Fe (i.e. detrital clay minerals); *AFe = differ-

1 2-
ence between ' and the sum of >*; ’AFe = Fe mass balance error.

Core Section Depth Fe Fe,, 3Fe . 4Fe],y SFe SAFe 7AFe
[mbsf] [Wt.%] [Wt.%] [Wt.%] [Wt.%] [Wt.%] [Wt.%] [%]
CIHI 14-18 0.16 3.0 2.4 0.2 0.1 0.3 0.0 0
C1H1 81-85 0.83 2.8 1.9 0.8 0.0 0.2 -0.1 -3
CIHI1 101-103 1.02 2.4 1.9 0.3 0.1 0.2 0.0 -1
C1H1 130-134 1.32 3.1 2.5 0.2 0.1 0.3 0.1 1
CIH2 18-22 1.7 2.8 1.9 0.5 0.1 0.2 0.0 1
C2H1 68-76 3.02 3.0 1.9 0.8 0.1 0.2 0.0 1
C2H2 119-123 5.01 2.2 1.6 0.2 0.2 0.2 -0.1 -3
C2HS5 71-75 9.03 2.3 1.5 0.2 0.2 0.3 0.0 1
C2H6 41-45 10.23 2.8 1.7 0.4 0.2 0.3 0.2 5
C2H6 80-84 10.62 2.4 1.6 0.2 0.1 0.3 0.0 1
C2H6 99-103 10.81 2.2 1.3 0.2 0.2 0.4 0.0 0
C2H6 119-123 11.01 3.1 1.8 0.5 0.2 0.4 0.2 5
C2H7 3-7 11.35 2.8 1.8 0.2 0.2 0.3 0.2 5
C2H7 17-21 11.49 2.8 1.6 0.4 0.3 0.3 0.2 5
C2H7 37-41 11.69 2.7 1.4 0.6 0.2 0.4 0.1 3
C2H7 57-61 11.89 2.2 0.9 1.0 0.2 0.2 -0.1 -4
C3Hl1 59-63 12.41 2.6 1.4 0.5 0.2 0.4 0.0 1
C3H4 4-8 16.36 2.3 1.3 0.2 0.3 0.3 0.1 4
C3H5 42-46 18.24 2.2 1.4 0.2 0.2 0.3 0.2 5
C3H6 139-143 20.71 2.2 1.1 0.3 0.3 0.3 0.2 6
C4H3 59-63 2491 2.6 0.9 0.8 0.7 0.2 0.0 0

SI Table 4: Rates of Fe supply and Fe sequestration for ODP Hole 959C. The bulk sediment accumulation rates
(ARsq in g-em™-ky™) are reported in Wagner (1998). The accumulation rates of solid phase Fe (AR, in pmoles
Fe~cm’2'ky'l) have been calculated for detrital (i.e. Fep and Fepc) and authigenic (i.e. Fegi.s and Fep,) ferruginous

mineral phases. Abbreviations: Feg.s = fraction of Fe attributed to authigenic green glauconitic grains; Fep, =

fraction of Fe originally present as pyrite; Fep = dithionite-extractable Fe (i.e. Fe-(oxy)hydroxides); Fepc

boiling HCl-extractable Fe (i.e. detrital clay minerals).

Core Section Depth *ARgy ARFe ARFe ARFe,, ARFe ARFe . ARFe, JARFe
[mbsf] | [g-em?-ky] pM Fe cm?-ky! pM Fe cm?-ky? pM Fe em?-ky? pM Fe em?2-ky+ pM Fe ecm2-ky* (-)
CIH1 14-18 0.16 0.928 492 36 12 391 51 3
CIHI1 81-85 0.83 0.675 334 91 2 229 22 37
CIHI 101-103 1.02 0.675 287 33 11 225 23 3
CIHI 130-134 1.32 0.675 369 23 7 302 31 3
CIH2 18-22 1.70 0.785 391 72 10 273 28 7
C2H1 68-76 3.02 1.435 783 204 29 485 58 7
C2H2 119-123 5.01 1.498 595 55 59 440 58 1
C2HS5 71-75 9.03 1.092 455 47 44 291 64 1
C2H6 41-45 10.23 1.092 552 85 36 337 55 2
C2H6  80-84 10.62 1.092 463 47 28 312 66 2
C2H6  99-103 10.81 1.092 424 47 37 257 81 1
C2H6  119-123 11.01 0.822 452 71 30 259 59 2
C2H7 3-7 11.35 0.822 412 36 32 266 50 1
C2H7 17-21 11.49 0.822 405 59 42 231 50 1
C2H7 37-41 11.69 0.822 404 89 27 206 61 3
C2H7 57-61 11.89 0.822 328 152 30 130 32 5
C3H1 59-63 12.41 0 0 0 0 0 0 -
C3H4 4-8 16.36 1.436 581 45 76 344 89 1
C3HS  42-46 18.24 1.190 468 33 49 290 69 1
C3H6 139-143  20.71 1.190 465 74 69 231 60 1
C4H3 59-63 24.91 1.113 520 167 131 179 38 1
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Chapter 6

Conclusion remarks and future projects

The present work demonstrates that ferruginous clay mineral reactions — that cover the entire
range from elevated temperatures found at mid-oceanic ridge sites to the low-temperatures of
shallow-shelf and deep-sea environments — can significantly contribute to the fluxes of Fe
measured in modern and ancient marine sediments. An improved understanding of the role of
Fe sequestration and Fe burial attributed to green-clay authigenesis during early diagenesis is
therefore essential for the identification and evaluation of the physicochemical processes and
ambient (paleo)environmental controls linked to the formation and diagenesis of Fe-silicate
minerals. However, up to now the importance of ferruginous clay mineral reactions has been
overlooked as a central factor in the marine (sedimentary) iron cycle, and thus the estimated
global fluxes between continental solid-phase Fe(III) sources and multiple authigenic mineral
sinks for Fe in sediments remain biased towards the underpinned role of green-clays that form
in many low-temperature environments during the early stage of marine diagenetic. The new
models for glauconite mineral formation in shallow-water versus deep-sea sediments, and the
new rates of Fe incorporation during the Fe(Ill)-smectite to glauconite reaction as well as
during the experimental precipitation of ferrous saponite presented here should be considered

in future conceptual and numerical biogeochemical models of the marine iron cycle.

(i) In order to gain a better understanding of the key factors controlling the release of dis-
solved Fe”" to the deep ocean during the weathering of basalt at mid-oceanic ridge sites, new
hydrothermal synthesis experiments are planned at variable molar Fe:Mg:Si ratios and dif-
ferent temperatures. 856Fe, 826Mg, 83OSi, and classical 8'%0 and 8*H isotope analysis of the
reactive fluids and co-precipited ferrous saponite and Fe-(oxy)hydroxides will resolved the

rate of Fe burial related to the mineral sinks vs. the amount of sedimentary Fe redox recycling.

(i1) The remediation of trichloroethylene (TCE)-contaminated soil solutions and groundwater
by injection of nanoscale zero-valent iron (nZVI)-doped slurries containing bentonite has
been recently introduced as an ecologically sustainable countermeasure. In this industrial
project, the rate of TCE reduction and potential modifications of the original bentonite clay

are investigated using batch experiments.
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